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7.06.1 Introduction

Even a cursory historical look at the development of geology

reveals that the cooling of the Earth has always been a central

issue (Birch, 1965; Fourier, 1824; Holmes, 1915; Joly, 1909;

McDonald, 1959; Strutt, 1906; Thomson, 1864; Urey, 1964).

FromHutton’s view that there is no beginning or end to geologic

time to today’s debate onhow far back in timeplate tectonics can

be traced, arguments eventually boil down to statements on our

planet’s thermal evolution. At the time of Fourier and Kelvin, the

Earth’s temperature gradient was estimated to be in the range

20–30 K km�1, close to what we know today after more than six

decades of heat flow measurements on land and at sea. Kelvin

thought that this piece of data would constrain the age of the

Earth and concluded from his famous calculation that the Earth

was probably not much older than 100 My. The failure of

Kelvin’s model has usually been attributed to two assumptions,

namely, that the Earth is cooling by conduction and that there

are no sources of heat inside the Earth. In retrospect, one could

argue that an equally damaging flaw was the inadequate data set

that was available to him. Had Kelvin known that the heat flux

varies by large amounts at the Earth’s surface, he might not have

advocated a simple uniform coolingmodel for the whole planet.

The large lateral variations of heat flux that occur on Earth

provide information on cooling mechanisms and heat sources

that are as important as the global average.

Today, we know that the Earth is not cooling by conduction

only and that the convective motions that drive the oceanic

plates are responsible for a large fraction of its heat loss. We also

know that heat generated by the radioactive decay of U, Th, and

K in silicate rocks accounts for a large fraction of the surface heat

loss. It is fair to state, however, that the Earth’s heat engine

works in ways that still elude us. In this context, it is worth

remembering that we pursue two different goals in studies of

mantle convection. One is to account for its present-day

dynamics and for its role in shaping the Earth’s surface features.

The other goal is to go back in time in order to evaluate how

the rates of geologic processes have changed and to decipher

processes that are no longer active today. Both goals require

a thorough understanding of the Earth’s heat budget, but

each relies on a different set of constraints. The former can be

attained using present-day observations, such as the distribu-

tions of seismic velocities and density at depth. The latter goal
requires knowledge of how the convective regime evolved as the

Earth cooled down and its energy sources ran down. From

another standpoint, the present-day energy budget of the planet

and the distribution of heat flux at the surface are constraints

that mantle convection models must satisfy.

The present-day energy budget reflects how the Earth’s con-

vective engine has evolved through geologic time. The power of

this constraint has motivated a large number of studies. With

hindsight, one may link the emergence of convection models

to the failure of conductive (and radiative) thermal history

models to account for the mantle temperature regime and

the Earth energy budget ( Jacobs, 1961; Jacobs and Allan,

1956; MacDonald, 1959). Convection in the Earth’s mantle

had become inescapable and was required to explain why the

mantle is not fully molten today. The difficulty in running fully

consistent dynamic calculations of convection over the whole

history of our planet led to the so-called parameterized models

such that the heat flux out of the Earth is written directly

as a function of dimensionless numbers describing the bulk

convective system, such as the Rayleigh number (Schubert

et al., 2001). For a given set of initial conditions, the model

results were required to match the present-day energy budget

or more precisely the ratio of heat production to heat loss (the

‘Urey’ ratio). The earliest study of this kind was probably that

of McKenzie and Weiss (1975) and was followed by countless

others. This approach was used to argue against whole-layer

mantle convection (McKenzie and Richter, 1981), to date

the emergence of plate tectonics (Peltier and Jarvis, 1982),

to derive constraints on the distribution of radiogenic heat

sources in the mantle (Schubert et al., 1980), and even to

determine the amount of radioactive sources in the Earth’s

core (Breuer and Spohn, 1993; Davies, 1980a,b). The difficulty

in accounting for the wealth of processes that characterize the

Earth, such as continental growth as well as degassing and

the implied changes of rheological properties, however, has

led to disenchantment. Yet, it is clear that the present-day

thermal and tectonic regime of the Earth results from several

billion years of convective processes and is best understood

within a time-dependent framework.

Determination of the Earth’s rate of heat loss requires a very

large number of heat flux measurements in a variety of geologic

settings. Local surveys as well as global analyses of large data

sets have shown that heat flux varies on a wide range of spatial



Table 1 Symbols used

Symbol Definition
Units (commonly
used units or value)

Cp Heat capacity J kg�1 K�1

CQ Heat flux/age1/2 470�510
mWm�2/(My)1/2

CA Seafloor accretion rate 3.34km2 My�1

D Thickness of convecting layer m
Ec Kinetic energy J
Eg Gravitational potential energy J
Erot Rotational energy J
Es Strain energy J
Fb Buoyancy flux W
g Acceleration of gravity m s�1

G Gravitational constant 6.67�10�11kg m3

s�2

H (Volumetric) heat production W m�3 (mW m�3)
I Moment of inertia kg m2

K Bulk modulus Pa
L Length of oceanic plate (length scale) m
M Mass of Earth kg
Q, q Heat flux W m�2 (mW m�2)
p Pressure Pa (MPa, GPa)
R Radius of Earth km (6378)
Ra Rayleigh number /
s Entropy per unit mass Jkg�1 K�1

T Temperature K (�C)
u Internal energy per unit mass

(also used for horizontal velocity
component)

J kg�1

U Internal energy (also used for
horizontal velocity component)

J

Ur Urey number
V Volume m3

w Radial velocity
a Volumetric expansion coefficient K�1

g Grüneisen parameter
k Thermal diffusivity m2 s�1

l Thermal conductivity W m�1 K�1

m Viscosity Pa s
O Angular velocity rad s�1

F Heat dissipated by friction Wm�3

C External energy sources Wm�3

r Density kg m�3

DScond Entropy production J K�1

s Deviatoric stress tensor Pa (MPa)
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scales and, in the continents, is not a function of a single

variable such as geologic age. Heat flux data exhibit large

scatter, which has had unfortunate consequences. One has

been that few scientists have invested time and energy to sort

out the large number of physical processes that come into play.

The 1980s saw a rapid decrease in the number of research

teams active in that field as well as in the number of measure-

ments carried out at sea and on land. Another consequence

has been that, with few notable exceptions (e.g., Coltice et al.,

2012; Pari and Peltier, 2000), the distribution of heat flux is

rarely used to test the validity of mantle convection calcula-

tions. Many evolutionary models for the Earth’s mantle have

abandoned the energy budget as a viable constraint and rely on

geochemical data. Here, we will assess the reliability of heat

flux measurements and shall demonstrate that the spatial dis-

tribution of heat flux provides a key constraint for understand-

ing convection in the Earth.

The last three decades have seen notable advances in the

interpretation of heat flux. In the oceans, these include a thor-

ough understanding of hydrothermal circulation through

oceanic crust and sediments, as well as detailed and precise

heat flux measurements through both very young and very old

seafloor. In the continents, sampling of old cratons is now

adequate in several areas, heat production of lower crustal

assemblages is better understood, and systematic studies of

heat flux and heat production allow strong constraints on the

crustal contribution to the surface heat flux. Today, we have a

better understanding of the energy sources in the Earth than we

did 30 years ago and know how large some of the

uncertainties are.

In this chapter, we shall focus on two different, but closely

related, problems. One is to evaluate the present-day energy

budget of the mantle with emphasis on the associated uncer-

tainties. The other is to evaluate how thermal evolutionmodels

must be developed in order to account for this budget. We

shall establish the gross thermodynamics of the Earth and

shall explain how estimates of heat loss and heat production

have been obtained, drawing from recent advances. We shall

emphasize the peculiarities of heat loss mechanisms of our

planet and in particular the spatial distribution of heat flux.

We shall then rely on this budget to infer the present-day

secular cooling rate of our planet. We shall also evaluate inde-

pendent constraints on temperature in the Earth’s mantle and

present a reference temperature profile through the convective

mantle. Finally, we shall discuss the thermal evolution of our

planet, from the standpoint of both observations and theoret-

ical models. In order to facilitate the reader’s task, we give a

short summary of major points at the end of each section.
7.06.2 Basic Thermodynamics

7.06.2.1 Breakdown of the Energy Budget

The integral form of the energy balance for the whole planet

takes the form

d U +Ec + Eg
� �

dt
¼�

ð
A

q�ndA+

ð
V

HdV +

ð
V

cdV� pa
dV

dt
[1]

where U is internal energy, Ec is kinetic energy, and Eg is

gravitational potential energy. q is the surface heat flux, n

is the unit normal vector, A is the Earth’s outer surface, H is
internal heat production per unit volume, pa is atmospheric

pressure, V is the Earth’s total volume, and c is energy transfers

to or from external systems, such as tidal dissipation. Table 1

provides a list of the main symbols used in this chapter. Equa-

tion [1] states that the Earth’s total energy changes due to heat

loss, internal heat generation, energy transfer between our

planet’s interior and its surroundings (atmosphere as well as

other celestial bodies), and finally the work of atmospheric

pressure as the planet contracts. We have assumed that the

Earth’s surface is shear stress-free. Dissipation induced by inter-

nal convective motions and chemical differentiation is not

written in because it is involved in internal transfers of energy

and does not act to change the total energy of the system. The

state variables include pressure, temperature, and chemical

composition, which may all vary as a function of time and



Table 2 Numbers: order of magnitude

Value Units

Rotational energy 2.1�1029 J
Internal energy (for 2500 K average
temperature)

1.7�1031 J

Gravitational energy (uniform sphere) 2.2�1032 J
Rotation angular velocity 7.292�10�5 rad s�1

Polar moment of inertia 8.0363�1037 kg m2

Total mass 5.9737�1024 kg
Total volume 1.08�1021 m3

Mass mantle �4.0�1024 kg
Mass crust �2.8�1022 kg
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position within the planet. Chemical differentiation proceeds

mostly by the gravity-driven separation of different phases,

which entails the transformation of gravitational potential energy

into heat by viscous dissipation with no change of the total

energy. In this chapter, we shall not dwell at length on such

processes. The largest segregation events, such as the formation

of the Earth’s core and, possibly, the separation of two distinct

mantle reservoirs through crystal–melt separation in a magma

ocean, occurred very early on. These events set up the initial

conditions for secular thermal evolution involving no major

chemical separation process energy-wise. Extraction of continen-

tal crust out of the mantle has been active more or less continu-

ously since the beginning, but we shall show that the magnitude

of the induced energy change is small compared to other items in

the energy budget. We shall therefore write thermodynamic prin-

ciples using only temperature and pressure as variables of state.

We shall not deal with the orbital energy of the Sun–Earth system

and shall not discuss changes of the kinetic energy of the Earth’s

revolution around the Sun and associated changes of gravitational

energy due to variations of the Earth’s orbit.

Our main purpose in this chapter is to evaluate the different

terms in the energy balance and to derive an equation for the

average temperature of the Earth. The dominant terms on the

right of the energy balance equation [1] are the Earth’s rate of

heat loss and internal heat generation, which are inferred from

field measurements and chemical Earth models. The other

terms are evaluated theoretically and are shown to be negligi-

ble. We explain how internal energy transfers operate and show

that changes of gravitational energy are compensated by

changes of strain energy ES, which is the energy required to

compress matter to its actual local pressure p.

The gravitational energy of the Earth is defined as the energy

required to bring matter from infinity and, assuming spherical

symmetry, can be written as

Eg ¼�
ðR
0

r rð Þg rð Þr4pr2dr [2]

with r and g the spatially varying density and gravity. This

energy is negative because the accretion process releases energy.

This energy can be computed for the present Earth and an

upper limit can be obtained for a sphere with uniform density:

Eg ¼�3

5

GM2

R
[3]

where G is the gravitational constant and M is the mass of the

Earth.

Kinetic energy may be broken down into several different

components:

Ec ¼ Erot +Econtr + Econv [4]

corresponding to the bulk rotation of our planet, radial con-

traction induced by secular cooling, and internal convective

motions, respectively. One may easily show that the latter two

are small compared to the first one.

Table 2 lists estimates for gravitational, kinetic, and internal

energy components and makes it clear that kinetic energy is

very small compared to the other two. A striking result is that

the largest component by far is gravitational energy, which is

larger than internal energy by at least one order of magnitude.

In a constant mass planet, gravitational energy changes due

to thermal contraction, chemical differentiation, and vertical
movements of the Earth’s surface (tectonic processes and

erosion–deposition). These various processes work in different

ways and are associated with different energy transport

mechanisms and hence must be dealt with separately.
7.06.2.2 Changes in Gravitational Energy: Contraction
due to Secular Cooling

Gravitational energy is the largest component of the budget

(Table 2), and special care is warranted to evaluate how it gets

converted to other forms of energy when the planet contracts.

This has been discussed in a series of papers (Flasar and Birch,

1973; Lapwood, 1952). Here, we avoid detailed calculations

and throw light on some interesting thermodynamic aspects.

The gravitational energy changes when the planet contracts:

DEg
Eg

¼�DR
R

[5]

Neglecting changes of pressure and gravity and assuming

uniform cooling by an amount DT,

DR
R

� ah iDT
3

[6]

where hai is an average value for the coefficient of thermal

expansion and DT is negative. In Appendix A, we show that

the changes of pressure and gravity that are induced by the

contraction process enhance the contraction rate. Assuming

hai�2�10�5K�1 and a secular cooling rate of 100 K Gy�1,

the contraction velocity is dR/dt��10�13ms�1, a very

small value compared to the typical convective velocity

of �10�9m s�1. The induced change of gravitational energy,

however, is far from being negligible. For the same choice of

parameter values, it is �4 TW, which, as we shall see, corre-

sponds to 10% of the total energy loss of our planet. We shall

demonstrate, however, that such changes of gravitational energy

are not converted to heat.

Thermal contraction affects the planet’s rotation. The

moment of inertia I changes:

DI=I¼ 2DR=R [7]

and hence,

DErot=Erot ¼DO=O¼�2DR=R [8]

where O is the Earth rotation velocity. Thus, some of the

gravitational potential energy goes into the energy of rotation.

Rotational energy is much less (three orders of magnitude)
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than gravitational energy, however, and hence may be

neglected in the present analysis.

To elucidate energy transfer processes, we now consider

thermodynamics at the local scale. We focus on a few specific

aspects of interest and refer the reader to the study by Braginsky

and Roberts (1995) for a comprehensive analysis. All energies

are nowwritten per unit mass with small letters, that is, ec and u

stand for the kinetic energy and internal energy per unit mass,

respectively. We begin with the standard form of the first law of

thermodynamics (Bird et al., 1960; Schubert et al., 2001; see

also Chapter 7.02 by Ricard in this volume):

r
D u+ ecð Þ

Dt
¼�r�q�r� pvð Þ�r� s � v½ �+H +c +rg � v [9]

where s is the deviatoric stress tensor, v is velocity, and c
collects external source terms such as tidal dissipation. We

have adopted the convention that s denotes stresses acting

on material located on the positive side of a surface. From

the momentum equation, we get

r
Dec
Dt

¼ r
D

v2

2

� �
Dt

¼�v�—p�v�—�s + rg�v [10]

Subtracting this from the total energy balance leads to an

equation for the internal energy:

r
Du

Dt
¼�r�q +H +c+f�p—�v [11]

where f stands for viscous dissipation:

f¼�r� s�v½ � + v�r�s¼�s :rv [12]

Equation [11] is thus the usual statement that changes of

internal energy u are due to heat gains or losses (which are

broken into four contributions) and to the work of pressure

(the last term on the right).

All the equations earlier stem from standard thermodynam-

ics theory. We now introduce gravitational energy and strain

energy. We decompose variables into the sum of the azimuthal

average and a perturbation, such as

T¼T + y [13]

for temperature. The velocity field is decomposed into a com-

ponent due to contraction, vc, and a convective component, w.

We consider separately the effects of contraction, which act on

the average density and pressure, and the effects of convection,

which involve departures from these averages.

We may assume that contraction proceeds in conditions

close to hydrostatic equilibrium, such that it involves no devia-

toric stress and no dissipation. In this case, the azimuthal

average of the momentum equation reduces to a hydrostatic

balance:

0¼�rp+rg [14]

For the contraction process with velocity vc, we may break

down internal energy changes as follows:

r
Du

Dt
¼ rT

Ds

Dt
� pr�vc [15]

where s is the entropy per unit mass and where we identify the

work done by pressure as a change of strain energy:
�pr�vc ¼ r
Des
Dt

[16]

In the total energy balance equation [9], the last term on the

right is the work done by the gravity force. By definition, this

term can be written as the change of gravitational potential

energy when it is carried over to the left-hand side of the

balance:

r
Deg
Dt

¼�rg�vc [17]

This relationship is demonstrated in integral form in

Appendix B. Collecting all terms, the energy balance

equation [9] is written as

rT
Ds

Dt
+r

D es + eg + ec
� �

Dt
¼�r�q+H +c�r� pvcð Þ + � � �ð Þ [18]

In this equation, terms associated with convective motions

are not written explicitly and will be dealt with later. Kinetic

energy is also negligible and, by inspection, one may deduce

from eqn [18] that

r
D es + eg
� �
Dt

¼�r� pvcð Þ [19]

This can be demonstrated by recalling the identity

r� pvcð Þ¼ pr� vc + vc�rp [20]

Using the hydrostatic balance in eqn [17], the right-hand

side of this equation can be recast as

pr�vc + vc�rp¼�r
Des
Dt

�r
Deg
Dt

[21]

which is indeed eqn [19].

Integrating eqn [19] over the whole planet volume, we

finally obtain

dEg
dt

+
dEs
dt

¼�pa
dV

dt
[22]

where Es is the total strain energy of the planet. The term on the

right-hand side is negligible, and this equation therefore states

that the change of gravitational energy is compensated by one

of strain energy and does not generate heat. Contraction does

lead to a small temperature increase, however, as will be shown

in the succeeding text.
7.06.2.3 Secular Cooling Equation

To derive an equation for temperature, we need an expression

for dissipation and lengthy manipulations that are given in

Appendix C. Dissipation is balanced by the work of buoyancy

forces driving convection (called the ‘buoyancy flux’) and dis-

appears from the final budget, as expected. This leads to the

following temperature equation:

ð
V

rCv
@T

@t
dV ¼

ð
V

aTKT

r
@r
@t

dV�
ð
A

q�dA+

ð
V

HdV [23]

where Cv is thermal capacity at constant volume. The first term

on the right is the only remaining contribution of contraction

and has been called ‘adiabatic’ heating. It can be estimated as

follows:
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Ea ¼
ð
V

aTKT

r
@r
@t

dV ¼�
ð
V

Cv
aKT

rCv
aT

@T

@t
rdV

¼�
ð
V

CvgaT
@T

@t
rdV

[24]

where we have used the Grüneisen parameter g¼(aKT/rCv).

Using the fact that Cv is approximately constant (the

Dulong–Petit–Debye limit for solids at high temperature), we

finally obtain

Ea ¼�MCv gaTh id Th i
dt

[25]

where dhTi/dt is the average cooling rate. Using g�1.5 and

haiT�0.03, we find that Ea�1 TW for a global cooling rate

of 100 K Gy�1. As will be shown in the succeeding text, this

estimate of the cooling rate must be considered as an upper

bound. The adiabatic heating term is smaller than the uncer-

tainty on the energy budget and may be neglected, which

leads to

MCv
d Th i
dt

¼�
ð
A

qrdA +

ð
V

HdV [26]

which is the secular cooling equation. The average cooling

rate lumps together the contributions of two reservoirs with

very different physical properties, the mantle and the core, and

must be handled with care. For this reason, the two associated

energy budgets will be discussed separately.
7.06.2.4 Summary

The thermodynamics of the cooling Earth involve both slow

contraction and convective motions. The change of gravita-

tional energy due to thermal contraction does not enter in the

global heat budget because it is stored as strain energy. Simi-

larly, the viscous dissipation can be important but is balanced

by the bulk buoyancy flux. The secular cooling is dominated by
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Figure 1 Global heat flux of the Earth combining heat flux measurements on
oceanic lithosphere.
the imbalance between radiogenic heat production and heat

loss through the Earth’s surface.
7.06.3 Heat Loss Through the Seafloor

For the purposes of calculating the rate at which the Earth

is losing heat, the most direct and unbiased method is to

integrate individual measurements of heat flux over the sur-

face. As we shall see, this method fails in the oceans, and one

has to use theory in order to obtain a reasonable estimate

(Jaupart and Mareschal, Chapter 6.05). This approach has

been criticized on the grounds that it is a theoretical one and

leads to a biased result. We shall discuss this point in detail.

Our present understanding of the global thermal budget of the

Earth can be summarized in the map of the surface heat flux

(Figure 1). It is important to remember that this map is based

on the heat flux observations on the continents and their

margins but that for the oceans, the surface heat flux is calcu-

lated from our best model of energy loss by the oceanic

lithosphere.
7.06.3.1 Oceanic Heat Flow Measurements

Heat flow through permeable rock and sediment involves two

mechanisms: conduction through the solid matrix and water

flow through pores and fractures into the sea. Measuring the

latter directly is very costly and requires continuous recording

over long timescales in order to determine a representative

flow rate. The vast majority of marine heat flux determinations

rely on the probe technique, such that a rigid rod carrying a

thermistor chain is shoved into sediments. Determination of

the temperature gradient and of the sediment thermal conduc-

tivity leads to the heat lost by conduction. Another technique is

to measure temperatures in deep-sea drillholes. This is clearly

the best technique because it relies on measurements over a
60 E 120 E 180

0 120 150 500

m−2

land and continental margins with a thermal model for the cooling of the
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large depth range through poorly permeable crystalline base-

ment, but it is particularly time-consuming. Drilling opera-

tions perturb the thermal environment greatly, implying that

measurements cannot be done just after drilling is completed

and require hole reentry. In addition, the number of deep-sea

drillholes is too small to provide a good sampling of the sea-

floor. The few comparisons that have been made between the

two techniques show that the shallow probe technique pro-

vides reliable results (Erickson et al., 1975). Obviously, these

techniques only account for conductive heat transport, a sys-

tematic bias that has important consequences.

The extent of alteration in ophiolitic massifs shows that

hydrothermal circulation is pervasive and affects large volumes

of oceanic rocks (Davis and Elderfield, 2004). In situ quanti-

tative assessment of heat transport by hydrothermal circulation

can only be achieved by measuring the discharge rates and

temperature anomalies of hot aqueous upwellings out of the

seafloor (Ramondec et al., 2006). A single black smoker can

evacuate as much as 0.1 MW (Barreyre et al., 2012), and diffuse

venting through thin crack networks and bacterial mats

accounts for an even larger power (Mittelstaedt et al., 2012).

About 20 MW is lost to the sea through an �50�50 m region

of the Lucky Strike hydrothermal field of the mid-Atlantic ridge

(Mittelstaedt et al., 2012). This shows that, in hydrothermal

systems, large amounts of heat loss escape conventional mea-

surement techniques. In such systems, the vagaries of crack

sealing and porosity change imply large variations of the shal-

low thermal structure in both time and space. It therefore does

not come as a surprise that oceanic heat flux data exhibit

enormous scatter (Figure 2). This has presented geophysicists

with a major difficulty, all the more as the scatter is largest on

young seafloor where the largest heat flow values are recorded.

Various methods have been used to deal with the scatter of

heat flow data and the influence of hydrothermal circulation.

One has been to bin data by age group in the hope that

measurement errors cancel each other in a large data set, but

this is not valid if measurement errors are not random, which is
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Figure 2 Distribution of heat flux data as a function of age from the
compilation by Stein and Stein (1992). Dots represent averaged heat flux
values in 2 My bins. Dashed lines indicate the envelope at one
standard deviation.
the case here. In the widely used compilation by Stein and

Stein (1992), heat flux data have been binned in 2 My age

intervals (Figure 2). This global data set includes a very large

number of measurements with no quality assessment. Most of

the early data are associated with larger errors than those of

recent surveys due to small probe lengths and because thermal

conductivity determinations were not made in situ. The first

age bin presents a specific problem because it is characterized

by the largest heat flux values as well as the most conspicuous

signs of hydrothermal activity. A proper average for this age

bin requires data at very young ages, <1 My, say, which are

virtually nonexistent. Another strategy to measure the oceanic

heat loss has been to seek sites with thick sedimentary cover.

In crystalline basement, hydrothermal convection proceeds

through cracks and generates a highly heterogeneous tempera-

ture field with narrow discrete anomalies. With a thick sedi-

mentary cover, upwellings are slowed down and become

diffuse and hence tend toward thermal equilibrium with the

surrounding matrix. In this case, conduction is the dominant

heat transport mechanism and conventional heat flow tech-

niques yield reliable results. Heat flux varies spatially but the

integrated value is equal to the heat extracted from the litho-

sphere. A reliable heat flux determination therefore requires

closely spaced stations over a representative area. A third strat-

egy has been to enhance our understanding of heat transport

characteristics through young seafloor, which was done with

both detailed local surveys and physical models (Davis et al.,

1999; Spinelli and Harris, 2011).

In summary, oceanic heat flux data are plagued by system-

atic errors that arise from the measurement environment and

that can only be sorted out by careful small-scale local studies.

There are very sound reasons that explain why heat flux data

underestimate the total heat flux out of the seafloor, especially

at young ages (Harris and Chapman, 2004). Using the raw

data average turns a blind eye to this fundamental problem

and pays no attention to the systematics of the scatter. For the

purposes of calculating heat loss through the oceans, such a

brute force method is not appropriate and one must instead

account carefully for the specifics of the shallow oceanic envi-

ronment. We shall rely on detailed heat flux surveys in selected

areas and shall generalize the insights gained in this manner by

comparing the data to robust thermal models for the cooling of

oceanic lithosphere. We shall also evaluate the amplitude of

the scatter in heat flow data using simple thermal consider-

ations. We shall finally show how the topography of the sea-

floor records the amount of heat that is lost by the oceanic

lithosphere.

7.06.3.2 Cooling of the Oceanic Lithosphere

Here, we are interested in the large-scale thermal structure and

evolution of oceanic lithosphere and momentarily ignore the

complexities of the shallow environment. The heat equation

provides the basic framework

rCp
DT

Dt
¼ rCp

@T

@t
+ v�rT

� �
¼r� lrTð Þ [27]

where Cp is the heat capacity, r is the density of the lithosphere,

l is thermal conductivity, and v is the velocity of the plate. We

have neglected radiogenic heat production, which is very small in
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the oceanic crust and in mantle rocks (see succeeding text), and

viscous heat dissipation. Over the temperature range of interest

here, variations of heat capacity amount to�20%. Such subtleties

will be neglected momentarily for the sake of clarity and simplic-

ity. They must be taken into account, however, for accurate

calculations (McKenzie et al., 2005). In the upper boundary

layer of a convection cell (see Chapter 7.04), vertical advective

heat transport is negligible. Over the large horizontal distances

involved, vertical temperature gradients are much larger than

horizontal ones, except in the immediate vicinity of the ridge

axis, and one may neglect horizontal diffusion of heat. The valid-

ity of this standard boundary layer approximationwas verified by

Sclater et al. (1980), who found that calculations with and with-

out horizontal heat diffusion could not be distinguished from

one another at ages larger than 1 My.

It is best to work in a reference frame that moves with the

plate (i.e., a Lagrangian approach). Over the lifetime of an

oceanic plate, secular cooling may be safely neglected so that

temperature can be written as a function of age, noted t,
instead of time. For negligible horizontal heat transport, the

heat eqn [27] can be reduced to

@T

@t
¼ k

@2T

@z2
[28]

where k is thermal diffusivity. This is the one-dimensional heat

diffusion equation, whose solution requires a set of initial and

boundary conditions. The initial condition requires specifica-

tion of the thermal structure of an oceanic spreading center.

For the top boundary condition, one must in principle account

for thermal conditions in the shallow oceanic environment.

The bottom boundary condition depends on the efficacy of

heat transport in the asthenosphere. All these conditions are

only approximations to more complex realities and must be

evaluated carefully.
7.06.3.2.1 The shallow oceanic environment
The upper part of young oceanic lithosphere is made of frac-

tured crust allowing pervasive water circulation, which is not

accounted for in the heat eqn [27]. An exact solution must deal

with different environments and involve a host of parameters

that are not known precisely and vary with time, such as

permeability, which decreases as fractures and pores get

clogged by precipitates from the highly charged solutions that

circulate through them. Fortunately, several facts conspire to

dramatically reduce the impact of water circulation on bulk

lithospheric cooling.

Hydrothermal convection in the oceanic crust is self-

defeating and becomes inefficient after about 0.1 My (Dunn

et al., 2000; McLennan et al., 2005; Spinelli and Harris, 2011).

The end result is cold oceanic crust sitting on basement that has

not had time to lose much heat by conduction. After this initial

transient, the cold crust heats up against the hotter basement

by diffusion and temperatures in both crust and basement

adjust to a profile resembling that of steady conductive cooling

from t¼0. On the ridge flanks, away from the axial hydrother-

mal zone, the highly permeable pillow lava layer at the top of

the crust hosts strong lateral water flow (Davis and Elderfield,

2004) that effectively smoothes out thermal anomalies

and imposes a nearly constant and uniform temperature.
Below this aquifer, heat conduction is the dominant process,

save for isolated deep open fractures. Fluid-driven cooling

therefore proceeds in two different phases, with deep convec-

tion in large parts of the crust followed by superficial circula-

tion in a thin aquifer. Only the first phase is significant for the

large-scale heat budget of the lithosphere, but it has a pro-

longed influence on the shallow lithospheric thermal structure

due to the slowness of diffusive relaxation. It may leave its

imprint on the surface heat flux for as long as 10 My depending

on the thickness affected by axial hydrothermal convection

(Spinelli and Harris, 2011).

What has been achieved by hydrothermal convection at the

ridge axis is rapid heat extraction out of the crust at the top of

the lithosphere, and this could be taken as an initial condition

for the conduction cooling model. The vagaries of convection,

fracturing, and sealing in the crust and of sedimentation in a

ridge environment with irregular topography prevent a univer-

sally valid axial temperature structure, however, and the pre-

ferred approach has been to use a ‘reference’ conduction model

with simple boundary and initial conditions. We shall see that

this allows an excellent fit to various types of data. Departures

from model predictions can be calculated, observed, and

included in an error analysis.

Due to thehigh efficacy of heat transport in seawater, the sea-

floor is at a fixed temperature of about 4 �C (in practice 0 �C for

convenience), which provides an upper boundary condition.

7.06.3.2.2 Initial condition: Temperature distribution
at the ridge axis
To specify the temperature profile at the ridge axis, which pro-

vides the initial condition for the cooling model, two effects

come into play. Mantle that rises toward the oceanic ridge

undergoes pressure release and partial melting, which absorbs

latent heat. This mantle is hotter than its surroundings and

loses heat laterally by diffusion. During isentropic ascent of dry

mantle, temperature decreases by about 200 K (McKenzie and

Bickle, 1988), which is small relative to the temperature con-

trast at the top of the oceanic plate (�1350 K). Thus, it is

commonly assumed that the axial temperature does not vary

with depth and is equal to a constant value noted TM. Calcu-

lations based on a realistic temperature profile lead to minor

differences (McKenzie et al., 2005). One problem with these

temperature profiles is that they specify a finite temperature

drop at the surface at t¼0, implying that the surface heat flux

diverges as t!0. This problem disappears if one specifies that

the heat that is advected vertically by the upwelling mantle at

the ridge is lost by horizontal conduction to the adjacent

oceanic plate (Davis and Lister, 1974). In this modified

model, the heat flux is finite at the ridge but differs significantly

from the previous model only for ages <1 My (Sclater et al.,

1980). For determining the heat loss, such differences are of no

consequence: heat flux integrated over finite areas remains

bounded regardless of the initial condition and is very weakly

sensitive to the choice of initial condition (Sclater et al., 1980).

7.06.3.2.3 Bottom boundary condition
The simplest model, called the ‘half-space’ model, has the

lower boundary at infinite depth and assumes that temperature

remains finite, such that cooling proceeds unhampered over

the entire age span of oceanic lithosphere. For the reference
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upper boundary condition, such that T(z¼0)¼0, the temper-

ature distribution is then

T z, tð Þ¼ TMerf
z

2
ffiffiffiffiffi
kt

p
� �

¼ 2TMffiffiffi
p

p
ðz=2 ffiffiffiffiktp

0

exp ��2
� �

d� [29]

for which the surface heat flux is

q 0, tð Þ¼ lTMffiffiffiffiffiffiffiffi
pkt

p ¼CQt�1=2 [30]

where CQ is a constant. This equation makes the very simple

prediction that heat flux varies as t�1/2. One remarkable feature

is that this relationship holds for arbitrary temperature-

dependent physical properties (Carslaw and Jaeger, 1959;

Lister, 1977) (Appendix D). Numerical models of mantle con-

vection that are in a platelike regime conform very well to this

relationship. Figure 3 displays a snapshot of the temperature

field and surface observables in such a model, from Grigné

et al. (2005). One sees clearly that the horizontal velocity at the

surface is piecewise constant, defining plates, and that the heat

flux decreases with distance x from ridges as 1=
ffiffiffi
x

p
, that is to say

t�1/2 for a constant velocity. We shall see that the value for the

mantle temperature TM remains subject to some uncertainty.

The value of the constant CQ in eqn [30], however, may be

determined empirically from the data, as will be shown later.

In the other class ofmodels, a boundary condition is applied

at some depth, which marks the base of the ‘plate.’ In principle,

one should solve for heat supply from the asthenosphere.

However, this requires elaborate physical models of mantle

convection relying on specific choices of material properties

and simplifying assumptions. For the sake of simplicity, one

may consider two simple end-member cases, such that temper-

ature or heat flux is constant at the base of the plate. Both these

boundary conditions are approximations. For example, the

fixed temperature boundary condition requires infinite thermal

efficiency for heat exchange between the plate and the mantle.

The choice of the proper basal boundary condition is impor-

tant because it determines the relationship between the relaxa-

tion time and the plate thickness. For plate thickness a, the

diffusion relaxation time scales with a2/kwith a proportionality

constant that depends on the bottom boundary condition.

Specifically, the thermal relaxation time of a plate is four

times as long for fixed heat flux at the base than it is for fixed

temperature. Thus, for the same relaxation time, a plate with a
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Figure 3 Snapshot of temperature, surface velocity (utop), heat flux (q), and
plate tectonics (Grigné et al., 2005). See Appendix H for details. Note that th
which is consistent with the t�1/2 heat flux law for young oceanic lithosphere
fixed basal temperature is twice as thick as onewith a fixed basal

heat flux. For short times, the cooling rate (i.e., the surface heat

flux) does not depend on the lower boundary condition and,

for both types of plates, it is the same as the heat flux for the

cooling half-space. The details are provided in Appendix E.

Thus, it is better to use a half-space model for young ages

because it relies on a reduced set of hypotheses and because it

does fit the oceanic data, as will be shown later. Furthermore,

it has been tested over and over again and forms the basis for

scaling laws of convective heat flux in many different configu-

rations (Howard, 1964; Olson, 1987; Turcotte and Oxburgh,

1967). This simplemodel breaks down at ages larger than about

80 My for reasons that are still debated. For this reason, it may

be wise not to rely on a specific physical model, such as that of a

plate. For ages >80 My, we do not need a theoretical cooling

model to calculate the oceanic heat loss because the data scatter

is small. For this second phase of lithospheric evolution, the

heat flux is approximately constant (see succeeding text), indi-

cating that heat is supplied to the base of the oceanic litho-

sphere and that thermal steady state is nearly achieved.

One final worry is that oceanic ridges and oceanic plates drift

over mantle that may not be thermally well mixed, which could

be responsible for a bottom boundary condition that varies with

age. A detailed study of oceanic tholeiitic basalts, however, dem-

onstrates that their composition, and hence the temperature of

the mantle from which they were derived, has not changed

significantly for about 80 My (Humler et al., 1999).
7.06.3.3 Validating the Cooling Model for Oceanic
Lithosphere

7.06.3.3.1 High-resolution surveys near mid-ocean ridges
A very detailed heat flux survey on young seafloor near the Juan

de Fuca Ridge was conducted by Davis et al. (1999) with three

specific goals: to evaluate the intensity and characteristics of

hydrothermal circulation, assess local thermal perturbations

due to basement irregular topography, and test cooling models

for the lithosphere. Figure 4 shows the salient results. Direct

observation of the seafloor shows that the basement outcrop

region is a zone of recharge and that, beneath the sedimentary

cover, water flow is dominantly horizontal. Focused discharge

occurs at a few locations in association with basement
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e pseudo age varies linearly as function of distance to the ridge,
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Figure 5 Heat flow versus age for selected sites with a sediment
blanket. 1–2: Galápagos Spreading Center (Williams et al., 1974); 3–4:
Juan de Fuca Ridge (Hasterok et al., 2011); 5: Costa Rica Rift (Hasterok
et al., 2011); 6–7: Cocos Plate (Hasterok et al., 2011); 8–9: the Gulf of
Aden (Cochran, 1981; Lucazeau et al., 2010); 10–11 East Pacific Rise
(Villinger et al., 2002); 12: south Azores (Lucazeau et al., 2006); 13:
Mascarene basin (Bonneville et al., 1997); 14: Reykjanes Ridge (Sclater
and Crowe, 1979). Several sites (1, 2, 3, and 10) deviate from the
conductive cooling trend, which can be explained by thermal relaxation of
the initial thermal structure at the ridge inherited from pervasive
hydrothermal convection in the crust. Dashed red curves represent the
predictions of models of hydrothermal convection in fast spreading
centers extending to depths of 2 and 6 km (Spinelli and Harris, 2011).
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topographic highs. Elsewhere, water flow is diffuse, such that it

equilibrates with the sediments.

At the Juan de Fuca Ridge site, the heat flux fluctuates on the

scale of station spacing (2 km), which implies that surveys with

coarser spatial resolution do not yield meaningful results. To

emphasize the long-wavelength trends, a 15 km running aver-

age was applied on the heat flux profile. This profile shows two

distinct trends: near the basement outcrop, to the left, the heat

flux increases with age and reaches a maximum value in excess

of 400 mWm�2, and further away from the outcrop, the heat

flux decreases with age. In the latter region, the total heat flux

variation is large enough to allow comparison with theoretical

models for the cooling of oceanic lithosphere. The data con-

form to the t�1/2 relationship and indicate that constant CQ in

eqn [30] is between 470 and 510 (with heat flux in mW m�2

and age in My).
7.06.3.3.2 Global analysis
The local Juan de Fuca Ridge survey can be corroborated inde-

pendently using filtered heat flow data over larger age ranges.

Hasterok et al. (2011) used a revised heat flow database with

more than 15000 oceanic values and selected sites located

>60 km from the nearest seamount where the sediment cover

is >400 m. These data exhibit a well-defined correlation with

the age of the seafloor but remain scattered.

For better results, we focus on 14 sites with thick sedimen-

tary cover and dense heat flow sampling (Figure 5). For those

sites, hydrothermal circulation that may still be active in the

igneous basement is effectively sealed off by the hydraulically

resistive sedimentary cover. There are no localized discharge

zones and the average heat flux is equal to the rate at which the

basement loses energy. The data conform to the t�1/2
relationship between 3 and 80 My. In order to determine the

best-fit coefficient, we add the constraint that the heat flux

tends to zero as age tends to infinity and find that CQ¼490,

close to the value for the Juan de Fuca Ridge. For ages <3 My,

the measurements are more dispersed and site-averaged values

fall below the simple cooling model. This can be explained by

the conductive relaxation of the anomalous thermal structure

generated by hydrothermal convection in the axial zone. We

show in Figure 5 calculated values from the model of Spinelli

and Harris (2011), which account nicely for the data.

Combining the local Juan de Fuca Ridge survey and the

global data set of reliable heat flux sites, we conclude that

CQ¼490�20, with an uncertainty of �4%. Table 3 compares

the various estimates that have been used in the past. The heat

loss estimate of Pollack et al. (1993) was based on CQ¼510,

which is clearly an upper bound. This value was taken from the

analysis of Stein and Stein (1992), which was based on the

plate model with constant basal temperature. One feature of

this model is that TM¼1725K, a high value that is not consis-

tent with the average ridge axis temperature derived from the

compositions of mid-ocean ridge basalts (MORBs) (Kinzler

and Grove, 1992) (Table 4).

The t�1/2 relationship is based on sound physics and holds

for conductive cooling models at early times, including those

rtronnes
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Table 3 Estimates of the continental and oceanic heat flux and global
heat loss

Continental
(mW m�2)

Oceanic
(mW m�2) Total (TW)

Williams and von Herzen
(1974)

61 93 43

Davies (1980a,b) 55 95 41
Sclater et al. (1980) 57 99 42
Pollack et al. (1993) 65 101 44
Davies and Davies (2010) 71 105 47
This study a 65 94 46

aThe average oceanic heat flux does not include the contribution of hot spots. The total

heat loss estimate does include 3 TW from oceanic hot spots.

Table 4 Potential temperature of the oceanic upper mantle

Reference Method

1333 �C a Parsons and Sclater (1977) Average depth+heat
flux

1450 �C a Stein and Stein (1992) Average depth+heat
flux

1300–1370 �C a Carlson and Johnson
(1994)

True basement depth
(DSDP)

1315 �C a McKenzie et al. (2005) Depth+heat flux with
l(T), Cp(T) and a(T)

1280 �C a McKenzie and Bickle
(1988)

Average basalt
composition

1315–1475 �C a Kinzler and Grove (1992) Basalt composition
1275–1375 �C a Katsura et al. (2004) Isentropic profile

through the Ol–Wa
phase change

1454�81 �C Putirka et al. (2007) Olivine–liquid
equilibriums

aTemperature estimate for a cooling model with constant temperature below the ridge

axis (i.e., which does not account for isentropic decompression melting).
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Figure 6 Heat flux data and prediction of the half-space cooling model
for ages larger than 100 My. Reproduced from Lister CRB, Sclater JG,
Nagihara S, Davis EE, and Villinger H (1990) Heat flow maintained
in ocean basins of great age – Investigations in the north-equatorial West
Pacific. Geophysical Journal International 102: 603–630.
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for a plate of fixed thickness. This relationship provides a good

fit to the data and we shall use it for the 3–80 My age range. For

ages <3 My, this relationship breaks down for the global data

set but is still valid in some areas (Figure 4). We shall still use it

and calculate the associated uncertainty. For ages >80 My, we

shall simply use a constant heat flux as the data indicate that

q80�48 mWm�2 (Lister et al., 1990) (Figure 6).

7.06.3.3.3 Depth of the seafloor
The variation of ocean floor depth with age provides an addi-

tional constraint on lithospheric cooling at the cost of intro-

ducing a new physical property, the coefficient of thermal

expansion. As for heat flow, depth data are highly scattered

due to intrinsic seafloor roughness, the presence of

seamounts, and a variable sediment cover. Coping with the

noisy data set has involved again either binning of the data

(Parsons and Sclater, 1977) or rejecting ‘anomalous’ sites

(Crosby and McKenzie, 2009; Crough, 1983; Hillier and

Watts, 2005; Korenaga and Korenaga, 2008). Analyzing sea-

floor subsidence in detail would be outside the scope of this

chapter and we only seek confirmation for the two main fea-

tures of lithospheric evolution that are used here: the t�1/2 heat
flux–age dependence up to 80 My and the interrupted cooling

at later ages.

An isostatic balance condition leads to a very simple equa-

tion for subsidence with respect to the ridge axis (Sclater and

Francheteau, 1970):

Dh tð Þ¼ h tð Þ�h 0ð Þ
¼ 1

rm�rw

ðd
0

r T z, tð Þ½ ��r T z, 0ð Þ½ �ð Þdz [31]

where h(t) and Dh(t) are the depth of the ocean floor and

subsidence at age t and where rm and rw denote the densities

of mantle rocks at temperature TM and water, respectively. In

this equation, d is some reference depth in themantle below the

thermal boundary layer. This equation neglects the vertical

normal stress at depth d, which may be significant only above

the mantle upwelling structure, that is, near the ridge axis. We

are interested in the heat flux out of the seafloor, q(0,t). Assum-

ing for simplicity that the coefficient of thermal expansion a is

constant, the equation of state for near-surface conditions is

r Tð Þ¼ rm 1�a T�TMð Þ½ � [32]

From the isostatic balance equation [31], we obtain

dh

dt
¼ �arm
rm�rw

d

dt

ðd
0

T z, tð Þdz
	 


¼ �a
Cp rm�rwð Þ

d

dt

ðd
0

rmCpT z, tð Þdz
	 
 [33]

where we have also assumed that Cp is constant. Heat balance

over a vertical column of mantle between z¼0 and z¼d

implies that

dh

dt
¼ a
Cp rm�rwð Þ q 0, tð Þ�q d, tð Þ½ � [34]

which states that thermal contraction reflects the net heat loss

between the surface and depth d. Because q(0,t) depends on

TM, the subsidence rate also depends on the initial temperature

at the ridge axis. This equation states that the surface heat flux is

the sum of heat flux at depth d and the amount of cooling over

vertical extent d. Using only the latter therefore leads to an

underestimate of the surface heat flux.
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Carlson and Johnson (1994) investigated these theoretical

predictions using the best data set, basement depths from

deep-sea drillholes, which require no correction for sediment

thickness. The data are consistent with the half-space cooling

model up to an age of about 80 My and indicate that the rate of

subsidence decreases markedly at later ages. In its simplest

formulation with constant physical properties and a constant

temperature beneath the ridge, the plate model does not allow

a good fit to the data. Using the best-fit parameters deduced

from subsidence data and estimates for the various physical

properties of mantle rocks in eqn [34] (i.e., for a, Cp, and the

densities), Carlson and Johnson (1994) predicted heat flux

values that were consistent with reliable heat flux data. For

ages <80 My, the best-fit depth versus age relationship is

h tð Þ¼ 2600�20ð Þ+ 345�3ð Þt1=2, with h in meters and t in My

[35]

From this relationship, the predicted heat flux over the

same age range is

q 0, tð Þ¼ 480�4ð Þt�1=2, with q in mW m�2 and t in My [36]

We shall return to these estimates later. Using the same

physical properties, Carlson and Johnson (1994) found that

fitting the depth data with the plate model and half-space

model leads to different values for the average ridge axis tem-

perature TM: 1470 and 1370 �C, respectively.
Many authors have debated on how ‘normal’ seafloor sub-

sides using various filtering techniques and by winnowing

data from seamounts and other anomalous areas. The major

issue was whether or not the data truly indicate flattening of

the seafloor for ages larger than 80–100 My (Crough, 1983;

Korenaga and Korenaga, 2008). Recent work has established

that flattening does occur (Crosby and McKenzie, 2009;

Hillier, 2010; Hillier and Watts, 2005). For our present pur-

poses, this is important because it confirms what is indicated

by heat flow data: after about 80 My, cooling of the oceanic

lithosphere slows down markedly, and thermal steady state

gets established due to heat supply from the asthenosphere.
7.06.3.4 Heat Loss Through the Ocean Floor

Simple physical considerations demonstrate that seafloor

topography and surface heat flux record the same phenomenon

and furthermore that the subsidence rate is proportional to

surface heat flux for as long as 80 My. In contrast, the raw

oceanic heat flux data set records the conductive heat flux

through a heterogeneous permeable superficial sedimentary

layer. Using this data set leaves the seafloor topography

unexplained.

The plate model with fixed basal temperature has been used

to calculate the total oceanic heat loss by several authors

(Hasterok, 2013; Pollack et al., 1993; Sclater et al., 1980;

Stein and Stein, 1992). Its advantage is that it provides a

function that fits noisy data over the whole range of ages. We

shall not follow this approach for two reasons. One is that the

plate model is only an approximation of the physics involved.

Maintaining a constant temperature at a fixed depth requires

infinitely efficient heat exchange between lithosphere and

asthenosphere and a mechanism that maintains the plate

thickness. Another reason is that the plate model depends on
parameters such as the plate thickness and axial ridge temper-

ature that are determined a posteriori by a best fit to the data.

This procedure may introduce trade-offs such that, for exam-

ple, data at old ages steer model predictions away from data at

younger ages. We prefer to stay as close to the data as possible

with as few hypotheses as possible. To calculate the total rate of

oceanic heat loss, we separate the data in two different age

intervals: 0–80 My, where the t�1/2 law holds, and older sea-

floor where heat flux data depart from the half-space model.

For seafloor older than 80 My, the heat flux is approximately

constant q80�48mWm�2 (Lister et al., 1990) (Figure 6). Devi-

ations from this value are 	3mWm�2 and exhibit no system-

atic age trend. The mean is determined with an uncertainty of

1mWm�2, which represents 1% of the average oceanic heat

flux. This has negligible impact on the total heat loss estimate,

which is dominated by the young seafloor contribution. We

also use bathymetry data for seafloor younger than 80 My but

not for older ages. We add the contribution of marginal basins

that follow the standard oceanic heat flux model, as demon-

strated by Sclater et al. (1980). Continental margins, passive or

active, are transition zones between continents and oceans and

are treated in the continental section.
7.06.3.4.1 Global oceanic heat loss calculation
Heat loss through the ocean floor is equal to

Q0 ¼
ðtmax

0

q 0, tð ÞdA
dt

dt [37]

where A(t) is the distribution of seafloor with age, which can

be deduced from maps of the ocean floor (Müller et al., 1997,

2008; Royer et al., 1992; Sclater et al., 1980). Using the data

sets of Royer et al. (1992) and Müller et al. (1997), Rowley

(2002) and Cogné and Humler (2004) found that a simple

linear relationship provides a good fit to the data (Figure 7),

confirming the earlier result of Sclater et al. (1980):

dA1

dt
¼CA 1� t=tmð Þ [38]

These three different groups of authors agree that

tm¼180My but quote slightly different values of the coeffi-

cient CA :3.45km
2year�1 for Sclater et al. (1980),

2.96km2year�1 for Rowley (2002), and 2.85km2year�1 for

Cogné and Humler (2004). The high estimate of Sclater et al.

(1980) is due to the inclusion of marginal basins, which con-

tribute�0.38km2year�1 to the global accretion rate. The small

difference of about 0.12km2year�1 (4%) between the more

recent estimates of Rowley (2002) and Cogné and Humler

(2004) arises from the different methods used to fit the data.

One independent constraint is brought by the total area of

ocean floor, which is sensitive to the exact location of the

continent–ocean boundary. A detailed analysis of continental

margins leads to a total continental area of 210�106km2

(Cogley, 1984) (seeTable 5). From this, the total seafloor surface

is 300�106km2, slightly less than the value used by Sclater et al.

(1980). For a triangular age distribution with a maximum age

tm¼180My, this implies that CA¼3.34km2year�1. Subtracting

the contribution of marginal basins, this corresponds exactly to

the Rowley (2002) estimate. Thus, for our purposes, we shall use

CA¼3.34km2year�1. This discussion illustrates that uncer-

tainties may come from unexpected variables, the area of the

rtronnes
Highlight



Table 5 Surface area and heat flux in oceans and continents

Area Total heat flux

Oceans
Oceanic 273�106km2

Marginal basins 27�106km2

Total oceans 300�106km2 32 TW
Continents
Precambrian 95�106km2

Paleozoic 23�106km2

Stable continents 118�106km2

Active continental 30�106km2

Submerged (margins and basins) 62�106km2

Total continental 210�106km2 14 TW
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Figure 7 Distribution of seafloor ages. The dashed line is the best-fit
linear function. Modified from Cogné J-P and Humler E (2004) Temporal
variation of oceanic spreading and crustal production rates during the
last 180 My. Earth and Planetary Science Letters 227: 427–439.
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seafloor in this particular instance. The continental heat flux

budgetmust account for the remaining 210�106km2 (Table 5).

Integrating separately seafloor younger and older than

80 My gives

Q80� ¼
ð80
0

CQt�1=2CA 1� t=180ð Þdt¼ 24:3TW [39]

Q80 + ¼ q80

ð180
80

CA 1� t=180ð Þdt0 ¼ 4:4TW [40]

Qoceans ¼ 29�1TW [41]

where the uncertainty comes mostly from that on coefficient

CQ. The present estimate is slightly less than earlier estimates

because of the slightly lower ridge temperature (or equiva-

lently, the slightly smaller value of coefficient CQ in the heat

flux vs. age relationship) and because of the revised estimate
for the mean accretion rate at zero age CA. For

CQ¼510mWm�2My�1/2 and CA¼3.45km2year�1, the heat

loss would be 31 TW. In an independent study, Hasterok

(2013) relied on a ‘heat flow calibrated plate model’ and

obtained 29.4 TW, which is identical to our result.

For young ages, the bathymetry provides a direct measure of

the heat lost by the cooling plate. We obtain another heat loss

estimate with the following equation:

Q 80�ð Þ¼Cp

a
rm�rwð Þ

ð80
0

dh

dt
dA tð Þ
dt

dt [42]

� 24TW [43]

which is formally identical to the heat flux equation above

and where rm¼3300kgm�3, Cp¼103Jkg�1K�1, and

a¼3�10�5K�1. In old basins, where the heat flux

�48mWm�2, the bathymetry is almost flat and cannot be used

to estimate the rate of heat loss.

Uncertainties on the oceanic heat loss come from three

sources other than that on the coefficient CQ. One source is

the uncertainty on the age distribution and the total area of

ocean floor or, more precisely, the total area of continental

shelves. The latter is <3% and implies an even lower uncer-

tainty on the global heat loss because a change in the area of

oceans is compensated by a change in the area of continents.

Considering the difference between the average oceanic heat

flux and continental heat flux, the resulting uncertainty on

the global heat loss estimate is only 1%. The impact of

departures from the triangular age distribution is best

assessed by comparing the heat loss estimate derived from

eqn [37] and that obtained by adding the individual contri-

butions of each age group. Parsons (1982) showed that this

difference amounts to about 0.3% of the total, which may

be considered negligible. As we shall see later on, however,

evaluating the uncertainty on the age distribution must be

done over a large timescale and involves consideration of

the stability of the mantle convection planform. The two

other sources of uncertainty are discussed next and involve

the thermal regime of young seafloor, which is not captured

accurately by the conductive cooling model, and the contri-

bution of hot spots.

7.06.3.4.2 Heat loss through young ocean floor
The conductive cooling model is vindicated for ages older than

3 My by a global data set of reliable heat flux determinations

and on younger seafloor by local surveys with small station

spacing and favorable environmental conditions. It is not valid

for many areas of the seafloor that are younger than 3 My and

particularly for axial hydrothermal zones, however, because it

does not account for ridge processes. Yet it is within that age

interval that the heat flux is highest, and we evaluate the

consequences for heat loss estimates. We cannot determine

precisely the error because this would require models for all

the different axial hydrothermal zones that exist in the world’s

oceans. Instead, we compare two different estimates of the

energy that is lost to the sea in 3 My through a unit area of

seafloor. The estimate from the conductive cooling model is

�55�1012 Jm�2. For the other estimate, we consider the two

independent processes that produce the cooling of young oce-

anic lithosphere. For hydrothermal convection at the ridge, an

upper bound is obtained by considering that the whole crust
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gets cooled to the sea temperature. For a 6 km thick crust, this

represents �25�1012 Jm�2. After this very short-lived phase,

conductive cooling is recorded by reliable heat flux measure-

ments on ridge flanks (Figure 5). Over 3 My, these data

account for �40�1012 Jm�2. Adding these two components

leads to �65�1012 Jm�2, about 18% higher than the conduc-

tive model. This represents the upper bound for the uncer-

tainty. The 0–3 My age range accounts for 18% of the total

oceanic heat loss, implying that the final error on the total heat

loss estimate is <3%.

7.06.3.4.3 Hot spots
The oceanic heat loss estimate relies on a thermal model that

specifies explicitly that the oceanic lithosphere cools by con-

duction over a well-mixed asthenosphere. This ignores the

contribution of isolated hot spots that are the surface expres-

sions of localizedmantle upwellings with temperatures that are

above those of the well-mixed mantle. Theoretical physical

models show that, beneath a moving plate, plume material

gets deflected by the ambient mantle flow and spreads at the

base of the lithosphere. Thus, the magnitude of the heat flux

perturbation at the base of the plate is smaller than that for a

vertical plume rising through a static fluid (Olson, 1990; Ribe

and Christensen, 1994). The thermal anomaly propagates by

diffusion to the top of the plate in a time that depends on the

plate thickness and on the extent of plume penetration (i.e.,

the amount of plate thinning). Given the scatter inherent in

oceanic measurements, it is not surprising that heat flux anom-

alies over hot spot tracks have been elusive. Bonneville et al.

(1997) had shown that dense station spacings are required to

isolate a meaningful signal from shallow topographic effects

and the influence of water circulation. They did find that the

Reunion hot spot track was an area of enhanced heat flux,

corroborating the earlier findings of Courtney and White

(1986) over the Cape Verde Rise. Faced once again with the

shortcomings of raw heat flux data, one has had to resort to

indirect methods. The heat flux from hot spots has been esti-

mated from the buoyancy of bathymetric swells (Davies, 1988;

Sleep, 1990). These estimates are in the range 2–4 TW and are

added to the heat loss due to plate cooling.

The hot spot contribution must be handled with care as

some mantle plumes may not penetrate the oceanic litho-

sphere over large vertical distances and may only heat up a

thin basal region. In this case, the induced thermal anomaly

remains ‘locked’ within the lithosphere with no surface heat

flux expression. The heated region returns with the plate into

the mantle in subduction zones and contributes no net

heat loss.

m(Q) (mW m ) s(Q) (mW m ) N(Q)

All measurements
All values 70.1 152.0 35065
Averages 1� �1� 64.5 64.7 4261
Averages 2� �2� 63.7 53.9 1955
Averages 3� �3� 62.6 34.4 1205
Standard measurements only
All values 80.3 215.1 17256
Averages 1� �1� 64.8 79.8 3391
Averages 2� �2� 63.0 57.4 1673
Averages 3� �3� 62.6 37.3 1051

am is the mean, s is the standard deviation, and N is the number of values.
7.06.3.5 Summary

Heat loss through the ocean floor cannot be determined using

the raw heat flux data set that includes many measurements

that are affected by hydrothermal circulation and irregularities

of the sediment cover. For ages in the 3–80 My range,

predictions of the ‘half-space’ model for the cooling of the

lithosphere can be compared successfully to measurements in

selected environments where the effects of hydrothermal

circulation can be assessed and accounted for. This model

implies values for the mantle temperature beneath mid-ocean
ridges that are consistent with independent petrologic models

for basalt genesis. Finally, it is consistent with the evolution

of seafloor bathymetry that the raw heat flux data leave unac-

counted for. The heat loss estimate requires an accurate areal

distribution of seafloor ages. Uncertainty in the end result is

essentially due to errors on the extent of continental margins.

Accounting for the various uncertainties involved, the present-

day rate of heat loss through the ocean floor is 32�2TW. This

estimate includes the enhanced heat flux over hot spots.
7.06.4 Heat Loss Through Continents

7.06.4.1 Average Continental Heat flux and Heat Loss
Through Continental Areas

There are more than 35000 heat flux measurements over the

continents and their margins, including measurements made

in oil wells. Large areas (Antarctica, Greenland, parts of the

shields in Brazil, and Africa) have almost no data. The raw

average of all the continental heat flux values is 80mWm�2

(Table 6, see also Pollack et al., 1993). However, there is a

strong bias to high heat-flux values because many measure-

ments were made in geothermal areas (e.g., the western United

States and Baikal rift). In the United States, a large fraction of

the more than 14000 heat flux measurements belong to the

Basin and Range Province. Excluding the values from the

United States, the mean continental heat flux is only

66mWm�2.

Bias in the sampling can be removed by area weighting the

average as demonstrated in Table 6. Averaging over 1�1 win-

dows yields a mean heat flux of 65.3mWm�2. Using wider

windows does not change this mean value significantly. The

histograms of individual heat flux values and 1 �1 averages

have identical shapes, except for the extremely high values

(>200mWm�2). Pollack et al. (1993) and later Davies and

Davies (2010) had obtained a mean continental heat flux of

65–66mWm�2 by binning heat flux values by tectonic age and

weighting by the area. Different methods to estimate the mean

continental heat flux consistently yield 63–66mWm�2

(Jaupart andMareschal, Chapter 6.05). For a mean continental

heat flux value of 65mWm�2, the contribution of all the

continental areas (i.e., 210�106km2) to the energy loss of

the Earth represents �14 TW. This number includes the sub-

merged margins and continental areas with active tectonics,
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where higher than normal heat flux values are associated with

thick radiogenic crust and shallow magmatic activity. Uncer-

tainty in this number is due to lack of adequate data coverage

in Greenland, Antarctica, and large parts of Africa. To estimate

the induced uncertainty, we assume that heat flux in those areas

is equal to either the lowest or the highest average heat flux

recorded in well-sampled geologic provinces (36 and

100 mWm�2, respectively). This procedure allows departures

of �1.5 TW from the estimate of 14 TW. This uncertainty is

certainly exaggerated because the poorly sampled regions are

vast and contain geologic provinces of various ages and geologic

histories; for instance, both Antarctica and Greenland are

known to include high and low heat-flux regions. For the sake

of simplicity, we retain a final uncertainty estimate of 1 TW.
7.06.4.2 Various Contributions to the Surface Heat Flux
in Continental Areas

Determining the heat loss from the mantle through the conti-

nental lithosphere requires accounting for the radiogenic heat

production. In stable continents, for ages greater than about

500 My, continents are near thermal steady state such that

surface heat flux is the sum of heat production in the litho-

sphere and of the heat supply at the base of the lithosphere. The

average heat flux does not vary significantly for provinces older

than 500 My (Sclater et al., 1980) and, only in Archean (i.e.,

older than 2.5 Gy) provinces, it might be lower than in younger

terranes (Morgan, 1983). We shall focus on estimating the

crustal heat production and shall discuss briefly the contribu-

tion of the lithospheric mantle. The number of heat flux deter-

minations in Archean and Precambrian provinces has increased

during the past 30 years. With adequate sampling of heat flux

and heat production, and detailed information on geology and

crustal structure, the crustal andmantle components of the heat

flux can now be determined. Further constraints are provided

by (P, T ) data on mantle xenoliths brought to the surface by

kimberlite eruptions. It will be shown that, for stable regions,

the crustal heat production makes the dominant contribution

and the heat flux from the mantle is low.

Recently active regions are in a transient thermal regime

and the high surface heat flux reflects cooling of the continen-

tal lithosphere. After removing the crustal heat production

(which has been determined in stable provinces), it is possible

to estimate the transient component of the heat flux, which

originates in mantle cooling.
7.06.4.3 Estimating Moho Heat Flux

Many authors have assumed that the mantle heat flux is

�25 mW m�2 in stable continental regions, because this was

the lowest measured value (Cermak and Bodri, 1986; Pollack

and Chapman, 1977a). As the number of measurements

increased, it became clear that this cannot be true. Heat flux

values �20 mWm�2 or less have been obtained in several

different locations (Chapman and Pollack, 1974; Duchkov,

1991; Mareschal et al., 2000a,b, 2005; Swanberg et al., 1974),

and the average heat flux over wide areas (500�500 km2) of

the Baltic and Siberian Shields is<18 mWm�2. For the mantle

heat flux to be equal to that at the surface, the whole crust

below each measurement site must be completely devoid of
heat-producing elements over a large area, which is not realis-

tic. Tightening the range of values for the mantle heat flux was

achieved in various ways.
7.06.4.3.1 Relationship between heat flow
and heat production
Early attempts to calculate mantle heat flux relied on an empir-

ical relationship between heat flux and heat production rate

(Birch et al., 1968; Roy et al., 1968):

Q¼Qr +D�H [44]

whereQ is the local surface heat flux,H is the local surface heat

production, and D is a length scale related to the thickness of a

shallow layer enriched in radiogenic elements. The interceptQr

represents the contribution of the mantle and crust below the

enriched shallow layer. It was suggested that crustal heat pro-

duction decreases exponentially as a function of depth down to

the Moho (Lachenbruch, 1970). If this were true, values for D

(�10 km) would imply that the mantle heat flux is equal toQr.

Although it was soon realized that it cannot be so, this is still

taken for granted by many authors.

The significance of the empirical heat flow heat production

relationship has been questioned on various grounds (England

et al., 1980; Jaupart, 1983). For the rather small wavelengths

involved, theory shows that the surface heat flux is only sensitive

to shallow heat production contrasts ( Jaupart, 1983; Vasseur

and Singh, 1986). With more data available, it was found that

the linear relationship is not verified inmany geologic provinces

( Jaupart and Mareschal, 1999; Jaupart et al., 1982). The crustal

component of the heat flux can now be estimated from system-

atic investigations of lower crustal rocks, from both large granu-

lite facies terrains (Ashwal et al., 1987; Fountain and Salisbury,

1981; Fountain et al., 1987) and xenolith suites (Rudnick

and Fountain, 1995). The heat production values, obtained

on samples from large exposure of granulite facies terranes in

different areas of the Superior Province, are very consistent

(�0.4mWm�3). They appear to be representative of all granulite

facies terranes worldwide, including the Ivrea zone ( Joeleht and

Kukkonen, 1998; Pinet and Jaupart, 1987). Thirdly, sampling in

superdeep holes (Kola, Russia, and KTB, Germany) demon-

strates that heat production shows no systematic variation with

depth as would be required by the linear relationship. At Kola,

the Proterozoic supracrustal rocks (above 4 km depth) have

lower heat production (0.4mWm�3) than the Archean basement

(1.47mWm�3) (Kremenentsky et al., 1989). At KTB, heat pro-

duction decreases with depth at shallow levels, reaches a mini-

mum between 3 and 8 km, and increases again in the deepest

parts of the borehole (Clauser et al., 1997). Over a larger depth

extent, studies of exposed crustal sections suggest a general trend

of decreasing heat production with depth, but this trend is not a

monotonic function (Ashwal et al., 1987; Fountain et al., 1987;

Ketcham, 1996). Even for the Sierra Nevada Batholith where the

exponential model had initially been proposed, recent research

has shown that the heat production does not decrease exponen-

tially with depth (Brady et al., 2006). In the Sierra Nevada, heat

production first increases, then decreases, and remains constant

in the lower crust beneath 15 km.

Another approach was to assume that the mantle heat flux

is roughly proportional to the average surface heat flux (in a
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proportion of �40%, Pollack and Chapman (1977b)). This

analysis, however, was based on a small data set and implies

that the crustal heat production is proportional to the mantle

heat flux, which has no physical basis. In order to detect

changes of mantle heat flux, small-scale heat flux variations

are of little use because they record shallow heat production

contrasts and one must work at a minimum scale of about

250 km (Mareschal and Jaupart, 2004). This places stringent

constraints on data coverage because heat flux and heat pro-

duction vary on a typical scale of 10 km due to the heterogene-

ity of the crust. In North America, there are sufficient data to

illustrate the influence of the horizontal scale on heat flux and

heat production. With individual measurements in a single

geologic province, there is no meaningful (Q,H) relationship.

At the scale of �250�250 km windows, a relationship

between heat flux and heat production begins to emerge (Lévy

et al., 2010). At the larger scale of geologic provinces with

different crustal structures and histories (�500�500 km), the

relationship is well defined and statistically significant

(Figure 8). The data are close to a relationship of the form

Q¼Qi +DH [45]

where Q and H are province-wide averaged heat flux and heat

production. That this relationship takes the same form as the

‘local’ relationship (eqn [44]) is probably fortuitous. In northern

America, the latter is only valid for relatively small-scale varia-

tions (typically 10–50 km) of heat flux and heat production over

Appalachian plutons and does not hold in the Precambrian

provinces (Grenville, Trans-Hudson orogen, and Superior Prov-

ince). The new relationship (eqn [45]) reflects variations of

average heat flux on a much larger scale (>500 km) and relies

on a very large data set. It implies that the average heat flux takes

the same value Qi at some intermediate crustal depth in all

provinces. Formally, it is not possible to rule out variations of

mantle heat flux between the five provinces, but the data require

that such variations are exactly compensated by opposite varia-

tions of lower crustal heat production. It is hard to explain how

this may be achieved in practice, and the most sensible hypoth-

esis is that the mantle heat flux is approximately the same
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Figure 8 Averaged heat flux versus average surface heat production
for five major geologic provinces of North America. The solid line
is the best-fit linear relationship of eqn [45].
beneath the five provinces. For these provinces, independent

geophysical and petrologic constraints on crustal structure

show indeed that changes of crustal heat production account

for the observed heat flux variations (Mareschal et al., 1999;

Pinet et al., 1991).

We now describe several methods for calculating crustal

heat production, which consistently imply that the mantle

heat flux is 	18mWm�2.

7.06.4.3.2 Crustal heat production and Moho heat flux
In several parts of the Canadian Shield, heat flux values as low as

22 mWm�2 have beenmeasured ( Jaupart andMareschal, 1999;

Mareschal et al., 2000a,b). Similar or even lower values have also

been reported for the Siberian Shield (Duchkov, 1991), the

Norwegian Shield (Swanberg et al., 1974), andWesternAustralia

(Cull, 1991). These low values, which correspond to areas where

the crustal contribution is the lowest, provide an upper bound to

the mantle heat flux. One may refine this estimate further by

subtracting some lower bound for crustal heat production. Sur-

face heat flux records a large-scale average of heat production,

and one should consider a representative crustal assemblage and

not a single rock type such as gabbro. For no crustal material are

heat production estimates lower than 0.1mWm�3 ( Joeleht and

Kukkonen, 1998; Pinet and Jaupart, 1987; Rudnick and

Fountain, 1995). Over an average thickness of �40 km, the

contribution of the crust must be at least 4mWm�2, and the

mantle heat flux must be <18 mWm�1. In Norway, Swanberg

et al. (1974) obtained a heat flux value of 21 mWm�2 over an

anorthosite body; after estimating the crustal heat production,

they concluded that mantle heat flux is about 11 mWm�2. The

same value was obtained from the analysis of all the heat flux

and radiogenic heat production data in the Norwegian Shield

(Pinet and Jaupart, 1987).

A lower bound on mantle heat flux can be obtained by

requiring that melting conditions are not attained in the crust

in the absence of tectonic events and magmatic intrusions

(Rolandone et al., 2002). In high heat-flux areas of the Canadian

Shield, crustal rocks are at high temperatures today and were still

hotter in the past when radiogenic heat production was higher.

The condition of thermal stability provides a lower bound of

11 mWm�2 on the mantle heat flux. Combining this result with

the independent constraints derived from present-day heat flux

values leads to a range of 11–18 mWm�2 for the mantle heat

flux beneath the Canadian Shield. Arguments different from

these have led to the same range of values in other Precambrian

areas (Guillou-Frottier et al., 1995; Gupta et al., 1991; Jones,

1988).

In several regions of the world, a large fraction of the crustal

column has been exposed by tectonic processes. Sampling of

such exposed cross sections allows the determination of the

vertical distribution of radiogenic elements. If heat flux and

seismic data are also available, it is possible to determine the

total crustal heat production. For the Kapuskasing structure

in the Canadian Shield where the crustal contribution could

be determined, the Moho heat flux was calculated to be

13 mWm�2 (Ashwal et al., 1987; Pinet et al., 1991). The

average crustal heat production can also be estimated in prov-

inces where all crustal levels can be found at the surface. In

these provinces, systematic sampling will yield an estimate of

the average bulk crustal heat production. In the Grenville
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province of the Canadian Shield, the average crustal heat pro-

duction was determined to be 0.65 mW m�3 for an average

surface heat flux of 41 mWm�2. This yields a Moho heat flux

of 15 mWm�2 (Pinet et al., 1991). Similar results have been

reported for other shields in the world, including South Africa

(Nicolaysen et al., 1981) and India (Roy and Rao, 2000), and

are listed in Table 7.

Other methods have combined heat flux with other geo-

physical data, mainly long-wavelength Bouguer gravity, to esti-

mate changes in crustal composition. A search for all models

consistent with all the available data, including gravity data

and bounds on heat production rates for the various rock types

involved, leads to a range of 7–15 mWm�2 for the mantle heat

flux in eastern Canada (Guillou et al., 1994).

The estimates mentioned earlier were derived using local

geophysical and heat production data in several provinces and

rely on knowledge of crustal structure. Independent determi-

nations of the mantle heat flux may be obtained by considering

the lithosphere thickness determined by seismic and xenolith

studies. Pressure and temperature estimates from mantle xeno-

liths may be combined to determine a best-fit geotherm con-

sistent with heat transport by conduction. Mantle heat flux

estimates obtained in this manner depend on the value

assumed for thermal conductivity. Available estimates are con-

sistent with those deduced from crustal models and are listed

in Table 7.

The estimates of Table 7 come from Archean and Protero-

zoic cratons where heat flux values are generally low. Heat flux

values tend to be larger in younger stable continental regions.

For example, heat flux is higher (57 mWm�2) in the Appala-

chians than in the Canadian Shield. The crust of the
Table 7 Various estimates of the heat flux at Moho in stable
continental regions

Location
Heat flux
(mW m�2) Reference

Norwegian Shield 11 a Swanberg et al. (1974) and
Pinet and Jaupart (1987)

Baltic Shield 7–15 a Kukkonen and Peltonen
(1999)

Siberian craton 10–12 a Duchkov (1991)
Dharwar Craton (India) 11 a Roy and Rao (2000)
Kapuskasing
(Canadian Shield)

11–13 a Ashwal et al. (1987) and Pinet
et al. (1991)

Grenville (Canadian
Shield)

13 a Pinet et al. (1991)

Abitibi (Canadian
Shield)

10–14 a Guillou et al. (1994)

Trans-Hudson orogen
(Canadian Shield)

11–16 b Rolandone et al. (2002)

Slave province
(Canada)

12–24 c Russell et al. (2001)

Vredefort (South
Africa)

18 a Nicolaysen et al. (1981)

Kalahari Craton (South
Africa)

17–25 c Rudnick and Nyblade (1999)

aEstimated from surface heat flux and crustal heat production.
bEstimated from condition of no melting in the lower crust at the time of stabilization.
cEstimated from geothermobarometry on mantle xenoliths.
Appalachians contains many young granite intrusions with

very high heat production (>3 mW m�3). The elevated heat

flux can be accounted for by the contribution of these granites

and does not require mantle heat flux to be higher than in the

shield (Mareschal et al., 2000a,b; Pinet et al., 1991). Through-

out stable North America, including the Appalachians, varia-

tions of the mantle heat flux may not be exactly zero but must

be less than departures from the best-fitting relationship

(Figure 8), or about �2 mW m�2. This estimate is close to

the intrinsic uncertainty of heat flux measurements ( Jaupart

and Mareschal, 1999).

Allowing for the uncertainties and requiring consistency

with low heat-flux measurements, we retain the range of

15�3mWm�2 for the mantle heat flux in stable continents.

For this range, the differences of average heat flux between

geologic provinces cannot be accounted for by changes of

mantle heat flux and must be attributed to changes of crustal

heat production. The ranges of heat flux and heat production

values are the same for all provinces between 200 My and

2.5 Gy, with a weak trend of decreasing average heat flux and

heat production with age (Perry et al., 2006). The range is

narrower in Archean provinces where high heat-flux values

are not found, possibly because a very radioactive crust

would have been too hot to be stabilized (Morgan, 1983).

Averaging the heat production of the crust of different ages

yields a range of 0.79–0.99 mW m�3 (Table 8 and Jaupart and

Mareschal (2013)).
7.06.4.4 Recently Active Regions and Continental Margins

Submerged and recently active (i.e., during the past 200 My)

continental areas cover 92�106 km2, �45% of the total con-

tinental surface (Table 5). These regions are not in thermal

steady state and are characterized by higher heat flux than the

continental average. Because of the long thermal relaxation

time of the continental lithosphere, present surface heat flux

includes the inputs of heat from the mantle of the past

100–200 My. The crustal component can now be calculated

from crustal thickness and average heat production. After

accounting for crustal heat production, the heat from the man-

tle (including the transient component) can be estimated.

7.06.4.4.1 Compressional orogens
In compressional orogens, crustal and lithospheric thickening

result in reduced temperature gradients and heat flux, but

the total heat production in the thick crust is high. These

two competing effects lead to a complex transient thermal

structure, and few generalizations can be made on the surface
Table 8 Estimates of bulk continental crust heat production from
heat flux data ( Jaupart and Mareschal, 2013)

Age group
Heat production
(mW m�3)

Total (40 km crust)
(mW m�2) % Area a

Archean 0.56–0.73 23–30 9
Proterozoic 0.73–0.90 30–37 56
Phanerozoic 0.95–1.21 37–47 35
Total continents 0.79–0.99 32–40

aFraction of total continental surface, from model 2 in Rudnick and Fountain (1995).
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heat flux. For instance, very high heat-flux values

(>100 mWm�2) have been measured on the Tibetan Plateau

(Francheteau et al., 1984; Hu et al., 2000; Jaupart et al., 1985).

They have been attributed to shallow magma intrusions and

yield little information on the mantle heat flux. In contrast,

present surface heat flux remains low in the Alps, and after

removing the crustal heat production, heat flux at the Moho is

estimated to be as low as 5 mW m�2 (Vosteen et al., 2003).

After removing the crustal contribution, heat flux from the

mantle is also low beneath the North American Cordillera

(Brady et al., 2006) and beneath the South American Cordil-

lera, at least where it has not been affected by back-arc exten-

sion (Henry and Pollack, 1988).

7.06.4.4.2 Rifts and continental zones of extension
In rifts, recently extended regions, continental margins, and

basins, heat flux is higher than in stable areas because of a large

transient component, which ultimately represents additional

outputs of heat from the mantle. Crustal extension and litho-

spheric thinning will instantly result in steepening the temper-

ature gradient and increasing the heat flux. Thermal relaxation

from the initial conditions depends on the boundary condi-

tion at the base of the lithosphere.

In zones of extension and continental rifts, heat flux values

are significantly higher (75–125 mWm�2) than in stable

regions (Morgan, 1983). A striking feature of extension zones

is that the transition between the region of elevated heat flux

and the surrounding is as sharp as the sampling allows one to

determine, that is, Colorado Plateau–Basin and Range

Province in North America (Bodell and Chapman, 1982),

East African Rift–Tanzania Craton (Nyblade, 1997), and Baikal

rift–Siberian craton (Poort and Klerkx, 2004). This suggests

that the enhanced heat flux is not due to conductive processes

but is the direct result of extension and lithospheric thinning.

With sufficient sampling, one can detect short-wavelength var-

iations of heat flux that can be attributed to the cooling of

shallowmagmatic intrusions and groundwater movement. The

actual heat loss is higher than the average conductive value

because of heat transport by hot springs and magmas.

Lachenbruch and Sass (1978) had estimated that the heat

delivered by volcanic systems in rifts and in the Basin and

Range Province is negligible. They had also argued that the

integrated effect of heat transport by groundwater is small for

this province, with the exception of the Yellowstone system,

where locally the heat flux is >40Wm�2. Heat loss for the

entire Yellowstone system has been estimated to be �5 GW,

including both conductive and convective components

(Fournier, 1989). It would thus require 200 ‘Yellowstones’ to

increase the continental heat loss by 1 TW. The effect of conti-

nental hot spots on the budget seems presently negligible.

Estimates for the total heat loss through geothermal systems

in the East African Rift are comparable to those of Yellowstone

(Crane and O’Connell, 1983). Similar values have been

inferred for Baikal (Poort and Klerkx, 2004). In continental

as well as in oceanic rifts, the heat loss is underestimated

because of hydrothermal heat transport. However, because

continental rifts are narrow and their total surface area is

small, they account for a small fraction of the total continental

heat loss, and errors on their contribution will have a negligi-

ble impact on the end result.
The contribution of wide regions of extension is more

significant than that of rifts. In the Basin and Range Province

in the southwestern United States, the high average heat flux

(105 mW m�2) has been attributed to an extension of 100%

(Lachenbruch and Sass, 1978). This interpretation depends on

assumptions on the preextensional heat flux and on crustal

heat production. Early estimates of the mantle heat loss are

probably too large because the crustal heat production was

underestimated (Ketcham, 1996). It now appears that the aver-

age heat production of the crust is the same as in stable regions

and yields a total crustal heat flux contribution of

�33mWm�2. This implies that the transient component due

to cooling and the mantle heat flux in the Basin and Range

Province add up to a total of �70mWm�2 (Ketcham, 1996).

Physical models to account for this heat loss assume either

delamination of the lithospheric mantle or stretching and

transport of heat into the lithosphere by magmatic intrusions

(Lachenbruch and Sass, 1978). Regardless of the mechanism,

at least 2/3 of the heat flux in regions of extension comes from

the mantle.

Large igneous provinces testify of periods of enhanced vol-

canic activity in the continents. Their effect on the heat flow is

however negligible. In the Deccan, where 500000 km3 of

basalts was deposited c.60 My, there is no heat flow anomaly,

suggesting that the magmas did not heat up the lithosphere

over large volumes. Assuming that the lavas were deposited in

1 My, the heat that they carried to the surface contributed

<0.1 TW to the energy budget.

7.06.4.4.3 Continental margins: Passive
Continental margins are the transition zones between ocean

and continents and have the characteristics of both: crust that

is enriched in radioelements and rests on top of thin litho-

sphere. For a total length of about 100000 km (Bradley, 2008)

and an average width of 300 km, they cover 30�106km2, or

15% of the total continental area. Passive margins form during

the breakup of continents as continental lithosphere extends

and seafloor spreading begins. They come in many different

styles and shapes, depending on width, abundance of mag-

matic activity, and sediment thickness. Their deepest parts are

generally made of hyperextended continental crust and in

some cases exhumed continental mantle (Boillot et al., 1980;

Unternehr et al., 2010; Whitmarsh et al., 2001). They subside

as the thermal perturbation caused by thinning and rifting

decays (Sleep, 1971; Vogt and Ostenso, 1967). Most of the

present-day ones, which border the Atlantic and Indian

Oceans, formed during the breakup of Gondwanaland and

have returned to thermal equilibrium. A few recent ones (Red

Sea, Gulf of Aden, North Atlantic, etc.) are in transient thermal

regimes.

Heat flow measurements on passive margins are scarce

because conventional techniques are not adapted to shallow

water environments and/or to the high-porosity sedimentary

layers. Many heat flow values have been deduced from tem-

peratures recorded in oil wells on continental platforms or

from the depth of the bottom simulating reflector (BSR) on

continental slopes. Oil well data are either bottom hole

temperatures, which are perturbed by mud circulation and

drilling operations, or fluid temperatures during completion

tests, which are considered to be more reliable. BSRs are strong
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reflectors that occur at the lower stability limit of gas hydrates

and free gas (Singh et al., 1993). Because the stability limit

depends on pressure and temperature, the geothermal gradient

can be estimated from the depth of the BSR. Usually, thermal

conductivity is estimated empirically from lithology and

porosity, which adds to the uncertainty. The accuracy of these

data has been assessed in a few deep margins through a com-

parison with conventional marine measurements (Lucazeau

et al., 2004). Analysis of the global data set shows that heat

flow measurements are highly scattered and decrease with the

age of the margin (Figure 9), as expected (e.g., McKenzie,

1978). The values, however, are higher than the predictions

of conductive models of passive rifting with acceptable

amounts of stretching (Figure 9). Local surveys show indeed

that the surface heat flux is perturbed with respect to the

adjacent continental and oceanic domains.

In young continental margins (Red Sea and Gulf of Aden),

heat flow is higher than could be expected from the magnitude

of continental crust extension (Lucazeau et al., 2008; Martı́nez

and Cochran, 1989). Heat flow increases abruptly at the land-

ward edge of the transition region between oceanic and conti-

nental domains (OCT). The sharp lateral variation and the

magnitude of the heat flux variation both require the presence

of a shallow thermal anomaly. In the Gulf of Aden, for exam-

ple, heat flow increases from 60 to 120 mWm�2 over a few km

and then remains almost constant for several tens of kilometers
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over the OCT (Lucazeau et al., 2008). Higher heat-flux values

(up to 300 mWm�2) have been measured in the northern Red

Sea, where continental breakup is occurring today (Martı́nez

and Cochran, 1989). Independent evidence for a shallow ther-

mal anomaly comes from the depth of the seafloor. Sediments

that are deposited in the OCT during early phases of extension

and rifting belong to shallow water environments, indicating

that the isostatic consequences of crustal thinning are compen-

sated by the buoyancy of hot mantle (Huismans and

Beaumont, 2011).

In mature continental margins, the surface heat flux is usu-

ally higher than expected from passive rifting models. In the

Labrador margin (Canada), heat flux is about 15–25 mWm�2

higher than on the adjacent continent (Goutorbe et al., 2007;

Mareschal et al., 2000a,b). This is observed in many other

regions, for example, the Gulf of Guinea (Lucazeau et al.,

2004), Senegal (Latil-Brun and Lucazeau, 1988), South Africa

(Goutorbe et al., 2008a), the Gulf of Mexico (Husson et al.,

2008; Nagihara and Opre, 2005), South West India and

Makran (Calves et al., 2010; Rao et al., 2001), Mozambique

margin (Nyblade, 1997), Australian margins (Goutorbe et al.,

2008b), and the Iberia margin (Louden et al., 1997). Many

different explanations have been put forward, including high

heat production in the sediments (McKenna and Sharp, 1998)

or in the stretched continental crust (Louden et al., 1997;

Nagihara and Opre, 2005), volcanism (Rao et al., 2001),
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erosion, renewed rifting (Husson et al., 2008), and fluid circu-

lation (Deming et al., 1992; Reiter and Jessop, 1985). The

systematic pattern of heat flux variations in continental mar-

gins, however, is best accounted for by a localmantle convective

circulation (Armitage et al., 2013; Grigne et al., 2007; Guillou

and Jaupart, 1995; King and Anderson, 1998).

Measurements on passive margins, as defined in the

UNESCO Geological Map of the World (CCGM/CGMW,

2000), account for <5% of the entries in the global heat flow

database. They average 62 mWm�2 (Table 5), which is close to

the bulk continental average. OCTs are usually mapped as

oceanic domains, but do not affect the statistics significantly

if they are lumped with continental margins proper. Young

rifted margins are associated with significantly higher heat

flow values, but they account for <10% of the total passive

margin area (Bradley, 2008). Multiplying the average heat flux

by the area of passive margins, we obtain a heat loss contribu-

tion of 2.0 TW.

7.06.4.4.4 Continental margins: Active
Active continental margins lie at the transition between oceans

and continents in subduction zones. There, the surface heat

flux depends on the thermal structure and dip of the subduct-

ing plate (Molnar and England, 1990) and records local per-

turbations due to sedimentation (Hyndman et al., 1993;

Marcaillou et al., 2006) and fluid flow (Henry and Wang,

1991; Hyndman et al., 1993). Theory predicts that the surface

heat flux should decrease from the trench to the accretionary

prism and forearc basin.

In forearc domains, heat flow reflects the thermal structure

of the subducting plate and is related to the age of the plate.
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The average value is 70 mWm�2 (Figure 10). In back-arc

basins, heat flow is controlled mostly by the magnitude of

extension and magmatic activity and takes large values with

an average of 91 mWm�2 (Table 5). Similar values are found

in active mobile belts, such as the Canadian Cordillera and

Cascadia (Hyndman, 2010; Lewis et al., 2003).

For a total area of 30�106 km2, active margins contribute


2.4 TW to the total heat loss, assuming equal partitioning

between forearcs and back-arcs.
7.06.4.5 Mantle Heat Loss Through Continental Areas

There is a major difference in the thermal regime between

stable and active continental regions. In stable continental

regions, the mean heat flux is low (	55mWm�2) and mostly

comes from crustal heat production. Heat flux from the mantle

is �15 mWm�2. In extensional regions, the high heat flux

(�75mWm�2) includes contributions from crustal radioactiv-

ity (�30 mWm�2) as well as from thermal relaxation of the

mantle. Despite their thin crust, continental margins also have

higher than average heat flux (�80 mWm�2) because they are

cooling after being extended.

Different methods lead to a value of 14 TW for the inte-

grated heat flux from continental areas. Neglecting geothermal

and volcanic transport has no significant impact on this

value. The estimated average heat production of the continen-

tal crust ranges between 0.79 and 0.99 mW m�3 ( Jaupart and

Mareschal, 2013), and the total volume of continental crust

is �0.73�1010km3, which gives a total heat production in

the crust between 6 and 7 TW.
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Little is known about the amounts of radiogenic elements

in the lithospheric mantle. Direct estimates rely on a few

exposures of peridotite massifs, which are typically depleted

(Rudnick et al., 1998), and on mantle xenoliths from kimber-

lite pipes, which are usually enriched (Russell et al., 2001).

Considerations on the thermal stability of continental roots

and consistency with heat flux measurements as well as with

petrologic temperature estimates lead to the conclusion that

enrichment must be recent and associated with metasomatic

infiltrations ( Jaupart and Mareschal, 1999; Russell et al.,

2001). This enrichment process is probably limited in both

area and volume and our best estimate of radiogenic heat

production in the lithospheric mantle comes from peridotite

massifs. For the sake of completeness, we take a value of

0.02 mW m�3 (Rudnick et al., 1998) and consider an average

lithosphere thickness of 150 km. The total heat thus generated

in the subcontinental lithospheric mantle is about 0.5 TW,

which is only accurate within a factor of about 2.

Subtracting the contribution of radioactive sources from the

total heat loss out of continents, we thus arrive at an estimate of

the heat input from the mantle of 6–7 TW, about half of which

is brought through the tectonically active regions and the

continental margins.
7.06.4.6 Summary

Heat flux data are now available for provinces of all ages,

including Archean cratons that were poorly sampled 30 years

ago. About half of the heat loss through continents is accounted

for by crustal radiogenic heat production. Stable continents

allow a small heat flux of about 15 mWm�2 out of the con-

vecting mantle and act as insulators at the surface of the Earth.
7.06.5 Heat Sources

7.06.5.1 Radiogenic Sources in the Bulk Silicate Earth

The composition of our planet cannot be measured directly for

lack of direct samples from the lower mantle and the core and

has been estimated using various methods. It had been noted

by Birch (1965) that if the Earth had a chondritic composition,

its heat production would match what was then thought to be

the heat loss (30 TW). This remarkable coincidence did not

resist close scrutiny. It was soon noted that the Earth is depleted

in K relative to chondrites and this reduces the heat production

(Wasserburg et al., 1964).With the same amount of U and Th as

in the chondrites, and a terrestrial K/U ratio, the total heat

production was estimated to be only 20 TW (Wasserburg

et al., 1964). On the other side of the balance, the heat loss is

now believed to be much larger than it was then.

All attempts to construct a bulk Earth composition model

rely on two different kinds of samples: meteorites, which rep-

resent the starting material, and pieces of today’s upper mantle.

Both show rather extensive variations of composition due to

their different histories. Processes in the early solar nebula at

high temperature contribute one type of compositional varia-

tion. Processes within the Earth, which occur at lower temper-

atures, contribute another type of compositional variation.

Stated schematically, one has a range of compositions from

the early solar system and a range of compositions for the
upper mantle of the Earth, and one must devise a procedure

to account for the different processes that have affected the two

types of samples.

Chondrites represent samples of undifferentiated silicate

material from the solar system prior to melting and metallic

core segregation. Their composition derives from the solar

composition altered by processes in the early solar nebula

that have generated different families of chondrites. Perturba-

tions are essentially brought in the gas state and elemental

behavior is classified according to volatility (or condensation

temperature). For our present purposes, the important ele-

ments are uranium, thorium, and potassium. The first two

are associated with very high condensation temperatures and

called ‘refractory lithophile’ elements (RLE). That these two

elements have the same behavior in the early solar system is

demonstrated by the fact that they have the same ratio in all

types of chondritic meteorites. Potassium is a ‘moderately vol-

atile’ element with a lower condensation temperature. The best

match with solar concentration ratios is achieved by CI

chondrites, which explains whymany Earth models have relied

on them. However, we do know that CI chondrites have larger

amounts of volatiles, including water and CO2, than the Earth.

As regards samples from the Earth’s mantle, one may establish

a systematic compositional trend through the samples and

identify the most primitive (and least differentiated) material.

With these problems in mind, we review the four main types of

approaches that have been used and the resulting estimates of

Earth composition. We shall refer to the bulk silicate Earth

(BSE) that corresponds to mantle and crust.

The first method relies on direct samples from the mantle.

Ringwood (1962) argued that basalts and peridotites are com-

plementary rocks, such that the latter is the solid residue of

the partial melting event that led to basalt genesis and extrac-

tion. Thus, mixing them back together with the appropriate

proportions yields the starting material, which was named

‘pyrolite.’ Clearly, one has to choose the samples that have

not been affected by leaching and low-temperature alteration.

Unfortunately, this procedure is not efficient for uranium,

which is very mobile and seldom resists weathering.

A secondmethod relies on a choice for the starting material.

BSE concentrations are obtained by working one’s way through

the processes that turn meteorites into Earth-like material: de-

volatilization (loss of water, CO2, and other volatile elements

present in very small amounts in the Earth), followed by

reduction (loss of oxygen) and segregation of a metallic core.

Errors associated with this obviously come not only from the

mass loss estimates but also from the starting chondrite com-

position since the different groups of meteorites are all quite

heterogeneous. Many authors (e.g., Hart and Zindler, 1986)

have used CI chondrites, as explained earlier. Javoy (1995,

1999) had argued in favor of a different type of meteorites.

His line of reasoning focuses on the oxidation state of the solar

nebula when it started to condense. The only meteorites with

the right isotopic ratios and oxidation state are enstatite chon-

drites (EH) ( Javoy et al., 2010). These chondrites are largely

degassed, save for sulfur, so that the volatile loss correction is

small. RLE elements are not affected by devolatilization and

core segregation and one can use this property to avoid forward

calculations that are error-prone given the many variables and

parameters involved. Calcium belongs to the RLE group and
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the Th/Ca and U/Ca ratios of EH chondrites, which are neces-

sarily identical to the BSE values, are known (Wasson and

Kalleymen, 1988). In the model of Kaminski and Javoy

(2013) for the formation of the Earth’s mantle and core out

of EH chondritic material, the BSE Ca concentration is

1.71�0.08 wt%, which leads to values of 18.1 and 60.2 ppb

for U and Th, respectively.

The debate about the starting material for the Earth is in full

swing at the time of writing, and one can expect further devel-

opments as new isotopic measurements become available. The

choice of starting material has implications for studies of

the early solar nebula and meteorites on the one hand and of

the Earth’s mantle structure on the other hand. For example,

one argument against EH chondrites as Earth building material

is that their Si/Mg ratio is much larger than that of the upper

mantle, which requires a lower mantle enriched in Si (Fitoussi

and Bourdon, 2012). In fact, it may be that the Earth was not

made out of chondritic material. This is suggested by differ-

ences in the 142Nd concentrations and 142Nd/144Nd ratios of

chondrites and terrestrial rocks (Boyet and Carlson, 2005;

Boyet and Gannoun, 2013; Caro et al., 2008). Using the ter-

restrial Nd values and geochemical systematics, Caro and

Bourdon (2010) and Jackson and Jellinek (2013) had built a

nonchondritic BSE model that has lower U and Th concentra-

tions than chondritic ones (Table 9).

A third method tries to avoid a specific choice for the

starting composition and aims at determining it. Hart and

Zindler (1986) determined the compositional trends of chon-

dritic meteorites and peridotites, which are not parallel to one

another. Each trend records the effects of the two different sets
Table 9 Radio-element concentration and heat production in meteorites,

U (ppm)

CI chondrites
Palme and O’Neill (2003) 0.008
McDonough and Sun (1995) 0.007

EH chondrites
Wasson and Kalleymen (1988) 0.009

Bulk silicate Earth
From CI chondrites
Javoy (1999) 0.020

From EH chondrites
Kaminski and Javoy (2013) b 0.018�0.001

From chondrites and lherzolites trends
Hart and Zindler (1986) 0.021

From elemental ratios and refractory lithophile element abundances
McDonough and Sun (1995) 0.020�20%
Palme and O’Neill (2003) 0.022�15%
Lyubetskaya and Korenaga (2007) 0.017�0.003
Jackson and Jellinek (2013) 0.014�0.003

Depleted MORB source
Workman and Hart (2005) 0.0032

Average MORB mantle source
Su (2000) and Langmuir et al. (2005) 0.013
Peridotites 0.006

Continental crust
Rudnick and Gao (2003) 1.3
Jaupart and Mareschal (2013) /

aCalculated from the U value and K/U¼12000.
bU and Th values deduced from the Ca concentration and the chondritic U/Ca and Th/Ca ra
of processes operating in the primitive solar nebula and in the

Earth, and their intersection can only be the starting Earth

material. In this case, the error comes from the scatter around

the two compositional trends.

A fourth method relies on elemental ratios. For RLE, such as

uranium and thorium, the concentration ratio is independent

of chondrite type and is a property of the starting Earth mate-

rial. Once these ratios have been determined, two procedures

can be used to determine primitive abundances from measure-

ments on peridotite samples. In one procedure, one starts with

one specific element for which one can determine a reliable

value for the bulk Earth and work sequentially to all the others

using elemental ratios. The element of choice is Mg because,

although it is not the most refractory element, its behavior

during melting and alteration is well understood (Palme and

O’Neill, 2003). The other procedure is to study the relationship

between abundance and elemental ratios (McDonough and

Sun, 1995). Changes in both values can be accounted for by

variations in the degree of melting of peridotite. McDonough

and Sun (1995) used a linear regression to extrapolate the data

array to the chondritic ratio, which gives the primitive abun-

dance. Depletion processes due to melt extraction are intrinsi-

cally nonlinear, however. With a more realistic treatment of

these effects and tighter statistical analysis of the highly scat-

tered data, Lyubetskaya and Korenaga (2007) had obtained a

model for the BSE that is more depleted than previous ones.

Uncertainties on the uranium, thorium, and potassium con-

centrations are large (�15%; see Table 9).

As regards the radioactive elements of interest here, the

‘pyrolite’ method is unreliable and was not used. Table 9 lists
in the Bulk Silicate Earth, in Earth mantle and crust

Th (ppm) K (ppm) A* (pW kg�1)

0.030 544 3.5
0.029 550 3.4

0.030 /

0.069 270 4.6

0.060�0.003 217�11a 4.0�0.2

0.079 264 4.9

0.079�15% 240�20% 4.8�0.8
0.083�15% 261�15% 5.1�0.8
0.063�0.011 190�40 3.9�0.7
0.055�0.011 166�30 3.4�0.5

0.0079 25 0.59

0.040 160 2.8
0.02 100 1.5

5.6 1.5�104 330
/ / 293–352

tios.
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estimates obtained by different authors using the other

methods. One should note that concentration ratios are con-

strained more tightly than absolute concentrations. One can-

not separate uncertainties due to the starting chemical data

from those of the calculation algorithm, because each author

uses his own data and method. Without major improvement

in our understanding of early planetary accretion, it may well

prove impossible to reduce the spread of results.

Values for U, Th, and K concentrations yield estimates of

the radiogenic heat production rate in the Earth. We have used

the revised decay constants listed in Table 10 (Dye, 2012).

Those differ slightly (<4%) from the earlier estimates given

by Rybach (1988), which are commonly used in the geophys-

ical literature. Heat production values vary within a restricted

range, from 3.4 to 5.1 pW kg�1. The BSE model of Palme and

O’Neill (2003) leads to the highest value and may well be an

overestimate. The EH chondrite model does not lead to a

major difference for the present-day heat production rate but

implies important changes at early ages because its Th/U and

K/U ratios differ strongly from the others. In spite of the

differences, the range of compositions from the various esti-

mates (�15%) is sufficiently wide to allow some overlap

between them.

The different models for the bulk silicate Earth, which

includes continental crust, are listed in Table 9. They lead to

a total rate of heat production of 18 TW, with an uncertainty of

28%. After removing the contributions of the continental crust

(6–7 TW) and the lithospheric mantle (�1 TW), heat produc-

tion in the mantle amounts to a total of 11 TW, with an

uncertainty of 55%.

Independent constraints can be derived from the composi-

tions of MORBs, which have been comprehensively sampled.

MORBs span a rather wide compositional range and common

practice has been to define end-members associated with differ-

ent chemical reservoirs. According to this framework, depleted

MORBs come from a depleted reservoir whose complement

is enriched continental crust. Enriched basalts are attributed to

primitive mantle tapped by deepmantle plumes or to secondary

processes, for example, infiltrations of low-degree melts and

metasomatic fluids in subduction zones (Donnelly et al.,

2004). The heat production rate of the depleted MORB mantle

source is�0.6 pW kg�1 (i.e., at this rate, the entiremantlewould

generate only 2.4 TW). This source, however, does not provide

an exact complement of average continental crust (Workman

and Hart, 2005). An alternative approach avoids the separation

of different mantle reservoirs and determines the average
Table 10 Heat production constants

Isotope/element Natural abundance (%) Half-life (year) Energy per a

238U 99.27 4.46�109 7.65
235U 0.72 7.04�108 7.11
U
232Th 100 1.40�1010 6.48
Th
40K 0.0117 1.26�109 0.110
K

The table presents recent determinations that account for the energy taken away by neutrinos (

(e.g., Rybach, 1988).
composition of all the mantle that gets tapped by mid-ocean

ridges (Langmuir et al., 2005; Su, 2000). Composition of the

average MORB mantle source is then derived from a well-

constrained melting model. This mantle reservoir is a mixture

of different components and is the average mantle lying below

oceanic ridges. It is depleted in compatible elements andmay be

interpreted as the mantle reservoir that has been processed to

form continents (Langmuir et al., 2005). Theremay be a volume

of primitive mantle lying at depth that has never been sampled

by mid-oceanic ridges, however. Assuming that the average

MORB source extends through the whole mantle leads to a

lower bound of 11 TW on the total mantle heat production

(Table 9). Adding radioelements from the continental crust

and lithospheric mantle, which contribute 7–8 TW, we obtain

a lower bound of 18 TW for the total rate of heat production in

the Earth. This is consistent with the BSE models and their

uncertainties.
7.06.5.2 Geoneutrino Measurements

So far, it has been impossible to directly detect heat-produc-

ing elements in the mantle and measure their concentration,

but this may change with the advent of ‘geoneutrino’ detec-

tion. ‘Geoneutrinos’ are antineutrinos generated by the decay

of the radioelements in the Earth and they can be captured by

the large liquid scintillation detectors of underground neu-

trino observatories (Dye, 2010; Enomoto et al., 2007;

Fiorentini et al., 2005; Kamland collaboration, 2011;

Raghavan et al., 1998; Rothschild et al., 1998). With the

present technology, only geoneutrinos from U and Th decay

can be detected, but geoneutrinos from K decay cannot

because their energy is below the detection threshold. With

the very small cross section of the geoneutrinos (on the order

of 10�44cm2), very long exposure times in large detectors are

required for statistically significant measurements. The geo-

neutrino flux integrates all the sources in the Earth, from the

crust as well as from the mantle. In a continental observatory,

at least 75% of this flux comes from the crust (Enomoto et al.,

2007). For determining the geoneutrino flux from the mantle,

the local crustal contribution must be very accurately

accounted for, which represents a difficult challenge (Dye,

2010; Perry et al., 2009). This problem could be circumvented

by deploying large submarine detectors on the seafloor where

the crustal contribution to the geoneutrino flux is minimum

(Dye et al., 2006). An alternative solution would be to mea-

sure the direction of the interacting geoneutrinos, which
tom (pJ) Heat production per unit mass of isotope/element (mW kg�1)

95.13
568.47
98.5
26.3
26.3
28.47
3.33�10�3

Dye, 2012). These values differ slightly from the values commonly used by geoscientists
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would also place constraints on the radial distribution of

the mantle sources (Hochmuth et al., 2007; Mareschal

et al., 2012).

In recent years, two groups have reported on their geo-

neutrino observations. The Kamioka Underground

Observatory in Japan has reported on measurements during

9 years of operation. There, the geoneutrino flux is 39�10

terrestrial neutrino units (1 TNU amounts to 1 geoneutrino

event per 1032 protons per year exposure time) (Kamland

collaboration, 2011). A crustal contribution to 27�11 TNU

was inferred from a model of the Japanese crust, leaving

12 TNU from the mantle. The ‘noise-free’ observations

made after the shutdown of the Japanese nuclear reactors

following the Fukushima accident have provided new esti-

mates of the signal rate at Kamioka. The most recent analysis

gives a signal rate of 30�7 TNU, which leads to �7 TNU

from the mantle (Kamland Collaboration (Gando, A., and

45 Collaborators), 2013).

The latest results from the much smaller detector at Borex-

ino, Italy, yield a higher signal rate of 39�12 TNU with a

crustal component now estimated at 23 TNU (Borexino

Collaboration Group (Bellini and 88 Collaborators), 2013).

Combining these results leads to a total heat production for

uranium and thorium of 14�8 TW (Table 11). Using an aver-

age K/U ratio of 12000, we add heat generated by potassium

and obtain a total heat production of 18�9 TW. The difference

between the Kamioka and the Borexino values is smaller than

previously reported but leaves a large error bar on the mantle

contribution. The error is due both to the experimental uncer-

tainty and to the uncertainty on the crustal contribution. These

results are remarkable because the observatories were built for

particle physics in sites poorly suited to accurately calculate the

neutrino flux from a very heterogeneous crust. Neutrino geo-

physics is still in its infancy, but the results obtained so far give

confidence that, with longer exposure times and better statis-

tics in well-located observatories, we shall get robust con-

straints on the concentration of radioactive elements in the

mantle.
7.06.5.3 Heat Flux from the Core

The outer core is made of molten iron with very low viscosity

and loses heat to the much more viscous deep mantle.

Thus, the heat flux out of the core is controlled by the efficacy

of mantle convection and cannot be considered as an
Table 11 Present state of geoneutrino observations and estimates of the

Geoneutrino flux
(106cm�2s�1) Total TNU a Crust TNU Mantle TNU

Kamioka 3.4�0.8 30�7 23 7

Borexino 4.4�1.4 39�12 23.5 15.5

The estimated total heat generation includes the crustal contribution but not that of K.
aThe terrestrial neutrino unit (TNU) corresponds to a flux triggering 1 event per 1032 proton

0.113�106cm�2 s�1.
independent input. Nevertheless, the thermal evolution of

the core determines the energy available to drive the geody-

namo, which can be constrained from thermodynamics. This

question is briefly covered here and the interested reader

should consult the volume concerning the core (see in partic-

ular Nimmo, Chapter 8.02) and some standard references

(Braginsky and Roberts, 1995; Gubbins and Roberts, 1987;

Labrosse, 2005a,b; Lister and Buffett, 1995), as well as Hern-

lund and McNamara (Chapter 7.11).

An energy balance can be written for the core, in much the

same way as for the mantle. The main differences come from

electromagnetic processes and chemical buoyancy due to inner

core crystallization. The low viscosity maintains the convective

state very close to the reference (radially symmetrical) state.

The convective velocity at the surface of the core, which is of

the order of 10�4ms�1 (Hulot et al., 2002; see also Jackson

and Finlay, Chapter 5.05), suggests relative density fluctua-

tions of order 10�9 (Braginsky and Roberts, 1995; Labrosse

et al., 1997). Such fluctuations correspond to temperature

variations dT
10�4K in the absence of other effects. This is

much smaller than the secular temperature decrease, implying

separation of scales between the upper boundary layer and the

interior of the outer core. Thus, for the secular cooling of the

core, it is sufficient to consider radial profiles of temperature

and concentration, which are usually assumed to be isentropic

and uniform, respectively. The very thin boundary layers of the

outer core do not affect the bulk energy budget, contrary to

those of the mantle.

The energy balance of the core equates the heat flux at the

CMB to the sum of secular cooling, QC; latent heat from inner

core crystallization, QL; compositional energy due to chemi-

cal separation of the inner core (often called gravitational

energy, but see Braginsky and Roberts, 1995), Ex; and, possi-

bly, radiogenic heat generation, QH. Secular cooling makes

the inner core grow, which releases latent heat and composi-

tional energy, and the first three energy sources in the balance

can be related to the size of the inner core and its growth rate

(Braginsky and Roberts, 1995). The current growth rate of the

inner core is small (about 300 m Gy�1) and cannot be deter-

mined by observation. Thus, one has to resort to indirect

means. Energy requirements for the geodynamo do not

appear directly in the energy balance for the core because

they are accounted for by internal energy transfers, like vis-

cous dissipation in the mantle. The entropy balance, however,

depends explicitly on dissipation (Fc), which results mostly

from Joule heating (ohmic dissipation). Combining the
total radioactivity of the Earth

Heat production of U and
Th (total) TW Reference

11.2 Kamland collaboration (Gando, A. and 45
collaborators), 2013)

15 Borexino Collaboration Group (Bellini and
88 Collaborators) (2013)

s for an exposure time of 1 year. For Th/U¼3.9, the corresponding neutrino flux is
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Figure 11 Contributions to the energy (a) and entropy (b) balance in
the core, in the absence of internal heat production. Based on the
model of Labrosse (2003) and modified by Gomi et al. (2013) to account
for the new estimates of core conductivity.
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energy and the entropy balances, an efficiency equation can

be written, which is to leading order (Braginsky and Roberts,

1995; Labrosse, 2003; Lister, 2003):

Fc + TFDScond ¼ TF
TCMB

1�TCMB

TICB

� �
QL +

TF
TCMB

1�TCMB

TC

� �
QC

+
TF

TCMB
1�TCMB

TH

� �
QH +

TF
TCMB

Ex

[46]

where Ti is the temperature at which heat due to process (i) is

released and where

DScond �
ð
l

rT

T

� �2

dV [47]

is the entropy production due to heat conduction (see Ricard,

Chapter 7.02).

Equation [46] shows that the different energy sources on the

right-hand side serve to maintain the ohmic and viscous dissi-

pation (Fc) produced at temperatureTF aswell as the dissipation

due to conduction along the isentropic temperature profile

(TFDScond). The latter term is proportional to thermal conduc-

tivity, a poorly known physical property at the (P, T) conditions

of the core. Until recently, values in the range 20–77 W m�1 K�1

were used (Gubbins et al., 1982; Labrosse et al., 1997; Lister and

Buffett, 1998). Recent measurements and ab initio calculations

of electrical conductivity indicate larger values of thermal con-

ductivity in the 84–140 Wm�1 K�1 range at CMB conditions

and in the 130–220 Wm�1 K�1 range at the inner core bound-

ary (de Koker et al., 2012; Gomi et al., 2013; Hirose et al., 2011;

Pozzo et al., 2012). The rather large spread of values is not due to

differences in experimental methods or theoretical calculations

but to the uncertainty on core composition. The new conductiv-

ity values lead to a lower bound of 9 TW for the heat flux

conducted along the isentrope at the CMB. This may be higher

than the heat flux across the CMB. Were this to be true, a stable

thermal stratificationwould develop in the upper part of the core

and would impede convection and dynamo action.

All the source terms on the right-hand side of the efficiency

eqn [46], save for radiogenic heating, are linked to inner core

growth and are proportional to its growth rate. Therefore, if

ohmic dissipation Fc and radiogenic heat production QH can

be estimated, one can calculate the inner core growth rate and

the heat flux across the CMB.

Ohmic dissipation in the core is dominated by the small-

scale components of the magnetic field, which cannot be

determined directly because they are screened by crustal mag-

netic sources (Hulot et al., 1997, 2002). Estimates of this

term have therefore relied on dynamo models and scaling

relationships. Christensen (2010) had obtained a range of

Fc¼1.1�15TW (see Chapter 8.02 by Nimmo, for a more

extensive discussion). The uncertainty of this estimate affects

the CMB heat flow calculation (Figure 11). Taking Fc¼0TW

clearly provides the absolute lower bound and implies

QCMB¼5TW, which is lower than the isentropic heat flow of

9 TW. Using their lowest thermal conductivity value for the

core, Gomi et al. (2013) found that TFDScond¼1.7TW, which

is higher than the previous estimates.
The new determinations of core conductivity lead to

another argument on the minimum CMB heat flux. As dis-

cussed earlier, if the conductive heat flux along the core isen-

trope is larger than what can be transported by sluggish mantle

convection, one expects a stable thermal stratification to

develop at the top of the core. This argument must be revised

in the presence of compositional convection, however. Includ-

ing changes of compositional energy due to light element

redistribution in the energy balance for any subshell in the

core, Gomi et al. (2013) had determined the vertical profile

of convective heat flux required to maintain an isentropic

temperature profile. Because thermal conductivity increases

along a core isentrope, the conductive heat flux along an isen-

trope reaches a maximum at a depth of about 1000 km below

the CMB. With the CMB heat flux at the isentropic value, the

downward increase of the conductive heat flux must be bal-

anced by downward convective heat flux in a thick shell at the

top of the core. At this point, one can tentatively propose that

the actual temperature profile in this layer deviates from an

isentrope and becomes stably stratified. Some degree of stable

stratification has indeed been proposed at the top of the core

but over 300 km at most (see Hirose et al., 2013, for a review).

In conclusion, the conductive isentropic heat flux at the top of
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the core is at least 9 TW and depends on the imperfectly known

core composition; this value must be considered a lower

bound for the CMB heat flow. Assuming that the CMB heat

flux has been maintained at the isentropic value through

geologic time, Gomi et al. (2013) had calculated that the core

has cooled by at least 750 K in 4.5 Gy, a result with powerful

implications that are discussed later.
Table 12 Mantle energy budget, preferred value and range

TW TW

Oceanic heat loss (300�106km2) 32 30–34
Continental heat loss (210�106km2) 14 13–15
Total surface heat loss (510�106km2) 46 43–49
Radioactive sources (mantle+crust) 18 13–23
Continental heat production (crust+ lith. mantle) 8 7–8
Heat flux from convecting mantle 38 35–41
Radioactive heat sources (convecting mantle) 11 9–17
Heat from core 11 5–17 a

Tidal dissipation in solid Earth 0.1
Gravitational energy (differentiation of crust) 0.3
Total input 23 14–34
Net loss (mantle cooling) 16 1–29
Present cooling rate, K Gy�1 106 7–210
Present Urey ratio b 0.29 0.12–0.49

The distribution in the range is barely known for most cases and the preferred value is

simply the middle one. The cooling rate is computed assuming CP¼1200JK�1 kg�1.
aThis range includes estimates from core thermodynamics and inference from the

perovskite–postperovskite phase diagram.
bUrey ratio for the convecting mantle, leaving out crustal heat sources from both the heat

loss and the heat production.
7.06.5.4 Other Sources: Tidal Heating and Crust–Mantle
Differentiation

The Earth’s rotation is accelerating because of postglacial read-

justments, and it is slowing down because of tidal interaction

with themoon. The torque exerted on theMoon is due to the lag

between the tidal potential and the tidal bulge, which is 2.9�

ahead of the potential. In the Earth–Moon system, angular

momentum is conserved, but there is a net loss of the rotational

and gravitational potential energy. This energy is converted into

heat by frictional forces. With laser ranging, the changes in the

Earth–Moon distance have been measured accurately

(3.7 cm year�1), and the slowing down of the Earth’s rotation

due to tidal interaction with the Moon can be calculated exactly

(Bender et al., 1973). The effect of the solar tidal potential on

Earth rotation is �20% that of the Moon and it must be

included in the calculations. The slowing down of the Earth’s

rotation is 5.4�10�22rads�1 leading to 0.024 ms year�1

increase in the length of the day. The energy loss has been

calculated to be 3 TW, which must be accounted for by dissipa-

tion in the oceans, in the solid Earth, and in the Moon. It is

commonly assumed that most of the tidal friction comes from

dissipation in shallow seas because dissipation in the deep

oceans was shown to be small (e.g., Jeffreys, 1962; Munk and

MacDonald, 1960). Lambeck (1977) calculated that dissipation

in the seas and oceans must account for 90–95% of the energy

dissipation. The contribution of the solid Earth tide depends on

the quality factor Q and accounts for <0.1 TW for the values of

Q in the mantle suggested by seismology (Zschau, 1986). Such a

low value has now found confirmation from satellite observa-

tions of the lag between the solid Earth tide (0.16�) and the

lunar potential. This observation implies that the dissipation by

the solid Earth is 0.083 TW (Ray et al., 1996 see also Chapter

3.09 by Gross).

Some gravitational potential energy is released by the

extraction of continental crust out of the mantle. A rough

estimate can be obtained as follows:

dEg ¼
ðR
c

g rð Þrdr4pr2dr [48]

where c and R are the radii of the core and Earth, respectively,

and dr is the density difference at radial distance r. Using

a total mass of crust of 2.6�1022 kg and mass conservation,

dr/r is �0.1 in a well-mixed mantle. Neglecting induced

changes of the gravity field, we get dEg�2�1028 J. For a con-

stant rate of crustal growth during 3 Gy, the contribution to the

energy budget is 0.2 TW, which can be considered as negligi-

ble. If the net extraction of crust from the mantle has occurred

in a few short episodes, it has induced larger energy pulses. For

three or four such episodes of �200�300 My duration

(Condie, 1998), each pulse may have been as large as
0.6 TW, but this can still be neglected in an analysis of secular

cooling. In contrast to the change of gravitational energy due to

thermal contraction, most of this energy is converted to heat by

viscous dissipation because it involves differential motions

between melt and matrix.
7.06.5.5 Summary

Various models for the bulk silicate Earth composition lead to

results that differ significantly from one another. Uncertainties

on the average uranium, thorium, and potassium abundances

stem from the propagation of errors through a sequence of

elemental ratios and from the correction procedure for deple-

tion effects due to melting. A lower bound on the bulk mantle

heat production may be derived from the average MORB man-

tle source. A large uncertainty remains on the heat flux from the

core, but the recently revised core conductivity values impose a

higher lower bound than previously thought.
7.06.6 Secular Cooling: Constraints on Mantle
Temperatures

In this section, we review evidence for secular cooling, starting

with present-day evidence and working backward in time. The

total heat lost by the mantle is more than all the inputs. Our

preferred values for the input and output of energy are 23 and

39 TW, respectively (Table 12). The difference 16 TW must be

accounted for by the secular cooling of the mantle (Figure 12).

Addition of all the uncertainties results in an unrealistically

wide range (1–28 TW) for the secular cooling. Assuming a

constant value for the specific heat of 1250Jkg�1K�1, the rate

of cooling must be 3.4�10�15Ks�1 or 106KGy�1, with a

range 7–190KGy�1.

rtronnes
Highlight

rtronnes
Highlight

rtronnes
Highlight

rtronnes
Highlight

rtronnes
Highlight

rtronnes
Highlight

rtronnes
Highlight

rtronnes
Highlight

rtronnes
Highlight



Temperatures, Heat, and Energy in the Mantle of the Earth 249
7.06.6.1 The Present-Day Mantle Geotherm

The potential temperature of shallow oceanic mantle may be

calculated from the composition of MORBs which have not

been affected by fractional crystallization, and also from heat

flux and bathymetry data, as explained earlier. Such indepen-

dent determinations are summarized in Table 4 and are in very

good agreement with one another. For temperatures at greater

depth, one may use seismic discontinuities and the associated

solid-state phase changes. This classical method requires spec-

ification of the mantle composition, which is usually taken to

be pyrolite (Ringwood, 1962). Well-defined discontinuities at

depths of 410 and 660 km have been linked to the olivine–

wadsleyite transition and to the dissociation of spinel to

ferropericlase and magnesiowüstite, the so-called postspinel

transition. Other seismic discontinuities have been identified,

notably at a depth of about 500 km (Table 13). Some of these

are not detected everywhere and seem to have a regional char-

acter, and interpretation is still tentative to some extent.

Recently, a new phase change relevant to the lowermost mantle

has been discovered, from perovskite (Pv) to postperovskite
Heat production
mantle 11 TW   

Core heat flow 11 TW

Heat production 
lithosphere 8 TW 

Secular cooling 
mantle 16 TW     

Total energy loss 46 ± 3 TW

(9−17T W)

(5−17 TW)

(1−29 TW)

(7−8 TW)

Figure 12 Proposed breakdown of the present energy budget of the
Earth. With continental lithosphere, mantle heat production, and core
heat loss constrained, the mantle cooling rate is adjusted to fit the total
energy loss.

Table 13 Anchor points for the mantle geotherm

Boundary Depth (km) Temperatur

MORB generation 50 1590–1750
Olivine–wadsleyite 410 1760�45
Postspinel 660 1870�50
Core–mantle 2900 4080�130

aTrue range of temperatures in the shallow mantle.
(pPv) (Murakami et al., 2004; Oganov and Ono, 2004; see also

Chapter 2.08 by Oganov and Chapter 2.05 by Yuen et al.).

The olivine–wadsleyite phase change has a large Clapeyron

slope in a 3–4 MPa K�1 range and hence provides an accurate

temperature estimate (Katsura et al., 2004). Errors on temper-

ature arise from the experimental data and from small differ-

ences in the depth of the seismic discontinuity. In addition, in

a multicomponent material such as the mantle, there exists a

transition region whose thickness depends on composition

(Stixrude, 1997). Accounting for these effects, the temperature

estimate at 410 km is 1760�45 K for a pyrolytic upper mantle.

Isentropic profiles that pass through these (P, T ) values

(Figure 13) correspond to potential temperatures in the

range 1550–1650 K (Katsura et al., 2004), in very good agree-

ment with the independent estimates from the composition of

MORBs and heat flux data (Table 4).

Laboratory studies have cast doubt on the postspinel tran-

sition pressure (Irifune and Isshiki, 1998; Katsura et al., 2003).

Furthermore, this transition may have a very small Clapeyron

slope (as small as �0.4 MPa K�1 according to Katsura et al.

(2003)), implying that small uncertainties on pressure lead to

large errors on the transition temperature. For these reasons,

one should treat temperature estimates for this transition with

caution. Nevertheless, the uncertainty often quoted for this

value is similar to that for the 410 km discontinuity, and the
e (K) Reference

a Kinzler and Grove (1992)
Katsura et al. (2004)
Katsura et al. (2003, 2004)
Alfé et al. (2002) and Labrosse (2003), this paper
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Figure 13 Isentropic temperature profiles in the mantle for different
values of the Anderson–Grüneisen parameter, as labeled. Reproduced
from Katsura T, et al. (2004) Olivine–Wadsleyite transition in the system
(Mg,Fe)SiO4. Journal of Geophysical Research 109: B02209.
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present-day ‘best’ value for the mantle temperature at a depth

of 660 km is 1870�50 K (Ito and Katsura, 1989; Katsura et al.,

2003, 2004).

The other major discontinuity, the core–mantle boundary,

is a chemical boundary and its temperature can be computed

from the core side. Once again, the method relies on a phase

change, in this case the solidification of iron at the inner core

boundary. Using ab initio calculations, Alfé et al. (2002) had

determined that the melting temperature of pure Fe is in the

range 6200–6350 K. Experiments by Anzellini et al. (2013) up

to a pressure of 200 GPa are compatible with this value. In the

presence of light elements (O, Si, and S), the liquidus temper-

ature at the inner core boundary is lowered by 700�100K. The

outer core can be assumed to be very close to isentropic (e.g.,

Braginsky and Roberts, 1995), and the variation in temperature

can be linked to the variation in density by (e.g., Poirier, 2000)

@T

@r

� �
S

¼ g
T

r
[49]

where g is the Grüneisen parameter (see Chapter 7.02). Accord-

ing to the theoretical calculations of Vočadlo et al. (2003; see also

Vočadlo, Chapter 2.06), g¼1.5�0.01 throughout the core. We

may therefore assume that g is constant and integrate eqn [49]:

TCMB ¼ TICB
rCMB

rICB

� �g

¼ 0:73TICB [50]

which relates the temperature at the CMB to that at the ICB and to

density structure. Using g¼1.5 and density values from the pre-

liminary reference Earth model (PREM) of Dziewonski and

Anderson (1981; see alsoDziewonski and Romanowicz,Chapter

1.01), we obtain a range of 3950–4220 K for the temperature at

the top of the core. This does not account for uncertainties in the

PREMdensity values, and the range is narrower than the full range

of published values, but a full discussion of all the different

estimates is outside the scope of this chapter.

Strong constraints on temperatures above the CMB have

been deduced from studies of the Pv to pPv phase change,
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provided that it takes place in the mantle (Murakami et al.,

2004; Oganov and Ono, 2004; see also Irifune, vol. 2). Accord-

ing to the experiments of Tateno et al. (2009), this phase change

has a Clapeyron slope of 13.3�1.0 MPa K�1 and a temperature

of 3520�70 K at the CMB pressure. A key feature is that it is

likely to occur in the so-called D’’ boundary layer at the base of

the mantle. With a simple model for the radial temperature

profile in this boundary layer, Hernlund et al. (2005; see also

Chapter 1.22 by Lay and Hernlund and McNamara, Chapter

7.11) predicted that the phase change boundary should be

crossed twice in cold regions of the mantle (Figure 14) and

should not be crossed in hot regions, which seems to be consis-

tent with seismic observations. As illustrated in Figure 14, a

double crossing of the phase boundary implies that the temper-

ature gradient at the base of the mantle is higher than that of the

Clapeyron diagram. It also implies that the temperature at the

CMB must be higher than that of the phase change at that

pressure (Hernlund and Labrosse, 2007). This provides us with

a lower bound of 3700 K on the CMB temperature (Tateno et al.,

2009), which is consistent with estimates obtained from the

core side. Lateral variations of the depth of discontinuity that

are determined by seismological observations imply lateral tem-

perature differences of �1500 K in the lowermost mantle

(Hirose, 2006).

Paired seismic discontinuities have also been detected in

hot regions near the core–mantle boundary beneath the Pacific

Ocean (Lay et al., 2006). These can be reconciled with the

model of Hernlund et al. (2005) if these regions are enriched

in iron. Using a model for the boundary layer above the core–

mantle boundary and a thermal conductivity value of

10Wm�1K�1, Lay et al. (2006) had estimated that the heat

flux across the CMB is at least 13�4 TW.

The interpretation of D’’ discontinuities as due to the Pv

to pPv phase transition has been challenged by several exper-

imental studies. Catalli et al. (2009), Andrault et al. (2010),

and Grocholski et al. (2012) had found that the Pv and pPv

phases can stay in equilibrium with each other over a wide

pressure range, which is not consistent with the sharpness of
C
ol

d
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ot

antle from Hernlund et al. (2005). (a) Schematic temperature profiles for
y. (b) Sketch of thermal boundary layer at the base of the mantle
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the seismic discontinuity. These results are in direct contradic-

tion with those of Tateno et al. (2009) who reported a sharp

phase transition. The region of Pv–pPv coexistence could

extend through the whole D’’ layer and, for some mantle com-

positions, could be found at pressures higher than that of the

CMB (Grocholski et al., 2012).
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Figure 15 Temperature of the source of non-arc basaltic rocks as a
function of age. The vertical arrow at zero age stands for the range
of mantle potential temperature estimates from Table 4. Most of the data
fall between the 50 KGy�1 and the 100 K Gy�1 lines. Data from Herzberg
et al. (2010).
7.06.6.2 Temperature Versus Time

One may use petrologic constraints to investigate past temper-

atures of the mantle. Continental crustal material was different

in the Archean than it is today. Basaltic lavas exhibit systematic

compositional trends with time, including a secular decrease in

average MgO content. MgO-rich ultramafic lavas named koma-

tiites are common in the Archean and are almost absent from

today’s rock record. Early workers proposed that komatiites

require the mantle source to be at least 300 K hotter than

present (Green, 1975; Sleep, 1979), but they considered dry

mantle only. The peridotite solidus depends strongly on water

content, which in turn depends on the geologic setting. If

komatiites are generated by mantle plumes, involving mantle

that is essentially dry, that is, such that its water content is so

small that it does not affect phase boundaries, one deduces that

mantle plume temperatures have decreased by about 300 K in

3 Gy (Nisbet et al., 1995). Jarvis and Campbell (1983) sug-

gested that such hot mantle plumes did not require the

Archean mantle to be more than 100 K hotter than present

on average. According to an alternative hypothesis, komatiites

are generated in a subduction environment, involving mantle

hydrated by downgoing plates. In that case, one is led to

conclude that this part of the mantle was only slightly hotter

(�100 K) in the Archean than it is today (Grove and Parman,

2004). In both cases, komatiites do not sample ‘average’ man-

tle and it is not clear how to incorporate these temperature

estimates in models for the entire mantle.

Mid-ocean ridge tholeiites are better suited for studies of

the mantle’s average temperature because they can be sam-

pled over very large areas. They are a compositionally hetero-

geneous group, however, which translates into a wide

temperature range (�200 K) (Kinzler and Grove, 1992;

Klein and Langmuir, 1987). Abbott et al. (1994) calculated

the liquidus temperature for Phanerozoic MORBs and

Archean MORB-like greenstones and determined the maxi-

mum and minimum mantle potential temperatures versus

time. Although the range of temperatures for each period is

wide (�200 K), the trend is well marked. Abbott et al. (1994)

concluded that mantle temperatures decreased by �150 K

since 3 Gy, which is less than the range of mantle potential

temperatures at a given time. Work by Herzberg et al. (2010)

on non-arc basaltic rocks, which are again chosen because

they were melts of the ambient mantle, confirms these values

(Figure 15). A cooling rate of 50 K Gy�1 for the mantle rep-

resents �8 TW.
7.06.6.3 Early Earth

A full description of the Earth’s thermal evolutionmust include

the initial conditions. Here, ‘initial’ refers to the time when the

Earth had completed its main phase of core–mantle differen-

tiation and the mantle had solidified to the point where its
dynamics can be described as subsolidus convection. Before

reaching that point, a host of processes with different dynamics

occurred. They may be separated in three categories: accretion,

core formation, and magma ocean crystallization. The process

of the formation of the Earth brought together matter that was

originally dispersed in the protosolar nebula, thereby releasing

gravitational energy. One may estimate the total energy

released by taking the difference between the total gravitational

energies before and after. The fate of this energy, however,

depends on the way it is dissipated and transformed into

another type of energy. The effect of core differentiation is

quite different from that of accretion. Most of the processes

involved remain speculative to some extent, and we restrict our

discussion to the points that are directly relevant to the early

thermal structure. Several review articles (e.g., Stevenson, 1989;

Wetherill, 1990, several articles in vol. 9), and two books (e.g.,

Canup and Righter, 2000; Newsom and Jones, 1990) deal with

these issues in detail.

During accretion, the gravitational energy of impactors is

first transformed into kinetic energy and then dissipated in the

form of heat at the impact. One may define two limit cases. If

no energy is lost to space or stored as elastic energy, the

temperature of the whole Earth is raised by an amount equal to

DT¼ �Eg
MCP


 3:75�105K [51]

which would be sufficient to vaporize the whole planet. A large

fraction of the impact energy, however, is released at shallow

levels and lost to space by radiation. Stevenson (1989) esti-

mated that, if all the energy is made available for radiation,

accretion would raise the temperature of the Earth by <70K

relative to that of the nebula. The actual evolution lies some-

where between these two limiting cases, involving partial dissi-

pation of the impact energy within the planet and radiative heat

transfer through the primordial atmosphere. One important
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factor is the size of the impactors. ‘Small’ impactors, which are

much smaller than the target, account for the vast majority of

impacts on Earth after the planetary embryo stage (Melosh and

Ivanov, 1999). The depth of energy release increases with the

size of the impactor and one key variable is the ratio between the

time for energy transport to the surface and the time between

two impacts. During accretion, evolution toward larger and

fewer impactors has two competing effects: energy gets buried

at greater depth while the time between two impacts increases,

which enhances heat loss to the atmosphere. Assuming heat

transport by diffusion, Stevenson (1989) concluded that typical

accretion scenarios lead to significant energy retention within

the planet. The extreme case is that of the giant impact thought

to be at the origin of the Moon. Calculations suggest that the

whole Earth temperature was raised to as high as 7000 K

(Cameron, 2001; Canup, 2004). In such conditions, the whole

Earth melted and parts of it were vaporized to form a thick

atmosphere. The question of whether or not previous impacts

were able to melt the Earth becomes irrelevant.

The formation of the core also has important energetic

implications. Some gravitational energy is released by going

from a homogeneous material to a stratified core–mantle sys-

tem. Kinetic energy plays no role in this process, in contrast to

the accretionary sequence, and gravitational potential energy is

dissipated by viscous heating in both the iron and the silicate

phases. Flasar and Birch (1973) estimated that this process

would heat the whole Earth by about 1700K. This estimate

relies on the bulk difference in gravitational energy between

the initial and the final states and hence gives no information

on where energy gets dissipated. We know now that iron–

silicate differentiation occurred very early in the solar system

and affected planetesimals (Kleine et al., 2002). Clearly, core

formation within planetesimals and in the Earth after the giant

impact involves different dynamics. In large-scale models of

the giant impact, the cores of the two protoplanets merge with

little mixing with silicates (Canup, 2004). An iron emulsion

may form in the molten silicate, however, due to a combina-

tion of the Rayleigh–Taylor and Kelvin–Helmholtz instabilities

(Ichikawa et al., 2010; Rubie et al., 2003).

Several mechanisms have been proposed for core formation

(e.g., Stevenson, 1990; Rushmer et al., 2000; see also Rubie

Chapter 9.03): percolation of liquid metal through a compact-

ing solid silicatematrix, iron droplets ‘raining’ through amagma

ocean (Ichikawa et al., 2010), diapirs generated by Rayleigh–

Taylor instability at a rheological interface, and hydraulic frac-

turing (Stevenson, 2003). All these mechanisms may have been

active simultaneously or in succession at different times

(Golabek et al., 2008; Ricard et al., 2009; Šrámek et al., 2010).

They have different implications for dissipation. For example,

percolation and compaction can explain core formation in

planetesimals and planetary embryos (Šrámek et al., 2012).

On planets larger than about the size of Mars, the same process

can operate locally below impact sites and generate a metallic

diapir, which sinks into the deeper mantle once enough metal

has accumulated. Gravitational energy release during descent

leads to further melting and can trigger runaway core growth

(Monteux et al., 2009; Ricard et al., 2009).

For a Newtonian rheology, the amount of viscous heating is

f
�U2/L2, where � is the viscosity of the fluid phase, whichmay

be silicate or iron, and U and L are the scales for velocity and
length. In the case of an iron diapir, the velocity and length scales

are the same for themetal and silicate phases, but the viscosity of

the former is several orders ofmagnitudes lower. Viscous heating

is thus concentrated in the silicate phase and produces little

heating of the iron phase because the heat diffusion timescale

is less than the descent timescale. This would differentiate a core

that is initially colder than the lower mantle. In the case of

interstitial flow, the small size of iron veins makes heat diffusion

very effective and thermal equilibration with the surrounding

silicate phase likely. In the case of iron droplets raining down

through molten silicate, the droplet size is set by a balance

between surface tension and viscous drag and is typically 1 cm

(Ichikawa et al., 2010; Ulvrová et al., 2011). Thus, one also

expects thermal equilibrium between metal and silicate. With

these two last mechanisms, the metallic core is generated at the

temperature of the lower mantle. In the model of Ricard et al.

(2009), the diapir is in fact a two-phase mixture of liquid metal

and solid silicate that remain in thermal equilibrium. This typeof

diapir heats up the surrounding solid silicate during descent. The

resulting thermal structure is that of a hot core and lowermantle,

a cool midmantle, and a hot upper mantle. Thus, the Earth’s

initial thermal structure depends strongly on the mechanism of

core formation and cannot be specified with certainty yet.
7.06.6.4 Magma Ocean Evolution

Both the giant impact and core formation generated tempera-

tures that were high enough for the entire silicate Earth to be

molten. Cooling and crystallization of such a thick magma

ocean involve heat transfer through the primordial atmo-

sphere, convection, rotation, and crystal–melt separation.

Available models have been aimed mostly at determining the

extent of chemical stratification at the end of crystallization

(Abe, 1997; Solomatov, 2000).

At the scale of the whole Earth’s mantle, solidification and

crystal–melt separation involve pressure-dependent properties

that vary by large amounts from top to bottom. Current knowl-

edge on a few of these is not sufficient to draw firm conclusions

on magma ocean evolution. Starting from a fully molten man-

tle where crystallization begins, for example, depends on the

respective slopes of the liquidus and the isentrope. We know

that the liquidus is steeper than the isentrope over about

1000 km at the top of the mantle, but the reverse may be true

at greater depths (Andrault et al., 2011; Fiquet et al., 2010;

Thomas et al., 2012). An equally important variable is the

density difference between melt and solid at equilibrium,

which controls the manner of solid–liquid segregation. The

standard magma ocean scenario postulates that crystallization

proceeds from the bottom upward, which requires that crystals

sink through melts at all depths. Melts are less dense than

solids at low pressures, but the large compressibility of liquids

compared to that of crystals implies that the latter could be

buoyant with respect to silicate melts in the lower mantle

(Andrault et al., 2012; de Koker et al., 2013; Nomura et al.,

2011; Thomas et al., 2012). In this case, there might have been

two different magma oceans in the early Earth at the top and

bottom of the mantle, separated by a growing solid midmantle

horizon (Labrosse et al., 2007).

The low viscosity of the melt and the size of Earth imply

highly turbulent convective flows and rapid cooling, such that
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the magma ocean at the surface solidifies in a few thousand

years (Abe, 1997). A basal magma ocean, on the other hand,

would cool at a much slower rate due to sluggish heat transfer

across the solid mantle and could still contain isolated pockets

of partial melt today (Labrosse et al., 2007). This would

account for the ultralow-velocity zones that have been found

above the CMB (Williams and Garnero, 1996).

Turning to the evolution of a surficial magma ocean, one

must account for two rheological transitions, from puremagma

to slurry (crystals suspended in a magma) and from slurry to

mush (interconnected crystals forming a compacting matrix),

which affect the convection regime and the cooling rate. Start-

ing froma superheatedmelt at temperatures above the liquidus,

the initial phase has a solid growing at the base and a fully

molten upper layer that becomes thinner as cooling proceeds.

A first transition occurs when the fullymolten layer vanishes. At

this stage, the Earth is made of a partially crystallized magma

ocean that may lie over already fully solidified mantle. The

radial temperature profile is tied to the solidus that has a steeper

slope than the isentrope. Such a thermal stratification is unsta-

ble and leads to the convective overturn of the solid layer

(Elkins-Tanton et al., 2003). The two layers evolve at vastly

different timescales because of their different rheologies. The

bulk cooling rate is set by the heat loss through the Earth’s

surface, which is controlled by the dynamics of the partially

crystallized magma ocean at the top. In this second phase, heat

transport occurs mostly by melt–solid separation and solidifi-

cation proceeds from the bottomup. The fully solidified layer at

the base of the magma ocean thickens rapidly and eventually

becomes unstable. Convective overturn is slower than the cool-

ing of the magma ocean and may be considered as a separate

event that leads to decompressionmelting and the formation of

a secondary magma ocean at the surface and possibly at the

bottom of the mantle. The process of cooling and solidification

of this magma ocean then repeats itself. This regime prevails

until the shallow magma ocean reaches the rheological thresh-

old between liquid behavior and solid behavior, which proba-

bly occurs at a crystal fraction of about 60%. At this stage, the

shallow partially crystallized layer becomes strongly coupled to

the solid mantle below and cooling proceeds through bulk

convection everywhere. According to Abe (1993, 1997), this

was completed in a few 10 My (Figure 16) and sets the initial

conditions for secular cooling models of the solid Earth. From

the most recent phase diagrams (Herzberg and Zhang, 1996;

Litasov and Ohtani, 2002), the final rheological transition

corresponds to a potential temperature of about 1800�100 K

for a mantle composed of dry pyrolite (Figure 17).

Recent advances in geochemistry have confirmed the theo-

retical estimates of Abe (1997). Caro et al. (2003) had found

evidence that pushes early crust formation as far back as 4.4 Gy.

Others have argued that liquid water was present on the Earth’s

surface at 4.3 Gy (Mojzsis et al., 2001). These studies cannot

demonstrate that plate tectonics was already active at such early

times, but provide some support for a solid upper mantle.
70025

Figure 17 Solidus and liquidus for dry pyrolite as a function of
pressure. Adapted from Litasov K and Ohtani E (2002) Phase relations
and melt compositions in CMAS–pyrolite–H2O system up to 25 GPa.
Physics of the Earth and Planetary Interiors 134: 105–127.
7.06.6.5 Average Secular Cooling Rate of the Mantle

Subsolidus convection began at a mantle potential tempera-

ture of about 1800�100 K, which exceeds the present-day

temperature by about 200 K. This constrains the average
cooling rate of the Earth even if the timing is not known

precisely. These various constraints lead to an average cooling

rate of about 50 K Gy�1 that is consistent with changes in the

compositions of erupted lavas (Abbott et al., 1994; Herzberg

et al., 2010).

The present-day mantle potential temperature is fixed at

about 1600 K by a fit to heat flux and bathymetry data inde-

pendently of petrologic constraints and in particular of the
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water content of mantle rocks (McKenzie et al., 2005). If the

mantle contained significant amounts of water at the end of

the magma ocean phase, however, the phase diagram must be

shifted to lower temperatures. One consequence is that the

potential temperature at the beginning of subsolidus convec-

tion was lower than the 1800 K estimate used earlier. In this

case, the average cooling rate must be even <50 K Gy�1.
7.06.6.6 Summary

At the end of accretion and core–mantle separation, a magma

ocean probably extended through a large fraction of the silicate

Earth. Because of its small viscosity, it cooled and crystallized

rapidly, which led to a stratified mantle with a solid lower layer

and a partially crystallized upper layer. At the start of solid-state

mantle convection, upper mantle temperatures were such that

the surficial partially molten region had a solid fraction of

about 60%. This sets the initial temperature of the solid Earth

to a value that is about 200 K higher than the present.
7.06.7 Thermal Evolution Models

7.06.7.1 The Urey Ratio

The decay time of the bulk radiogenic heat production, which

is the weighted average of the individual decay times of the

four relevant isotopes (Table 9), is 3 Gy. Thus, over the Earth’s

history, heat sources have decreased by a factor of about 4. The

efficiency of the Earth’s convective engine in evacuating heat

generated by radioactive decay is commonly measured by

the Urey ratio, Ur, which is the ratio of heat production over

heat loss:

Ur¼

ð
V

HdV

�
ð
A

q�ndA
[52]

To calculate this ratio, we do not take continental heat

sources into account because they are stored in the continental

lithosphere and hence are not involved in mantle convection.

Using the data of Table 12, we find that Ur¼0.29, with a range

of 0.12–0.49.

The heat budget of Table 12 allows calculation of the

present-day cooling rate. Secular variations of basalt composi-

tions and consideration of initial thermal conditions provide

constraints on the total temperature drop over the Earth’s

history and hence on the average cooling rate (Figure 15).

Thus, physical models are not needed to determine how the

Earth has cooled down. Instead, the data allow a test of our

understanding of mantle convection processes, and available

constraints on the cooling rate can be turned into one for how

the rate of heat loss has changed through time. The global heat

balance reads as

M Cp

� �dT
dt

¼�Q+H [53]

where M is the mass of the Earth and hCpi an ‘effective’ heat

capacity that accounts for the isentropic variation of tempera-

ture with depth. Integrating over the age of the Earth, one

deduces that
Q�H

Q�H
¼ dT=dtð Þav

dT=dt
[54]

where Q and H are the time-averaged values of heat loss

and heat production and (dT/dt)av is the average cooling rate.

The cooling rate has an average value of about 50 K Gy�1 (i.e.,

about 200 K over 4 Gy; see Section 7.06.6.6) and a larger

present-day value (about 120 K Gy�1). Thus, the ratio in

eqn [54] is <1 and probably as low as 0.4. This implies that

the rate of heat loss has decreased less rapidly than that of heat

production.

7.06.7.2 ‘Parameterized’ Cooling Models

The characteristics of convection in well-mixed homogeneous

layers are well understood and have been used to develop

secular cooling models for Earth. Here, we briefly recapitulate

a few important results and set up the stage for further discus-

sion with simple arguments. With constant physical properties,

the heat flux through the top boundary of a convecting layer

is a function of the temperature difference across that layer

(e.g., Davies, 1980a,b; Schubert and Young, 1976; Sharpe

and Peltier, 1978). A very robust scaling law relates the dimen-

sionless heat flux (i.e., the Nusselt number) to the Rayleigh

number:

Nu¼ Q=A

kT=D
¼C1Ra

b [55]

where C1 is a proportionality constant,Q/A the heat flux, A the

surface area, T the temperature difference across the layer, D

the layer thickness, and Ra the Rayleigh number:

Ra¼ gaTD3

knM
[56]

where nM¼mM/r is the kinematic viscosity. This relationship

can be turned into an equation for heat loss Q of the form

Q¼C2T
1+bn�b

M [57]

where the constants C2 and b are obtained from boundary

layer theory as well as laboratory experiments (Howard,

1964; Olson, 1987; Turcotte and Oxburgh, 1967). This rela-

tionship is valid if, and only if, instability always occurs in the

same conditions, for example, when a Rayleigh number

defined locally in the boundary layer exceeds a critical value.

Cooling models of this kind have been termed ‘parameterized’

because they collapse all the physics of mantle convection into

a single equation involving only temperature and two dimen-

sionless parameters, C2 and b. Typically, b¼1/3, such that heat

loss is governed solely by local instabilities of the upper

boundary layer. The value of constant C2, but not that of

exponent b, depends on the instability threshold and on the

length of the convective cell (Grigné et al., 2005; Olson, 1987).

One additional parameter is required to account for the

strong dependence of viscosity on temperature. Secular cooling

implies that the mantle viscosity increases with time, which

slows down convection and decreases the cooling rate. One

can approximate an Arrhenius law for viscosity by an equation

of the form n¼n0(T/T0)
�n, with n
35, which is valid for T
T0

(Christensen, 1985; Davies, 1980a,b). The thermal evolution

equation then takes the following form:
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M Cp

� �dT
dt

¼�Q0
T

T0

� �1 +b 1+ nð Þ
+H tð Þ [58]

where Q0 is the heat loss at the reference potential temperature

T0. Temperature changes in the Earth are small compared to

the absolute temperature (i.e., �200 K for a present-day tem-

perature of �1600 K). One may thus linearize the thermal

evolution equation:

T ¼ T0 +Y, with YT0 [59]

M Cp

� �dY
dt

¼�Q0 1 +
Y
T0

1 + b+ bnð Þ
	 


+H tð Þ [60]

For simplicity, we assume that heat production decreases

exponentially with time, such that H(t)¼H0�exp(�t/tr),
where tr�3Gy. The solution of eqn [60] is

Y¼Y0�exp �t=tp
� �

+
Q0tp
M Cp

� � exp �t=tp
� ��1

� �
+

H0tptr
M Cp

� �
T0 tr� tp
� � exp �t=trð Þ�exp �t=tp

� �� � [61]

where we introduce the convective relaxation time tp:

tp ¼
M Cp

� �
T0

1 + b+bnð ÞQ0
[62]

Using standard values for the parameters and variables

involved, n¼35, b¼1/3, M¼6�1024kg, Q0¼30TW,

T0¼1300K (the temperature jump across the boundary layer

is the relevant parameter here), and hCpi¼1200Jkg�1K�1, the

thermal relaxation time is about 800 My.

Equation [61] for the average mantle temperature depends

on a number of parameters. We can summarize simply the

constraints brought by observations by noting that, for t�tp,

Ur! tr� tp
� �

tr
[63]

For tp¼800My and tr¼3Gy, Ur¼0.75, which is much

larger than the values derived earlier. In order to meet the

constraint of the Urey ratio, one must increase the adjustment

time of mantle convection. Rephrased differently, this states

that the rate of heat loss does not keep up with the decrease of

radiogenic heat production. We have reached the same conclu-

sion in the previous section with a completely different argu-

ment on the difference between the secular average and the

present-day values of the cooling rate.

In order to increase the adjustment time of mantle convec-

tion, one option is to appeal to a layered mantle (McKenzie

and Richter, 1981). Another option is to decrease the value of

exponent b. According to Christensen (1984, 1985), this may

be a consequence of the temperature dependence of viscosity.

For very large variations of viscosity, however, convection

occurs in the stagnant lid regime (e.g., Davaille and Jaupart,

1993; Ogawa et al., 1991; Solomatov and Moresi, 1997). In

this case, plate tectonics is shut off, which is not a satisfactory

solution. There may be an intermediate regime with subduc-

tion of the very viscous lid, such that b¼0.293 (Solomatov and

Moresi, 1997), but this b value is too large to meet the con-

straint of the Urey ratio. In an attempt to account for the

resistance to plate bending at subduction zones, Conrad and
Hager (1999) had suggested that b
0. Following a similar line

of reasoning and building on a study by Sleep (2000),

Korenaga (2003) pushed the argument further by introducing

variations of plate rigidity due to changes in the depth and

degree of melting as the mantle cools down. He proposed that

b is in fact negative. In accurate models of compressible mantle

convection, however, dissipation due to plate bending

accounts for <10% of the total dissipation and has little

impact on the value of b (Leng and Zhong, 2010). Further-

more, there is no evidence that resistance to bending actually

limits subduction on Earth. For example, no correlation exist

between the slab dip (which specifies the radius of curvature of

the plate at the trench and hence the extent of bending) and the

magnitude of slab pull or the convergence rate (Lallemand

et al., 2005).

‘Parameterized’ models rely on strong assumptions on plate

size and/or subduction age, which are difficult to test and

which may not be valid. One important point is that, after

about 2 Gy, temperatures from eqn [61] are not sensitive to the

initial conditions, which has two implications. One is that

failure to reproduce the present-day Urey ratio cannot be

blamed on the poorly known initial condition. The other

implication is that ‘backward’ thermal calculations starting

from the present become unreliable for old ages.

We now describe several features of the Earth’s convective

system that make it quite distinctive. We discuss the relevance

of heat loss ‘parameterizations’ and evaluate whether the

present-day heat balance is representative of the secular evolu-

tion of Earth, which, by definition, only involves long-term

changes.
7.06.7.3 The Peculiarities of Mantle Convection:
Observations

Convection in the Earth’s mantle proceeds in peculiar ways.

One distinctive feature is the triangular age distribution of the

seafloor (Figure 7; Becker et al., 2009; Labrosse and Jaupart,

2007; Parsons, 1982), which is at odds with other convecting

systems as well as with the parameterized schemes discussed

earlier. We show in Appendix H the age distribution at the

upper boundary of several convective layers. None of them

resemble that of Earth, which illustrates current limitations in

reproducing mantle convection processes.

A few other peculiar features of mantle convection are

worth mentioning. Heat loss is unevenly distributed at the

surface. The Pacific Ocean alone accounts for almost 50% of

the oceanic total and 34% of the global heat loss of the planet.

This is due in part to the large area of this ocean and in part to

its high spreading rate. Oceanic plates are transient, such that

changes of oceanic heat loss may occur when a new ridge

appears or when one gets subducted. For example, the heat

flux out of the Atlantic Ocean is about 6 TW, 17% of the

oceanic total (Sclater et al., 1980). This ocean has almost no

subduction and started opening only at 180 My. At that time,

the generation of a new mid-ocean ridge led to an increase

of the area of young seafloor at the expense of old seafloor

from the other oceans and hence to enhanced heat loss. From

the standpoint of dynamics, the most challenging features of

mantle convection are perhaps the large variations of plate

speeds and dimensions that exist. With the small number of
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plates present, averaging values of spreading velocity and plate

size may well be meaningless.

One key feature of Earth is the presence of large continents

at the surface, which play an important role. They do not allow

large heat fluxes through them and generate boundaries with

complicated shapes that constrain mantle flow. They exert a

strong control on secular cooling and may well be responsible

for the triangular distribution of ocean floor ages (Coltice et al.,

2012; Grigné and Labrosse, 2001; Labrosse and Jaupart, 2007;

Lenardic et al., 2005).
7.06.7.4 Convection with Oceanic Plates

Controls on the Earth’s heat loss are direct consequences of the

convection regime. To derive an equation for heat loss on

Earth, we focus on the oceans. In continents, crustal radioac-

tivity accounts for a large fraction of the surface heat flux, such

that the basal heat flux out of the convecting mantle is very

small. Continental radioactivity plays no dynamic role and we

may thus, as a first approximation, equate the heat loss of Earth

to that of the oceans. For the sake of simplicity, we specify the

heat flux using a half-space cooling model. Predictions from

that model differ from observations at old ages only, and the

difference represents a small fraction of the total: changing heat

loss through seafloor older than 80 My by 30% (an overesti-

mate) impacts the total planetary value by only 6%. Thus, we

assume that q¼ lTM=
ffiffiffiffiffiffiffiffi
pkt

p
. For a rectangular plate of velocity

U and width l, heat loss QP is

QP ¼
ð
A

qdA¼
ðtm
0

qlUdt¼ 2
lffiffiffiffiffiffi
pk

p TMUl
ffiffiffiffiffiffi
tm

p
[64]

where tm is the maximum plate age. The plate length is

L¼Utm and the rate of heat loss over the total area of the

plate, AP¼Ll, is

QP ¼ 2AP
lTMffiffiffiffiffiffiffiffiffiffiffi
pktm

p [65]

This result holds for a plate where subduction occurs at the

same age everywhere, such that the distribution of seafloor ages

is a boxcar function (which shall be referred to as a ‘rectangu-

lar’ age distribution). Note that it was derived directly from

eqn [64] independently of dynamic constraints on the spread-

ing velocity. All the dynamic information needed is in the

subduction age tm, which has not been determined yet.

It may be shown that all the other key variables of convec-

tion, plate velocity U and length L, depend on tm. To obtain a

closure equation for this variable, a widely used argument is

that the thermal boundary layer becomes unstable when a

local Rayleigh number exceeds a threshold value. This leads

to the ‘parameterized’ model with b¼1/3, which is not satis-

factory. A key piece of physics is missing, which would specify

how tm changes when the mantle cools down. When the Earth

was hotter, lithospheric plates were stiffer than today

(Korenaga, 2006), but consequences for the subduction age

tm or the plate length L are not obvious. One might imagine,

for example, that the higher intrinsic stiffness of the litho-

sphere gets compensated by subducting younger and hence

thinner plates, such that the total dissipation due to bending

does not change much.
To specify the controls on the Earth’s heat loss, one runs

into two different types of difficulties. One must understand

what determines the maximum plate age tm and one must go

from a single convection cell to several cells with completely

different characteristics. Even if we restrict ourselves to the

major plates on Earth today, we cannot overlook the fact that

both their size and spreading rate vary by one order of magni-

tude. In such conditions, the best strategy is to derive useful

relationships without reference to dynamic arguments.

We use again the half-space cooling model that is suffi-

ciently accurate for our purposes. The distribution of seafloor

area can be expressed as a function of dimensionless age t/tm:

dA

dt
¼CAf

t
tm

� �
[66]

where CA is the plate accretion rate. By construction, dimen-

sionless function f goes from 1 for t/tm¼0 to 0 for t/tm¼1.

Using the heat flux expression [30], the total oceanic heat

loss is

Qoc ¼Ao
lTMffiffiffiffiffiffiffiffiffiffiffi
pktm

p

ð1
0

f uð Þffiffiffi
u

p duð1
0

f uð Þdu
¼Ao

lTMffiffiffiffiffiffiffiffiffiffiffi
pktm

p x fð Þ [67]

where Ao is the total ocean surface and x(f ) a coefficient that

depends on the dimensionless age distribution. For the

present-day triangular age distribution,

Qoc ¼ 8Ao

3

lTMffiffiffiffiffiffiffiffiffiffiffi
pktm

p [68]

This has the same form as the previous result for a rectan-

gular plate (eqn [65]), with a different proportionality

constant.

Even though we have not used any dynamic argument to

derive the heat loss equation, we can relate changes of heat loss

to changes of spreading rate. The total oceanic area is

Ao ¼CAtm

ð1
0

f uð Þdu [69]

If we assume that the oceanic area and the age distribution

remain constant, changes of CA, the rate of plate generation,

imply changes of tm, which in turn imply changes of heat loss

at constant mantle temperature.

The oceanic heat loss can be equated with little error to the

convective heat loss on Earth. Thus, eqns [65], [67], and [69]

provide the most compact description of the physical controls

on cooling. They avoid the problem of defining an ‘average’

plate with average velocity and length. They say nothing, how-

ever, about the maximum plate age tm.
7.06.7.5 Vagaries of Seafloor Spreading and Heat Loss

We have taken great care in calculating the various items in the

energy budget but have been dealing with a record of oceanic

spreading and geologic activity that is very short compared to

the planet’s age. Thus, we must evaluate whether our estimates

are truly representative of the Earth’s secular evolution or not.

In eqn [67], one coefficient that can vary significantly over

short timescales is x(f ), which depends on the dimensionless
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Figure 18 Variation of seafloor spreading rates over the last 180 My
accounting for oceanic ridges that got subducted in the Pacific and
Tethys Oceans. The black line is the half spreading rate and the gray area
represents the uncertainty. The red line is the average value. Adapted
from Cogné J-P and Humler E (2004) Temporal variation of oceanic
spreading and crustal production rates during the last 180 My. Earth and
Planetary Science Letters 227: 427–439.
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distribution of seafloor ages. A few authors have attempted to

calculate spreading rates in the past. The last 180 My has seen

the closure of the Tethys Ocean and the subduction of several

ridges in the paleo-Pacific Ocean (Engebretson et al., 1984).

Accounting for those, the total seafloor generation rate has not

changed significantly for the past 180 My according to Cogné

and Humler (2004) (Figure 18). Fluctuations in seafloor

spreading may occur on a larger timescale. Subduction of

young seafloor occurs mostly at the edge of continents and

may be due to the complex shapes of ocean–continent bound-

aries. With all continents assembled in a single landmass, the

large continuous oceanic domain imposes less constraints on

spreading and subduction. In other words, the present-day

distribution of subduction zones may be a transient feature

associated with the breakup of Gondwanaland (Seton et al.,

2009). Coltice et al. (2012) had recently reproduced the trian-

gular oceanic age distribution with numerical calculations of

convection in a spherical Earth with platelike behavior and

rigid blocks acting as continents. They found that, when con-

tinents are assembled, ocean–ocean subduction dominates

and generates the same rectangular age distribution as classical

convection systems where subduction is entirely controlled by

buoyancy.

The assembly and breakup of supercontinents may affect

the distribution of seafloor ages in the oceans and hence the

Earth’s heat loss. Such global reorganization occurs over some

characteristic time tW. Allègre and Jaupart (1985) had related

this time to the ‘mean free path’ of continents, such that

continents sweep the whole surface of the Earth and necessarily

run into one another. They obtained tW�400My for present-

day spreading rates and distribution of continents, which is

less than the thermal adjustment time tp (eqn [62]). tW varies

as a function of continental area and drift velocity and has

probably been larger in the past when continents occupied a

smaller fraction of the Earth’s surface. Geologic data support
such an increase of tW (Hoffman, 1997). Note that this obser-

vation runs against the intuitive notion that plates moved

faster in the past. If the rate of heat loss of the Earth depends

on the distribution of continents, it oscillates on a timescale tW
over a long-term decreasing trend. We now attempt to estimate

how large these oscillations can be.

Convective systems that are not constrained by lateral

boundaries lead to age distributions that are almost rectangular

(see Appendix H). In this case, subduction occurs at the same

age everywhere and parameter x(f ) is equal to 2, as shown by

eqn [65], which is 25% less than the value for the triangular

distribution (8/3). This decreases the estimated oceanic heat

loss by about 8 TW, which amounts to about half of the

difference between present heat loss and heat production in

the mantle (Table 12). Assuming for the sake of argument that

the lifetime of a supercontinent is as long as the Wilson cycle

and that these cycles are accompanied by changes of the age

distribution of seafloor, the time-averaged oceanic heat loss

could be 12.5% (i.e., 4 TW) less than the estimate of Table 12.

A similar result was obtained by Grigné et al. (2005) using

numerical models with many interacting convection cells of

variable wavelength. As shown by Labrosse and Jaupart

(2007), such fluctuations have a small influence on the Earth’s

thermal evolution because they are too small to cause signifi-

cant changes of the planet’s bulk internal energy and temper-

ature. They do, however, impact arguments on the Urey ratio

and the global energy budget.

Another variable that enters the heat loss expression

(eqn [67]) is the total area of oceans. So far, we have assumed

that it remains constant through time, but changes of oceanic

area that are not related to rigid plate tectonics are likely to

occur due to zones of diffuse deformation. Such zones are

found in both oceans and continents and presently account

for�15% of the Earth’s surface (Gordon, 2000). In continents,

extension occurs at the expense of oceans, whereas shortening

increases the oceanic area. These zones are usually very active

and characterized by high heat flux, as in the Basin and Range

Province, for example. Assuming that the average heat flux over

such zones is equal to that in the Basin and Range Province

(105 mW m�2), the net effect on the global heat loss is small

because this heat flux is � the average oceanic one.

Yet another type of transient may be due to alternating

phases of enhanced and subdued hot spot activity. The mag-

nitude of the induced heat loss variations is likely to be small

given the relatively modest contribution of mantle plumes to

the total heat loss (<4 TW).

Three types of transient phenomena are likely to induce

fluctuations of the Earth’s rate of heat loss. Thus, one should

allow for small, but significant, departures from today’s energy

budget in studies of the Earth’s secular thermal evolution.

These departures are not large enough to explain the difference

between the present and the average values of the secular cool-

ing rate, however, and we evaluate the role that may be played

by the Earth’s core.
7.06.7.6 Heat Flow from the Core

Collapsing the thermal evolution of the Earth into a single

energy equation (eqn [53]) explicitly assumes that only one

temperature is sufficient to describe internal energy changes or
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equivalently that the core and the mantle evolve at propor-

tional rates. There are reasons to think otherwise: as discussed

in Section 7.06.5.3, the core has probably been cooling by

more than 750 K, and possibly by as much as 1000 K, in 4 Gy,

whereas the mantle has cooled by <200 K over the same

interval. Let us consider how this affects the thermal evolution

of the Earth.

Allowing for imperfect coupling between mantle and core,

the global energy balance must allow for two different temper-

ature evolutions:

Mm Cmh idTm
dt

+Mc Cch idTc
dt

¼�Q +H [70]

where, for simplicity, the effective heat capacities for the core

and mantle, hCci and hCmi, respectively, account for isentropic
temperature gradients and the consequences of inner core

growth. Mm and Mc are the mantle and core masses, respec-

tively. Taking average cooling rates of 50KGy�1 and

250KGy�1 for mantle and core, respectively, and H¼20TW,

we find that the present-day heat loss is Q¼43TW, close to the

observations. With the additional degree of freedom brought

by core cooling, one can readily reconcile the present-day

energy budget with available constraints on the mantle cooling

rate and heat production. In other words, the difference

between the present-day cooling rate of Earth (98KGy�1,

Table 11) and the secular average value for the mantle

(50KGy�1, Section 7.06.6) may be due in part to imperfect

thermal coupling between mantle and core.
7.06.7.7 Summary

This section has emphasized that it is not easy to get around the

powerful constraint of the energy budget. Most theoretical

models for the cooling of Earth fail to account for the

present-day imbalance between heat loss and heat production.

This may be due in part to a particular convection phase that

temporarily enhances heat loss compared to the long-term

evolution. Past mantle temperature changes are documented

in a variety of ways and provide key evidence on the Earth’s

convective engine. In particular, they imply that, in the past,

the bulk rate of heat loss has changed less rapidly than that of

heat production. The assumption that temperatures in the core

and the mantle evolve at proportional rates is a gross simplifi-

cation, which is difficult to reconcile with recent results on core

thermal properties and geodynamo requirements.
7.06.8 Conclusions

Studies of the thermal evolution of the Earth are as old as

physics and remain central to geology, for they deal with the

energy that drives all geologic processes. The heat budget of the

mantle can be established with a reasonable accuracy (�20%),

thanks to the tremendous improvements in our knowledge of

physical properties and data coverage. The Urey number is the

ratio of heat production to heat loss, two imperfectly known

quantities whose estimates are summarized in Table 12. Our

current estimates for the Urey number are in the range

0.12–0.49, which rules out most available cooling models.

Heat loss does not follow the decay of radiogenic heat
production, and the time lag is on the order of the age of the

Earth (see Section 7.06.7.1).

The present mantle energy budget implies a secular cooling

rate in the range of 7–210 K Gy�1. Over a long timescale, the

average value for the cooling rate estimated from geologic

constraints appears to be at the low end of this range

(50 K Gy�1). There is no reason to assume that the cooling

rate has remained constant through time. Both geologic data

and physical constraints on the thermal structure of the early

Earth indicate that the cooling rate has increased as the planet

got older (see Section 7.06.7.5). Plate tectonics is a regime of

mantle convection attainable only in a state of subsolidus

rheology that is with at most 40% melt. Thus, independent

constraints on the cooling rate come from considerations of

early Earth conditions. The most recent phase diagrams for the

mantle indicate that the 40% melt threshold is reached when

the potential temperature is about 200 K higher than at present

(Litasov and Ohtani, 2002; Zerr et al., 1998; see also Boehler,

vol. 2). If plate tectonics has been operating since the end of

the magma ocean, the total amount of cooling is known and

the average cooling rate cannot be more than about 50 K Gy�1.
Appendix A Contraction of the Earth due to Secular
Cooling

The planet contracts as it cools down. This induces changes of

gravity that themselves induce changes of pressure and density.

Here, we derive an approximate solution for a homogeneous

planet in order to show how this affects the contraction rate

and to identify the control variables.

Assuming spherical symmetry, governing equations are as

follows:

1

r2
d

dr
r2g
� �¼ 4pGr [A.1]

dP

dr
¼�rg [A.2]

where G is the gravitational constant and P the pressure. From

the equation of state, we deduce that

dr
dr

¼ dr
dP

dP

dr
¼ r
Ks

dP

dr
[A.3]

¼�r2g
Ks

[A.4]

where Ks is the isentropic bulk modulus. For simplicity, the

bulk modulus is assumed to be constant. Using radius R as

length scale and the density at the top (defined more precisely

later) rT as density scale, the proper gravity scale is

g½ � ¼GrTR [A.5]

Equations can now be written using dimensionless

variables:

1

r2
d

dr
r2g
� �¼ 4pr [A.6]

dr
dr

¼�Er2g [A.7]

where e is a dimensionless number that provides a measure of

the magnitude of density changes due to pressure:

rtronnes
Highlight
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e¼ rT g½ �R
Ks

¼Gr2TR
2

Ks
[A.8]

We consider that the radial temperature profile is isentropic

and neglect the upper thermal boundary layer that does not

contribute much to the total mass and energy. Thus, reference

density rT is the mantle density at the atmospheric pressure,

that is, at the potential temperature of the isentropic radial

profile. For what follows, the key point is that rT is not affected
by internal pressure changes due to contraction.

For rT¼3.3�103kgm�3, R¼6370 km, and a value of

150 GPa for Ks, e�0.2. This is small and we expand all the

variables in series of e. We find

r¼ 1+ e �4p
6

r2�1
� �	 


+ � � � [A.9]

g¼ 4p
3
r + e

16p2

90
r 5�3r2
� �	 


+ � � � [A.10]

To first order in e, the mass of the planet is

M¼ 4

3
prTR

3 1 +
4p
15

e
� �

¼ 4

3
prTR

3 1 +
4p
15

Gr2TR
2

Ks

� �
[A.11]

Writing that mass is conserved when rT and R change, we

obtain

DR
R

¼�1

3

DrT
rT

1 +
16p
45

Gr2TR
2

Ks

� �
[A.12]

By definition, surface density rT is calculated at the

atmospheric pressure and hence depends on temperature

only, such that

DrT
rT

¼�aDT [A.13]

where a is the thermal expansion coefficient at the atmospheric

pressure. The end result is therefore

DR
R

¼ aDT
3

1+
16p
45

Gr2TR
2

Ks

� �
[A.14]

This shows that contraction is enhanced by the change in

gravity field.

Appendix B Gravitational Energy Changes

Here, we present a demonstration for changes of the bulk

gravitational energy that was made by Paul Roberts (pers.

comm.). For a sphere of uniform density and radius R,

Eg ¼�16p2

15
Gr2R5 [B.1]

For a contracting object with moving material boundaries,

it is convenient to employ the Lagrangian variables. Because of

mass conservation, the most convenient variable is the mass in

a sphere of radius r :

M rð Þ¼ 4p
ðr
0

r rð Þr2dr¼
ðr
0

r rð ÞdV [B.2]

Thus,

g rð Þ¼GM rð Þ
r2

[B.3]
The gravitational energy in a material volume bounded by

spheres of radii r1 and r2 is

E12 ¼�
ðr2
r1

rgrdV ¼�
ðM2

M1

rgdM¼�
ðM2

M1

GM

r
dM [B.4]

The Lagrangian derivative is easily calculated using the

variable M :

dE12
dt

¼
ðM2

M1

dr

dt

GM

r2
dM [B.5]

For this calculation, the velocity field is limited to contrac-

tion, such that dr/dt¼vc. Thus,

dE12
dt

¼
ðM2

M1

vc
GM

r2
dM¼�

ðr2
r1

r vc�gð ÞdV [B.6]

which is the integral form of eqn [17] in the main text.
Appendix C Viscous Dissipation

The developments that follow stem in part from comments by

Yanick Ricard. Viscous dissipation involves deviatoric stresses

and departures from hydrostatic equilibrium. For steady-state

conditions, Alboussière and Ricard (2013) had thoroughly

examined the various assumptions and simplifications that

have been made over the years and had come up with several

alternative forms of the dissipation equation. In transient ther-

mal conditions, the problem becomes more complicated as

one must deal with changes of the hydrostatic base state. The

base state is defined by the azimuthal averages of temperature

and pressure and follows an isentrope, defined by its entropy s,

temperature T, pressure p, and density r. By definition of the

isentrope, s does not vary with radial distance, such that

rT
@s

@r
¼ rCp

@T

@r
�aT

@p

@r
¼ 0 [C.1]

From hydrostatics,

@p

@r
¼�rg [C.2]

which leads to

@T

@r
¼� ag

Cp
T [C.3]

which defines the isentropic radial temperature profile. s is a

function of time only and is well suited to track changes of the

base state as the planet is cooling down.

For convection in the solid Earth, inertial terms can be

neglected in the momentum balance, with the consequence

that changes of kinetic energy are also negligible in the

mechanical energy balance equation [10]. Subtracting the

hydrostatic balance equation [14] from the momentum bal-

ance, we get

0¼�r dpð Þ�r�s + drg [C.4]

where dr and dr are deviations from the azimuthal averages of

pressure and density, respectively, and where we have

neglected perturbations to the gravity field, which only appear

in second-order terms. Introducing the temperature
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perturbation, y, the density perturbation is obtained by a

Taylor expansion about the mean:

dr
r
¼ dp
KT

�ay [C.5]

Introducing the isentropic bulk modulus KS and Grüneisen

parameter g, such that KS¼KT(1+gaT ), we obtain

0¼�r dpð Þ+ rg dp
KS

+
gaT
KS

dp�ay
	 


�r�s [C.6]

which can be recast as

0¼�rr dp
r

� �
+ rg

gaT
KS

dp�ay
	 


�r�s [C.7]

Using the entropy equation, we obtain

0¼�rr dp
r

� �
�arTg

Cp
ds�r�s [C.8]

where ds is the entropy perturbation. Taking the scalar product
with convective velocity w, we deduce a modified form of the

mechanical energy balance:

0¼�rw�r dp
r

� �
�arT

Cp
w�gð Þds�w�r�s [C.9]

Integrating this equation over the planet volume yields

three separate integrals, which are evaluated separately. The

first one on the right yieldsð
V

rw�r dp
r

� �
dV ¼

ð
A

dpw�dA�
ð
V

dp
r
r� rwð ÞdV [C.10]

The two contributions on the right-hand side are zero. For

the first one, we use the fact that the pressure perturbation dp
must vanish at the Earth’s surface where pressure is held con-

stant. For the second one, we rely on the continuity equation in

the anelastic approximation, r� rwð Þ¼ 0 (Braginsky and

Roberts, 1995). The third integral on the right of the mechan-

ical energy balance equation [C.9] yieldsð
V

w�r�sdV ¼
ð
V

w�r�s�r� s�w½ �ð ÞdV +

ð
V

r� s�w½ �dV

¼
ð
V

fdV +

ð
A

w� s�dA½ �
[C.11]

The last term on the right of this equation is the work

of shear stresses at the Earth’s surface, which is negligible.

Using these results, the mechanical energy equation may be

reduced to ð
V

fdV ¼�
ð
V

arT
Cp

w�gð ÞdsdV [C.12]

which specifies dissipation. Under a series of assumptions, it

may be shown that the integral on the right can be reduced to

(Alboussière and Ricard, 2013)ð
V

arT
Cp

w�gð ÞdsdV ¼�
ð
V

ragwrydV [C.13]

where wr is the radial velocity component. This integral can be

interpreted as the work of buoyancy forces and has been called
the ‘buoyancy flux.’ The power of the dissipation equation in

this form is that it can be expressed as a function of the

convective heat flux rCpwry
� �

and can be related to heat loss

directly. Alboussière and Ricard (2013) had emphasized its

approximate nature, however, such that it cannot be applied

to complex thermodynamic systems without care.

Dissipation enters the local energy balance (eqn [11]) but

not the global energy budget for the planet as a whole

(eqn [1]). To find out how this comes about, we separate

entropy into the azimuthal average s and perturbation ds:

rT
Ds

Dt
¼ rT

Ds

Dt
+ rT

@ds
@t

+rTw�rds [C.14]

where we have relied on the anelastic approximation in using r
instead of r (Braginsky and Roberts, 1995). The last term on

the right can be rewritten as follows:

rTw�rds¼r� rTdswð Þ�r w�rTð Þds�Tdsr� rwð Þ [C.15]

The third term on the right can be set to zero using mass

conservation, as mentioned earlier. The first term on the right

is written in conservative form and leads to zero upon integra-

tion over the volume. Thus,ð
V

rT w�rdsð ÞdV ¼�
ð
V

r w�rTð ÞdsdV [C.16]

Collecting terms in the energy balance and neglecting exter-

nal energy transfers (in the c term), we findð
V

rT
Ds

Dt
dV +

ð
V

rT
@ds
@t

dV ¼
ð
V

rw� rT�aT
Cp

g

� �
dsdV

�
ð
A

q�dA+

ð
V

HdV [C.17]

If we neglect second-order terms, the first term on the right

involves temperature variations along the isentrope and can-

cels because of our assumption of an isentropic base state

defined by eqn [C.3]. We now evaluate the second term on

the left. Integrating over the volume involves surface integrals:ð
V

rT
@ds
@t

dV ¼
ðR
0

ð
A

rT
@ds
@t

dA

� �
dr [C.18]

We split temperature into the azimuthal average T and

perturbation y and consider the two corresponding contribu-

tions. For the former, by definition of the azimuthal average,

the surface integral over a spherical shell of radius r can be

expressed as follows:

ð
A

rT
@ds
@t

dA¼ rT
@ds
@t

� �
4pr2 [C.19]

which is zero by definition of the entropy perturbation ds. The
remaining term involving the temperature perturbation y and

the entropy perturbation ds is a second-order term that can be

neglected as before.

The first term on the left of eqn [C.17] involves the entropy

of the base state:

rT
Ds

Dt
¼ rT

@s

@t
+w�rs

� �
¼ rT

@s

@t

� �
[C.20]

where we have used rs¼ 0 by definition of the isentrope.

Writing entropy variations with state variables T and r, we get
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rT
@s

@t
¼ rCv

@T

@t
�aTKT

r
@r
@t

[C.21]

We therefore end up with an equation for temperature:ð
V

rCv
@T

@t
dV ¼

ð
V

aTKT

r
@r
@t

dV�
ð
A

q�dA+

ð
V

HdV [C.22]

where the first term on the right is the only remaining contri-

bution of contraction and has been referred to as ‘adiabatic

heating.’ This term is small for solid-state planets because of

their small values of the thermal expansion coefficient

(aT1). If one uses an alternative form of the entropy equa-

tion with pressure and temperature as the two independent

state variables, one deals with Cp instead of Cv. The former

varies with temperature but the latter does not (at least in the

Dulong–Petit–Debye limit). Using the thermodynamic iden-

tity Cp¼Cv(1+gaT ), one can see that it is not self-consistent to

deal with adiabatic heating and ignore variations of Cp at the

same time (Alboussière and Ricard, 2013). From a purely

practical point of view, however, as long as one does not

introduce such simplifications into formal thermodynamic

arguments, there is no harm in keeping negligible terms in an

equation.
Appendix D Half-Space Cooling Model with
Temperature-Dependent Properties

The general form of the one-dimensional heat equation is

rCp
@T

@t
¼ @

@z
l
@T

@z

� �
[D.1]

where all properties depend on temperature T. In this section,

the temperature for the half-space is initially TM and tempera-

ture is set to zero at the surface: T(z¼0,t)¼0.

For constant physical properties, the temperature for the

half-space is given by (Carslaw and Jaeger, 1959)

T z, tð Þ¼ TMerf
z

2
ffiffiffiffiffi
kt

p
� �

[D.2]

and the surface heat flux is

q 0, tð Þ¼ lTMffiffiffiffiffiffiffiffi
pkt

p [D.3]

For temperature-dependent properties, Carslaw and Jaeger

(1959) introduced the following variable:

y¼ 1

l0

ðT
0

ldT [D.4]

where l0 is thermal conductivity at the reference temperature

T¼0; the heat equation becomes:

1

k
@y
@t

¼ @2y
@z2

[D.5]

where k is the temperature-dependent thermal diffusivity. For

the boundary and initial conditions of interest here, this equa-

tion can be written in terms of a similarity variable � :

y z, tð Þ¼Y �ð Þ, with �¼ zt�1=2 [D.6]
� �

2k
Y0 ¼Y00 [D.7]

with the following boundary conditions:

Y 0ð Þ¼ 0,Y 1ð Þ¼YM,Y0 1ð Þ¼Y00 1ð Þ¼ 0 [D.8]

The surface heat flux is thus

q¼ l
@T

@zz¼0
¼ k0t�1=2Y0 0ð Þ [D.9]

which is of the form CQt
�1/2 regardless of the specific func-

tional form of r, Cp, and l. This beautiful result was pointed
out first by Lister (1977).
Appendix E Plate Models for the Oceanic Lithosphere

For a plate of thickness a initially at temperature TM, with

T(z¼0,t)¼0 and T(z¼a,t)¼TM, the temperature for

0<z<a is given by

T z, tð Þ¼ TM
z

a
+
X1
n¼1

2

np
sin

npz
a

 �
exp

�n2p2kt
a2

� � !
[E.1]

and the surface heat flux is given by

q 0, tð Þ¼ lTM
a

1+ 2
X1
n¼1

exp
�n2p2kt

a2

� � !
[E.2]

which diverges at t¼0. For ta2/k, the heat flux

q 0, tð Þ� lTMffiffiffiffiffiffiffiffi
pkt

p [E.3]

With fixed heat flux at the base, Q(a,t)¼lTM/a, the tem-

perature of the plate is given by

T z, tð Þ¼ TMz

a
�4TM

p

X1
n¼0

�1ð Þn
2n + 1ð Þcos

2n + 1ð Þp z�að Þ
2a

� �

�exp
� 2n + 1ð Þ2p2kt

4a2

� �
+
8TM
p2
X1
n¼0

�1ð Þn
2n + 1ð Þ2 sin

2n + 1ð Þpz
2a

� �

exp
� 2n +1ð Þ2p2kt

4a2

� �
[E.4]

and the surface heat flux is given by

q 0, tð Þ
lTM
a

¼ 1 +2
X1
n¼0

exp
� 2n+ 1ð Þ2p2kt

4a2

 !

+
4

p

X1
n¼0

�ð Þn
2n+ 1ð Þexp

� 2n +1ð Þ2p2kt
4a2

 ! [E.5]

The surface heat flux for these three different boundary

conditions is compared in Figure 19, with the same length

scale L¼a for the half-space and the constant temperature

boundary condition and L¼2a for the heat flux boundary

condition.
Appendix F Differences Between Estimates
of the Energy Budget

Table 14 compares our construction of the mantle energy

budget with those proposed by Stacey and Davis (2008) and
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Figure 19 Normalized heat flux as a function of reduced time for
different cooling models for the oceanic lithosphere. Length scale L is
equal to a, the plate thickness, in the fixed temperature model and to 2a
in the fixed flux model. In the half-space model, L cancels out. See
Appendix E.

Table 14 Various estimates of the global budget

Stacey and Davis
(2008)

Davies
(1999)

This
study

Total heat loss 44 41 46
Continental heat
production

8 5 8

Upper mantle 1.3
Lower mantle 11–27
Mantle heat production 20 12–28 a 11
Latent heat–core
differentiation

1.2 <1

Mantle differentiation 0.6 0.3 0.2
Gravitational (thermal
contraction)

3.1

Tidal dissipation 0.1 0.1
Core heat loss 3.5 5 11
Mantle cooling 8 9 b 16
Present Urey ratio 0.64 0.3–0.68 0.12–0.49

aLower mantle heat production is variable and calculated to fit the mantle cooling rate.
bMantle cooling is fixed.
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Davies (1999). Although the total energy budget is almost

identical, there are major differences in the breakdown of the

budget between different items. These differences originate in

the various assumptions made as well as in the objectives that

are sought. Our estimate uses a slightly different total oceanic

area that reflects our better knowledge of continental margins.

It also includes the contribution of hot spots, which is not

accounted for by bulk lithosphere cooling. Finally, it allows

for a small amount of radioelements in the subcontinental

lithospheric mantle and takes advantage of our improved con-

straints on crustal heat production.

For Stacey and Davis (2008), the total heat production

(28 TW) is significantly higher than the value of 20 TW for

BSE and almost equal to that of the nondepleted chondritic

model of Birch (1965). It seems that these authors have added
the crustal heat production to BSE. The core heat loss is low

because it is assumed identical to the heat carried by hot spots.

Stacey and Davis (2008) also assumed that all the gravitational

energy released by thermal contraction (3.1 TW) goes to heat.

In Davies (1999), the secular cooling of the mantle is

assumed to be fixed by petrologic data and the lower mantle

heat production is the variable that is adjusted to balance the

budget when all the other variables are fixed. Core cooling is

also assumed identical to the total heat flux from hot spots.

Upper mantle heat production is known to be low (from

samples of the mantle carried to the surface). Lower mantle is

assumed to be a mixture between a depleted chondritic com-

position, which would give 11 TW, and a MORB (!?) like

component, which would yield 27 TW. The ratio of those two

components is adjusted to balance the budget. (Note that

depleted mantle should give only 6 TW and the MORB-like

component seems to have the same heat production as that of

chondrites.)

The global energy budget of the Earth was one of the

arguments used by Kellogg et al. (1999) to propose that the

lowermost mantle forms a distinct reservoir with chondritic

concentration in radioelements, the ‘abyssal layer.’ The heat

production in the depleted MORB mantle (i.e., the source of

depleted MORBs) is �0.6pWkg�1. Assuming that this is rep-

resentative of the whole mantle, the total mantle heat produc-

tion would only be 2.5 TW, that is, much less than the�13 TW

obtained by removing the crustal heat production from BSE.

(Note that Kellogg et al. (1999) used 31 TW for the total heat

production in a ‘chondritic’ Earth.)
Appendix G Average Thermal Structure and
Temperature Changes in Upwellings and Downwellings

The reference vertical temperature profile is often called

‘adiabatic,’ which is misleading. Here, we recapitulate the def-

initions and introduce two different reference temperature pro-

files. The equation for the entropy per unit mass, s, is

rT
Ds

Dt
¼ rCp

DT

Dt
�aT

Dp

Dt
[G.1]

¼�r�q+f +H [G.2]

Note that this shows that entropy is not conserved due to

irreversible dissipation and radioactive decay. Density changes

due to temperature have a small impact on pressure and

dynamic pressure variations are small compared to the hydro-

static pressure. Thus,

Dp

Dt
��rgw [G.3]

where w is the radial velocity component.

From these equations, we may deduce the isentropic tem-

perature profile, such that Ds/Dt¼0. In the interior of the

convecting system, far from the upper and lower boundaries,

the dominant velocity component is the vertical. Assuming

steady state and using eqn [G.1],

rCpw
dTS
dr

¼�aTSrgw [G.4]

where TS stands for the isentropic temperature profile. Thus,
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dTS
dr

¼� ag
Cp

TS [G.5]

This is close to the vertical profile of the azimuthally aver-

aged temperature in a steady-state well-mixed convective sys-

tem with no internal heat production and negligible viscous

dissipation.

The isentropic temperature gradient derived earlier provides

a convenient reference profile that illustrates the role of com-

pressibility. However, it is a poor approximation for the tem-

perature path followed by a rising (or sinking) mantle parcel.

We may consider for simplicity that such a parcel does not

exchange heat with its surroundings, which is a good approx-

imation for the broad return flow away from subduction

zones. In this case, we set q¼0, use the same approximation

as before for pressure, and obtain

rCp
DT

Dt
� rCp

@T

@t
+w

@T

@r

� �
¼� aTð Þrgw +H +f [G.6]
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Rayleigh number Ra¼107 and an internal heating rate H¼20. Note that the a
From the model of Labrosse (2002). See Appendix H for details.
Thematerial parcel’s temperature changes due to radiogenic

heat production and dissipation and due to the work of pres-

sure forces. This may be recast as follows:

@T

@r
¼� ag

Cp
T +

1

w

f +H

rCp
�@T

@t

� �
[G.7]

where one should note that secular cooling acts in the same

direction as internal heat production. The radial temperature

gradient from eqn [G.7] differs from the isentropic value by

about 30%. Here, we see the importance of knowing precisely

the secular cooling rate @T/@t.
Appendix H Seafloor Age Distribution as Seen
from Models of Mantle Convection

We present here a few examples of temperature fields obtained

in numerical models of convection and compute the seafloor

age distribution they would provide for comparison with that
0.0

0.5

1.0

1.5

y

0.0 0.5 1.0 1.5
x

15 30 45 60 75

q

)

0.00

0.01

0.02

0.03

0.04

0.05

P
ro

b
ab

ili
ty

0 20 40 60 80
Heat flux, q

sponding pseudo-age distribution (c) in a convection system with a
ge distribution is far from that of the Earth’s oceans, which is triangular.



Pseudo age, 1/q2 Heat flux, q

P
ro

b
ab

ilt
iy

P
ro

b
ab

ilt
iy

0

5

10

15

20
max age = 0.182

0.0 0.1 0.2 0 20 40 60 80
0.0

0.1

0.2

0.3

Figure 21 Distribution of surface heat flux (q, right) and pseudo age (1/q2) for a model with platelike behavior, corresponding to Figure 3. The age
distribution is close to a rectangular one (dashed line). See Appendix H for details. From the model of Grigne et al. (2005).
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of Earth today. In all cases presented, convection is set by

imposing a destabilizing temperature difference DT between

top and bottom and a uniform internal heating rate per unit

volume H. This defines two dimensionless parameters (e.g.,

Sotin and Labrosse, 1999), the Rayleigh number Ra and the

dimensionless internal heating rate H*:

Ra¼ gaDTD3

kn0
; H*¼HD2

kDT
[H.1]

where D is the thickness of the system and n0 is the dynamic

viscosity at some reference point. The other symbols are the

same as in the rest of the chapter. A third dimensionless

number is the Prandtl number Pr¼n0/k, which is of order

1023 in the mantle and is accordingly set to infinity. The

viscosity of mantle material is known to vary with tempera-

ture, pressure, mineral phase, etc. To reproduce the plate

tectonics regime of mantle convection, a complex rheological

law must be used (see Chapters 7.01 and 7.03). This intro-

duces yet another set of parameters. For example, the pseudo-

plastic rheology used by Tackley (2000) is defined by an

effective viscosity

�eff ¼ min � Tð Þ, sy
2 _e

h i
[H.2]

where sy is a yield stress and _e¼ ffiffiffiffiffiffiffiffiffiffiffi
_ei, j _ei, j

p
=2 the second invariant

of the strain rate tensor. Viscosity is temperature-dependent:

� Tð Þ¼ exp
23:03

T +1
�23:03

2

	 

[H.3]

This specific rheological law was used to obtain the results

of Figure 3 (Grigné et al., 2005).

In numerical models of mantle convection, determining

the age of each point at the surface requires extensive calcula-

tions with markers. To alleviate this difficulty, we use the fact

that the surface heat flux is due to conductive cooling and

define a pseudo age as follows:

q∝
1ffiffiffi
t

p [H.4]

We thus use heat flux values to determine the age

distribution.

The first configuration tested is that of isoviscous Rayleigh–

Bénard convection with internal heating. Using a snapshot

from Labrosse (2002), we get a distribution of pseudo ages
that is peaked at low values and exhibits a roughly exponential

tail at large ages (Figure 20). This reflects that, with a large

amount of internal heating, convective flow is dominated by

strong cold plumes and passive return flow in most of the

interior. There are weak hot plumes in the lower part of the

domain, but they do not contribute much to the heat flux, in a

manner reminiscent of that on Earth. The distribution of sur-

face heat flux is due to the distributed return flow.

A somewhat more realistic model relying on the pseudo-

plastic rheology has been developed by Grigné et al. (2005)

and a snapshot is shown in Figure 3. The distribution of

surface heat flux and pseudo age for this model is given in

Figure 21. The platelike behavior is such that the distribution

of heat flux is peaked at low values and the pseudo-age distri-

bution is approximately rectangular, reflecting the fact that all

plates have similar sizes and velocity.
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Šrámek O, Ricard Y, and Dubuffet F (2010) A multiphase model of core formation.
Geophysical Journal International 181: 198–220.

Stacey FD and Davis PM (2008) Physics of the Earth. 4th edn. Cambridge: Cambridge
University Press.

Stein CA and Stein S (1992) A model for the global variation in oceanic depth and heat
flow with lithospheric age. Nature 359: 123–129.

Stevenson DJ (1989) Formation and early evolution of the Earth. In: Peltier W (ed.)
Mantle Convection, pp. 817–873. New York: Gordon and Breach.

Stevenson DJ (1990) Fluid dynamics of core formation. In: Newsom HE and Jones JH
(eds.) Origin of the Earth, pp. 231–249. New York: Oxford University Press.

Stevenson DJ (2003) Mission to earth’s core – A modest proposal. Nature
423: 239–240.

Stixrude L (1997) Structure and sharpness of phase transitions and mantle
discontinuities. Journal of Geophysical Research 102: 14835–14852.

Strutt RJ (1906) On the distribution of radium in the earth’s crust and on internal heat.
Proceedings of the Royal Society of London, Series A 77: 472–485.

Su YJ (2000) Mid-Ocean Ridge Basalt Trace Element Systematics: Constraints from
Database Management, ICPMS Analysis, Global Data Compilation and Petrologic
Modeling. Unpublished PhD Thesis, Columbia University, New York, No. 1, 569 pp.

Swanberg CA, Chessman MD, Simmons G, Smithson SB, Grnlie G, and Heier KS
(1974) Heat-flow heat-generation studies in Norway. Tectonophysics 23: 31–48.

Tackley PJ (2000) Self-consistent generation of tectonic plates in time-dependent,
three-dimensional mantle convection simulations, 1. Pseudoplastic yielding.
Geochemistry, Geophysics, Geosystems 1: 1021.

Tateno S, Hirose K, Sata N, and Ohishi Y (2009) Determination of post-perovskite phase
transition boundary up to 4400 K and implications for thermal structure in D00 layer.
Earth and Planetary Science Letters 277: 130–136.

Thomas CW, Liu Q, Agee CB, Asimow PD, and Lange RA (2012) Multi-technique
equation of state for Fe2SiO4 melt and the density of Fe-bearing silicate melts from
0 to 161 GPa. Journal of Geophysical Research 117: B10206.

Thomson W (1864) On the secular cooling of the earth. Transactions of the Royal
Society of Edinburgh 23: 295–311.

Turcotte DL and Oxburgh ER (1967) Finite amplitude convective cells and continental
drift. Journal of Fluid Mechanics 28: 29–42.
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