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Nomenclature
A Surface area of magma ocean

a Prefactor in nucleation function

au Prefactor in scaling law for velocity

B Exponential coefficient in nucleation function

cp Isobaric specific heat

cp
0 Apparent isobaric specific heat in two-phase regions

D Diffusion coefficient

d Crystal diameter

dcrit Crystal diameter separating equilibrium and

fractional crystallization

de Critical crystal diameter for equilibrium

crystallization

df Critical crystal diameter for fractional crystallization

dnucl Crystal diameter after nucleation

dost Crystal diameter controlled by Ostwald ripening

dost
0 Crystal diameter at late stages of magma ocean

crystallization
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E Activation energy of solid

El Activation energy of melt

ff Hindering settling function

F Heat flux

g Acceleration due to gravity

G Gibbs energy

kB Boltzmann’s constant

l Mixing length

L Depth of magma ocean

L0 Depth of shallow magma ocean

M Mass of magma ocean

ni Mole fraction of component i

ni
l Mole fraction of component i in liquid

ni
s Mole fraction of component i in solid

nmw Mole fraction of magnesiowüstite

P Pressure

Pr Prandtl number

R Gas constant
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Ra Rayleigh number

Ra* Critical Rayleigh number for transition to

no-rotation regime

T Temperature
_T Cooling rate

t Time

T’ Supercooling

Ta Taylor number

Tad Adiabatic temperature

tconv Crystallization time due to solid-state convection

Te Effective temperature

Tliq Liquidus temperature

Tm Magma ocean temperature

tost Ostwald ripening time in deep magma ocean

tost
0 Ostwald ripening time in shallow magma ocean

Tper Melting temperature of perovskite

tRT Rayleigh–Taylor instability time

Ts Surface temperature

ts Settling time

Tsol Solidus temperature

u0 Amplitude of convective velocity

uD Darcy velocity

uperc Percolation velocity of melt

us Settling velocity of crystals

V Volume of magma ocean

W Mechanical work per unit time

x* Velocity coefficient for turbulent boundary layer

z Depth

a Thermal expansion

a0 Apparent thermal expansion in two-phase regions

ah Coefficient in melt fraction-dependent viscosity

d Thermal boundary layer thickness
DH Enthalpy change upon melting

DS Entropy change upon melting

DSper Entropy change upon melting of perovskite

DTrh Rheological temperature scale

Dr Crystal–melt density difference

DrRT Density difference for Rayleigh–Taylor instability

e Efficiency factor

z Ratio of supersaturation to supercooling

h Viscosity

hl Viscosity of melt

hs Viscosity of solid

u Parameter in analytical solution for nucleation

k Coefficient of thermal diffusivity

l Aspect ratio of mean flow

mi
l Chemical potential of component i in liquid

mi
s Chemical potential of component i in solid

mi
l(0) Chemical potential of pure component i in liquid

state

mi
s(0) Chemical potential of pure component i in solid

state

n Kinematic viscosity

r Density

s Surface energy

sapp Apparent surface energy

sSB Stefan–Boltzmann constant

tT Convective stress scale

t* Skin friction

f Crystal fraction

fl Melt fraction

fm Maximum packing fraction

F Energy release per unit time

V Angular velocity
9.04.1 Earth Accretion and the Giant Impact
Hypothesis

The idea that the early Earth could have been substantially

molten is not new. Lord Kelvin’s famous estimate of the age

of the Earth was based on the assumption that the Earth was

once completely molten and that the present-day surface heat

flux resulted from the cooling of the molten Earth (Thomson,

1864). Later, isotopic dating showed that his estimates of the

Earth’s age were far too short. Radiogenic heating and mantle

convection proved to play a major role in the thermal history

of the Earth. The assumption of initially molten Earth did not

find much observational or theoretical support and was not

accepted either. The theory of Earth formation, which domi-

nated in the middle of the twentieth century, was quite the

opposite to Lord Kelvin’s theory and can be characterized as

soft accretion: Earth accreted from a relatively uniform influx

of small particles, which gently settled on Earth without caus-

ing any ‘harm.’ Melting, necessary for core formation, was

thought to be caused by radiogenic heating later in the Earth’s

history (Elsasser, 1963).

The first observational evidence that accretion was not so

soft came from the Moon. The analysis of samples returned by

the Apollo missions suggested a large-scale differentiation of
the Moon, which was most easily explained by the crystalliza-

tion of a lunar magma ocean (Longhi, 1980; Ringwood and

Kesson, 1976; Warren, 1985; Wood, 1975; Wood et al., 1970).

This led Hostetler and Drake to propose as early as in 1980

that, perhaps, the Earth and other planets were molten in their

early histories as well (Hostetler and Drake, 1980).

That Earth accretion was very energetic became obvious

upon the realization that the Earth-forming planetesimals

also grew with time, like the Earth itself. It was shown that at

the latest stages of planetary accretion, the population of Earth-

forming planetesimals was very likely to include large bodies.

Initially, the largest size was estimated at 10�3 of the Earth’s

mass or about 1000 km in diameter, based on coagulation

theory and the observed planetary obliquities, which were

assumed to be affected by large impacts (Safronov, 1964,

1978). Numerical investigations showed that the largest

impactors could have reached about 0.1 of the Earth’s mass,

which is equivalent to the size of Mars (Safronov, 1964, 1978;

Weidenschilling et al., 1997; Wetherill, 1975, 1985, 1990).

Mars-sized impactors had enough energy to melt and partially

vaporize the Earth (Benz and Cameron, 1990; Kaula, 1979;

Melosh, 1990; Safronov, 1964, 1978).

The giant impact hypothesis suggested a successful expla-

nation for the origin of the Moon, its composition, and the
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angular momentum of the Earth–Moon system (Benz et al.,

1986, 1987, 1989; Cameron, 1997; Canup, 2004, 2008; Canup

and Agnor, 2000; Canup and Asphaug, 2001; Canup and

Esposito, 1996; Ida et al., 1997; Newsom and Taylor, 1989;

Stevenson, 1987). The conclusion that seems inevitable is that

the Earth was born as result of rather ‘violent accretion’ during

which it was substantially melted. An interesting description

of this paradigm shift can be found in a short review by

Drake (2000).

Although the kinetic energy of giant impacts was undoubt-

edly the largest energy source, there are other factors that

contributed to Earth heating and melting. Numerical models

showed that thermal blanketing effects of the atmosphere on

the growing Earth helped to retain the heat during the accre-

tion and could have maintained the surface temperature above

the solidus (Abe andMatsui, 1986; Hayashi et al., 1979; Matsui

and Abe, 1986; Nakazawa et al., 1985; Zahnle et al., 1988).

Core formation released energy corresponding to about

2000 K heating of the entire Earth (Flasar and Birch, 1973).

Some energy sources were active on a timescale of about �106

years, which is much shorter than the timescale of planetary

formation �107–108 years (Canup and Agnor, 2000;

Chambers and Wetherill, 1998; Wetherill, 1990). These

include radiogenic heating by short-lived isotopes such as
26Al and 60Fe (Mostefaoui et al., 2005; Shukolyukov and

Lugmair, 1993; Srinivasan et al., 1999; Urey, 1955; Yoshino

et al., 2003) and electromagnetic induction heating (Sonett

et al., 1968). These energy sources contributed to heating and

differentiation in both the proto-Earth and the Earth-forming

planetesimals during the early stages of planetary formation.

Although the accretion was a stochastic process and the

Earth was melted to some degree many times by bodies of

varying sizes, the major event was probably the Moon-forming

impact at the end of accretion as suggested by numerical sim-

ulations (Canup, 2004; Canup and Asphaug, 2001). Such an

impact seems to explain best the properties of the Earth–Moon

system including its angular momentum, the masses of the

Earth and Moon, and the iron depletion of the Moon. After

the impact, the mantle temperature varies significantly – from

2000 to 104K, with some parts of the mantle being completely

molten and others remaining solid. These estimates are consis-

tent with earlier simulations (Melosh, 1990; Pierazzo et al.,

1997; Tonks and Melosh, 1993). Unfortunately, the numerical

simulations can look only at the first hours of evolution (1 day

at most). It is hard to predict the ‘final’ temperature distribu-

tion – after all major compositional and thermal heterogene-

ities settle down. This must be a very fast process because the

stresses associated with these heterogeneities are huge and

might even exceed the ultimate strength of solid rocks, which

is of the order of 1–2 GPa (Davies, 1990). The gravitational

energy release due to the redistribution of thermal heterogene-

ities in the mantle and segregation of the remaining iron

increases the temperature further by probably another several

hundred degrees (Tonks and Melosh, 1990, 1992). Thus, at the

end of the large-scale redistribution of density heterogeneities,

the hottest mantle material is completely molten, and a small

fraction of the coldest material remains solid and accumulate

at the bottom of the magma ocean (the solidus temperature at

the base of the mantle is around 4000–5000 K; Holland and

Ahrens, 1997; Zerr et al., 1998).
Interestingly, Canup’s (2004) simulations show that the

material that is heated most (>104K) is the iron core of the

impactor. It quickly sinks into the core of the proto-Earth, thus

suggesting that the Earth’s core was likely to be very hot.

A substantial fraction of the energy of the superheated core is

expected to be quickly transferred to the mantle (Ke and

Solomatov, 2006, 2009). This may cause an additional melting

of the Earth’s mantle.

Another important and yet poorly quantified energy source

is tidal heating. Given the fact that the Moon was very close to

the Earth right after the Moon formation, it is reasonable to

expect that tidal heating contributed significantly to sustaining

the magma ocean after the Moon-forming event (Sears, 1993;

Zahnle et al., 2007).

The term ‘magma ocean’ has been widely used to describe

the initial molten state of the Earth. Originally, this term was

applied to the lunar magma ocean and was defined as “a global,

near-surface shell of magma, tens or hundreds of kilometers

thick” (Warren, 1985). Warren warned about the shortcomings

of this term (he proposed a different term, ‘magmasphere,’ but it

is not used as widely as ‘magma ocean’): “Among other things,

“ocean” implies the system is virtually 100% liquid, with a

mainly gas/liquid upper surface and a water-like viscosity of

the order of 10�2 poise.” It has been realized that the structure

of the early molten mantle of the Earth and other planets can be

quite complex: Themolten Earthmay have no stable crust in the

early times but may develop a thin crust later on while still

remaining molten over hundreds of kilometers below the

crust; the molten layer may form not only near the surface but

also in the middle of the mantle and even at the base of the

mantle; and the degree of melting can vary both radially and

laterally. Here, we will use the term ‘magma ocean’ in a broad

sense – to describe a partially or a completely molten layer

within the Earth’s mantle whose motions are controlled largely

by liquid viscosity. This means that it can be underground and it

can have a relatively large viscosity.
9.04.2 Geochemical Evidence for Magma Ocean

An early global magma ocean would undoubtedly have left

some record of its existence in geochemical data. Indeed, early

studies showed that segregation of crystals in a deep magma

ocean seemed to produce the major element composition of the

upper mantle of the Earth (defined by the spinel-perovskite

phase transition around 23 GPa) and in particular could explain

the elevated Mg/Si ratios in the upper mantle (Agee and Walker,

1988; Herzberg and Gasparik, 1991; Ohtani, 1985; Ohtani and

Sawamoto, 1987). However, geochemical models of differenti-

ation of a terrestrial magma ocean showed that any substantial

segregation of perovskite crystals in the lower mantle would

drive the ratios of minor and trace elements well outside of

their observed range (Kato et al., 1988a,b; McFarlane and

Drake, 1990; McFarlane et al., 1994; Ringwood, 1990). On the

other hand, it was pointed out that the partition coefficients

were not well constrained at realistic temperatures, pressures,

and compositions of magma oceans and it was premature to

draw any conclusions (Presnall et al., 1998). Later studies

showed that fractionation of small amounts of Ca-perovskite

in addition to Mg-perovskite can increase the allowed amount



84 Magma Oceans and Primordial Mantle Differentiation
of fractionation of perovskite. Possible amounts of perovskite

fractionation are in the range from 5% to 15% (Corgne and

Wood, 2002; Corgne et al., 2005; Hirose et al., 2004; Liebske

et al., 2005a; Walter et al., 2004; Walter and Trønnes, 2004). Ito
et al. (2004) suggested that it can be as high as 40%. The third

phase, magnesiowüstite (or ferropericlase), does not accommo-

date trace elements well so that its fractionation is not expected

to have any significant effect on elemental ratios (Walter

et al., 2004).

The analysis of isotopic data for 176Hf–176Lu and
147Sm–143Nd systems indicates that continental crust formed

very early, perhaps in the first 200 million years of evolution,

which might require a magma ocean (Albarède et al., 2000;

Amelin et al., 1999; Bennett et al., 1993; Bizzarro et al., 2003;

Bowring and Housh, 1995; Collerson et al., 1991; Harrison

et al., 2005). Isotopic data on compositions of 142Nd produced

by short-lived 146Sm (Boyet and Carlson, 2005; Caro et al.,

2003) indicate even shorter timescales, within 30 million

years, for mantle differentiation.

A simultaneous modeling of several isotopic systems can

potentially provide a very tight constraint on mantle differen-

tiation (e.g., Halliday, 2004). Caro et al. (2005) argued that

superchondritic Sm/Nd ratios of early Archean rocks can be

reconciled with a nearly chondritic Lu/Hf ratio observed in

zircons from the same place and of the same age by extraction

of about 0.3 wt% of melt from the upper mantle. Differentia-

tion at small degrees of melting was also proposed earlier to

explain the ratio of major and minor elements (Gasparik and

Drake, 1995).

Another argument for an early molten state of the Earth

comes from the fact that core formation on Earth as well as

other planetary bodies happened fast, perhaps within 30–

50 Myr of the solar system history, which is inferred from the

analysis of the short-lived 182Hf–182W system (Foley et al., 2005;

Halliday, 2004; Halliday et al., 1996; Jacobsen, 2005; Kleine

et al., 2002; Lee and Halliday, 1995; Yin et al., 2002). This

requires some degree of melting of the Earth’s mantle very early

in planetary history (Stevenson, 1990). To what extent the Earth

was molten during core formation is not constrained by Hf–W

data. The depth of the molten layer of the Earth can be inferred

from the analysis of siderophile elements. Laboratory experi-

ments on partition coefficients of siderophile elements suggest

that metal/silicate chemical equilibrium was established around

28 GPa and 2200 K, which can be interpreted as the bottom of a

magma ocean (Li and Agee, 1996; Righter, 2003, 2011; Righter

and Drake, 1997; Righter et al., 1997; Siebert et al., 2012).

According to this model, iron delivered by impacts first accumu-

lates at the bottomof amagma ocean and then sinks through the

mostly solid layers below the magma ocean (Elsasser, 1963;

Karato and Murthy, 1997a,b; Solomatov, 2000; Stevenson,

1981, 1990). The pressure at the bottom of the magma ocean

might be noticeably different from the apparent equilibration

pressure because metal/silicate equilibrium was established dur-

ing a ‘rainfall’ of iron droplets rather than in the iron layer at the

base of magma ocean (Rubie et al., 2003). Besides, the bottom of

the magma ocean may not be well described as a simple bound-

ary but rather as an extensive partially molten region with vari-

able melt fraction and a complicated structure and dynamics.

The geochemical constraints can be summarized as follows.

Only a small amount of perovskite could have been
fractionated via crystal–melt segregation (�10%). Chemical

differentiation was likely to occur in the upper parts of the

mantle via percolation of melt in a partially molten mantle at

small melt fractions. The timescales for core formation and

mantle differentiation appear to be very close to each other,

and both are close to the accretion timescale constrained by

numerical simulations (Canup and Agnor, 2000; Chambers

and Wetherill, 1998; Wetherill, 1990). This suggests that core

formation, mantle differentiation, and accretion might have

been occurring simultaneously. The discussion in the succeed-

ing text is based largely on Solomatov and Stevenson

(1993a,b,c), Solomatov et al. (1993), and Solomatov (2000).
9.04.3 Thermal Structure of a Convecting
Magma Ocean

9.04.3.1 Adiabats

In vigorously convecting systems, such as magma oceans, the

temperature distribution is nearly adiabatic and isentropic. In

one-phase systems, such as a completely molten or a

completely solid layer, the equation for an adiabat is

dT

dP
¼ aT
rcp

[1]

where T is the temperature, P is the pressure, a is the coefficient
of thermal expansion, cp is the isobaric specific heat, and r is

the density.

In two-phase systems, the effects of phase changes need to be

considered (Abe, 1993, 1995, 1997; Miller et al., 1991a,b;

Solomatov and Stevenson, 1993b). In the absence of chemical

differentiation and assuming thermodynamic equilibrium, the

volume fractions as well as compositions of each mineral phase

depend only on T and p. Thus, the system can be described with

the help of two thermodynamic variables, T and p. All thermo-

dynamic parameters such as the coefficient of thermal expan-

sion and the isobaric specific heat can be obtained the same way

as for a one-phase system. In terms of two-phase parameters a0

and cp
0
, the equation for the adiabat in the temperature range

between liquidus and solidus can be written as follows:

dT

dP
¼ a0T
rc0p

[2]

The order-of-magnitude values of a0 and c0p are

a0 � a +
Dr

r Tliq�Tsol
� � [3]

and

c0p � cp +
DH

Tliq�Tsol
[4]

where DH is the specific enthalpy change upon melting, Dr is

the density difference between solid and liquid, Tliq is the

liquidus temperature, and Tsol the solidus temperature. Usu-

ally, the second term dominates, a0 �a, and c0p� cp. Also, a0 is
affected more strongly than c0p so that the two-phase adiabat is

usually steeper than either one-phase adiabat (see Solomatov

and Stevenson, 1993b, for the examples when this is not the

case). Note that the situation is different for the atmosphere
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where the so-called ‘wet’ adiabat (due to condensation of water)

is always less steep than the ‘dry’ adiabat (e.g., Goody, 1995).

Also, because a0 �a and c0p� cp, the adiabatic gradient, eqn [2],

is approximately equal to the Clapeyron slope of the dominant

crystallizing phase and the adiabats tend to align with the curves

of constant crystal fraction (e.g., solidus and liquidus).

There are several approaches to calculate the adiabats in the

magma ocean. The simplest approach is to parameterize the

melt fraction as a function of temperature and pressure without

considering what phases crystallize and what composition they

are (Abe, 1997; Miller et al., 1991a,b). The most rigorous

approach would involve building a self-consistent thermody-

namic model, which would use the available database for both

solid and liquid silicates (e.g., Asimow et al., 1997; Ghiorso,

1997). An intermediate approach is to choose some simple

system consisting of only a few components and treat it self-

consistently (Solomatov and Stevenson, 1993b).
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Figure 1 Adiabats in the upper mantle (thick solid lines). Liquidus
(dashed line), solidus (solid line), and the beginning of crystallization of
orthopyroxene (dotted line) are shown together with experimental data
for peridotites (Ito and Takahashi, 1987; McKenzie and Bickle, 1988;
Scarfe and Takahashi, 1986). Reproduced from Solomatov VS (2000)
Fluid dynamics of a terrestrial magma ocean. In: Canup RM and
Righter K (eds.) Origin of the Earth and Moon, pp. 323–338. Tuscon, AZ:
University of Arizona Press.
9.04.3.2 Upper Mantle

Solomatov and Stevenson (1993b) considered two types of

three-component systems to describe thermodynamics of the

upper mantle. Here, we only consider the eutectic-like system,

which seems to be most accurate at low pressures (P<10 GPa).

In this system, the three components, olivine, orthopyroxene,

and clinopyroxene, are completely insoluble in each other in

the solid state. The Gibbs free energy of the system (solid plus

melt) is written as

G¼
X3
i¼1

nsim
s
i + n

l
im

l
i

� �
[5]

where mi
s and mi

l are the chemical potentials of the component i

(i¼1, 2, 3) in the solid and liquid, respectively, ni
s and ni

l are

the mole fractions of the solid and liquid component i,

respectively,

nsi + n
l
i ¼ ni [6]

and ni is a total mole fraction of the component i in the system:

X3
i¼1

ni ¼ 1 [7]

The solid phases are assumed to be insoluble in each other.

Thus, the chemical potentials of the solid phases are the same

as the chemical potentials mi
s(0) of the pure components:

msi ¼ ms 0ð Þ
i [8]

The liquid phases are assumed to form ideal solutions:

mli ¼ ml 0ð Þ
i +RT lnNl

i [9]

where mi
l(0) is the chemical potential of a pure component i in

liquid state and Ni
l is the mole fraction of the component i in

the liquid:

Nl
i ¼

nliX3

i¼1
nli

[10]

The requirement of thermodynamic equilibrium,
mli ¼ msi [11]

allows us to uniquely determine the composition of liquid and

solid (ni
l and ni

s) and the melt fraction (the mole melt fraction

is simply
P

i¼1
3 ni

l) at any given pressure and temperature. All

thermodynamic parameters of the combined crystal–melt sys-

tem, such as the specific heat and the coefficient of thermal

expansion, can be calculated from the Gibbs energy using

standard thermodynamic relationships.

Figure 1 shows adiabats for this system at P<10 GPa.

Variation of melt fraction between liquidus and solidus is

given in Figure 2 along with the experimental data from

McKenzie and Bickle (1988). The melting temperatures, their

gradients, and the fractions of the three components are

slightly adjusted to fit the experimental data. Figure 2 shows

that the data follow the expected general pattern of an ideal

three-component eutectic system. Near the solidus, all three

solid phases undergo eutectic melting characterized by a jump

in the melt fraction, and one component (clinopyroxene) is

completely liquid at the end of eutectic melting. At some melt

fraction (around 30%), the slope changes because the second

component is completely molten (orthopyroxene). Olivine

remains the only solid phase all the way to liquidus.
9.04.3.3 Lower Mantle

The three components in the lower mantle are periclase, MgO;

wüstite, FeO; and perovskite, MgSiO3. Perovskite has only a

small amount of iron and is considered to be a pure MgSiO3.

The system is very similar to the three-component system

described earlier for the upper mantle. The main difference is

that components 1 and 2 (periclase and wüstite) are assumed to

form an ideal solid solution with each other (magnesiowüstite).
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Figure 2 Variation of melt fraction between liquidus (T¼–0.5) and
solidus (T¼0.5). The experimental data are from McKenzie and Bickle
(1988): 0�P�0.5 GPa (crosses), 0.5<P�1.5 GPa (squares),
P>1.5 GPa (triangles). The theoretical curve is calculated for an
idealized eutectic system consisting of three immiscible components:
olivine, orthopyroxene, and clinopyroxene. It shows a typical behavior of
this type of systems: a steplike melting at the solidus during which one
component – clinopyroxene – melts completely and an abrupt slope
change around �30% melt fraction where the second component –
orthopyroxene – melts completely so that only olivine crystals are
present until the temperature reaches liquidus. Reproduced from Solo-
matov VS (2000) Fluid dynamics of a terrestrial magma ocean. In: Canup
RM and Righter K (eds.) Origin of the Earth and Moon, pp. 323–338.
Tuscon, AZ: University of Arizona Press.
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Figure 3 (a) Melting curves of perovskite, MgO and FeO (Boehler,
1992; Zerr and Boehler, 1993, 1994). (b) Adiabats in the convective
magma ocean. Liquidus and solidus are shown with heavy solid line.
The beginning of magnesiowüstite crystallization is shown with a dashed
line. (c) An example of calculations where magnesiowüstite is the first
liquidus phase at the top of the lower mantle. Reproduced from
Solomatov VS (2000) Fluid dynamics of a terrestrial magma ocean.
In: Canup RM and Righter K (eds.) Origin of the Earth and Moon,
pp. 323–338. Tuscon, AZ: University of Arizona Press.

86 Magma Oceans and Primordial Mantle Differentiation
Thus, the chemical potentials of the solid phases are described as

follows:

msi ¼ ms 0ð Þ
i +RT lnNs

i , i¼ 1,2 [12]

ms3 ¼ ms 0ð Þ
3 [13]

where Ni
s is the mole fraction of the component i in the solid:

Ns
i ¼

nsiX3

i¼1
nsi

[14]

Figure 3 shows an example of calculations for the lower

mantle. The melting temperatures of MgSiO3, MgO, and FeO

are based on laboratory experiments and extrapolation to high

pressures by Boehler (1992) and Zerr and Boehler (1993, 1994).

The liquidus and solidus curves predicted by this model for

the lower mantle are steeper than single phase adiabats. The

solidus is very close to the one estimated by Holland and

Ahrens (1997) and Zerr et al. (1998). The liquidus Tliq approx-

imately follows the melting temperature Tprv of pure perovskite

MgSiO3 lowered by the presence of MgO and FeO:

Tprv�Tliq � kB
DSprv

nmwTprv [15]

whereDSprv is the entropy change per atom uponmelting of pure

perovskite and nmw is the mole fraction of magnesiowüstite.
For nmw�0.3, DSprv�5kB (assuming that the entropy change is

approximately kB per atom, where kB is Boltzmann’s constant;

Stishov, 1988) and Tprv�7500K (at the base of the mantle), we

obtain Tprv�Tliq�450K. This shows that the liquidus strongly

depends on the assumed melting temperature of perovskite. For

comparison, Miller et al. (1991a,b) and Solomatov and

Stevenson (1993b) assumed a lower melting temperature of

perovskite based on the data by Knittle and Jeanloz (1989). The

liquidus also depends on the details of the phase diagram. Abe’s

(1997) lower liquidus is related to his assumption that MgSiO3
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and MgO form an ideal solid solution, while in our calculations,

perovskite forms eutectic-like subsystems with periclase and wüs-

tite. Recent laboratory experiments and theoretical models sig-

nificantly refined the thermodynamics of the lower mantle. In

particular, they suggest a rather low solidus and liquidus temper-

atures in the lower mantle and with a relatively small (a few

hundred degrees) gap between them at the core–mantle bound-

ary (Andrault et al., 2012; de Koker et al., 2013; de Koker and

Stixrude, 2009).

Agee (1990) and Zhang and Herzberg (1994) found that

magnesiowüstite is the liquidus phase in both chondrites and

peridotites just slightly below the upper mantle/lower mantle

boundary. A small fraction of iron in the solid perovskite and

the presence of other components (Ca-perovskite) in melt

would decrease the liquidus temperature. The estimates of the

entropy change are also not very accurate. As a result, magne-

siowüstite can be the first liquidus phase at low pressures

although at higher pressures, it would still be substituted by

perovskite (Figure 3).

It is interesting to note that, within the uncertainties of the

thermodynamics of the system, crystallization in the lower

mantle may not necessarily proceed monotonically from top

to bottom. In addition to the crystallizing layer at the surface,

an additional layer may form somewhere in the middle of the

lower mantle propagating both upward and downward

(Mosenfelder et al., 2009; Solomatov and Stevenson, 1993b;

Thomas et al., 2012). In combination with crystal–melt density

inversion, this may lead to the formation of more than one

long-lived partially molten layers at the end of magma ocean

crystallization (see also Section 9.04.9.5).
Table 1 Typical parameters of a deep magma ocean

Density, r 4�103 kg m�3

Temperature, T 4�103 K
Thermal expansion, a 5�10�5 K�1

Thermal capacity, cp 103 J kg�1K�1

Gravity, g 10 m s�2

Crystal–melt density difference, Dr 300 kg m�3

Viscosity of melt at liquidus, �l 0.1 Pa s
Viscosity of solids at solidus, �s 1018 Pa s
Diffusion coefficient, D 10�9 m2 s�1

Enthalpy change upon melting, DHr 106 J kg�1

Surface energy, s 0.5 J m�2

Apparent surface energy, sapp 0.02 J m�2

Liquidus gradient, dTliq/dz 2�10�3 K m�1

Adiabatic gradient, dTad/dz 6�10�4 K m�1

Heat flux, F 106 J m�2s�1

Angular velocity, O 10�4 s�1

Magma ocean depth, L 3�106 m
Remaining molten layer depth, L0 5�105 m
Convective velocity, u0 10 m s�1

Timescale for Ostwald ripening, tost 106 s
Effective cooling rate in plumes, _T 0.2 K s�1

Nucleation prefactor, a 1020 m�3s�1

Crystal size, d 10�3 m
9.04.4 Viscosity of the Magma Ocean

Viscosity is an important parameter that controls virtually all

dynamic processes in the magma ocean and affects the out-

come of crystallization of the magma ocean. The viscosity of

the magma ocean varies in a very broad range.

At low degrees of melting, the viscosity of peridotitic magmas

can be quite high, on the order of 100 Pa s (Kushiro, 1980,

1986). This is related to relatively low temperature as well as

relatively felsic composition – the large concentration of silicon

in the initial melts tends to increase the viscosity. The viscosity

decreases with temperature very rapidly. Experimental and theo-

retical studies suggest that the viscosity of many near-liquidus

ultramafic silicates at low pressures is around �l�0.1 Pa s

(Bottinga et al., 1995; Bottinga and Weill, 1972; Dingwell et al.,

2004; Liebske et al., 2005b; Persikov et al., 1997; Shaw, 1972).

There are no experimental data for the viscosity of the lower

mantle. The viscosity behaves nonmonotonically with pressure

because of the structural changes in the polymerized melts (e.g.,

Kushiro, 1980; Poe et al., 1997). The viscosity of a completely

depolymerized melt weakly increases with pressure (Andrade,

1952; Gans, 1972). An increase of less than one order of mag-

nitude can be expected along the liquidus throughout the lower

mantle. Thus, the viscosity of magma oceans near the liquidus is

probably around 10�1 Pa s. In the region between solidus and

liquidus, the viscosity of pure melt (without crystals) is some-

what higher because of the lower temperatures. However, the

temperature effect is small for low-viscosity liquids (<1 Pa s),
which exhibit a power law rather than Arrhenius behavior

(Bottinga et al., 1995; Liebske et al., 2005b). First-principles

molecular dynamics simulations give similar results (Adjaoud

et al., 2012; Karki and Stixrude, 2010). The value of 10�1Pa s

with the uncertainty of a factor of 10 will be assumed for the

upper mantle as well as for the lower mantle (Table 1).

Many authors pointed out that magma oceans can contain

substantial amounts of water (Abe et al., 2000; Ahrens, 1992;

Righter et al., 1997). Although water reduces the viscosity of

magmas, in the limit of high temperatures, the viscosities and

diffusivities of many liquids including water are very similar

(Persikov et al., 1997). Therefore, the viscosity of completely

depolymerized, high-temperature hydrous magma is unlikely

to be much different from that of anhydrous magma.

The most important effect on magma viscosity is the pres-

ence of crystals. The viscosity of a crystal–melt mixture changes

relatively little with the solid fraction. At small volume fraction

f of solids, the viscosity � of the mixture can approximately be

described with the help of Einstein’s linear formula for diluted

suspensions of perfectly spherical particles (Einstein, 1906):

�¼ �l 1 + 2:5fð Þ [16]

Various formulas have been proposed to describe the viscos-

ity of suspensions at large crystal fractions (Brinkman, 1952;

Campbell and Forgacs, 1990; Costa, 2005; Frankel and Acrivos,

1967; Krieger and Dougherty, 1959; McBirney and Murase,

1984; Mooney, 1951; Murray, 1965; Roscoe, 1952). For exam-

ple, one of the most popular expressions is (Roscoe, 1952)

�¼ �l

1�f=fmð Þ2:5 [17]

where fm is the maximum packing crystal fraction.

Although the previous equation does not describe the vis-

cosity accurately near f¼fm, it does show an important phys-

ical aspect of solid/liquidmixtures, that is, the viscosity becomes
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infinite when the crystal fraction reaches fm. The deformation

beyond f¼fm is only possible if crystals deform via solid-state

creep, which is many orders of magnitude slower.

The value of fm for ideal spheres is around 0.64. For a

binary mixture in which the small spheres have just the right

size to fit the space in between large spheres (about 30%

smaller than the large spheres), fm¼0.86 (McGeary, 1961).

In reality, the crystal distribution is far from any hypothetical

one. Moreover, the shape of crystals is not spherical. Saar et al.

(2001) showed that crystal network can form at crystal fraction

as low as 10% or 20% depending on the elongation (the

smaller number is for a rather large ratio of the longest side

of the crystal to the shortest one – over a factor of 10). In the

presence of shear, the elongation can affect fm in the opposite

direction. Elongated crystals can align with the flow and

develop a hydrodense suspension with as much as 80% crystal

fraction (Nicolas and Ildefonse, 1996).

The experiments on partial melts provide the most direct

constraint on magma viscosity and fm, although the melt

composition is still different from that of the magma ocean.

These experiments show a rapid increase of the viscosity at high

crystal fractions and fm�60% (Arzi, 1978; Lejeune and

Richet, 1995; van der Molen and Paterson, 1979). The value

of fm in the experiments is determined from a theoretical fit

using equations similar to eqn [17].

Complications arise due to crystal–crystal interactions in

the vicinity of fm. They are most likely to be responsible for

the non-Newtonian behavior of partial melts characterized by

substantial yield strength (reported values range from 102 to

106Pa) and nonlinear relationship between stress and strain

rate (Lejeune and Richet, 1995; McBirney and Murase, 1984;

Pinkerton and Sparks, 1978; Robson, 1967; Ryerson et al.,

1988; Shaw, 1969; Shaw et al., 1968).

The transition from fluidlike behavior to solid-like behavior

occurs in a rather narrow range of crystal fraction. Thus, it can

be called the ‘rheological transition.’ At f only slightly smaller

than fm, the viscosity is not much different from that of a pure

melt except for corrections described by eqns [16] and [17]. At

f>fm, the deformation rate is controlled by the viscosity of

the solid matrix reduced by the presence of melt (Cooper and

Kohlstedt, 1986; Hirth and Kohlstedt, 1995a,b; Jin et al., 1994;

Kohlstedt and Zimmerman, 1996; Mei et al., 2002; Mei and

Kohlstedt, 2000a,b; Rutter and Neumann, 1995; van der

Molen and Paterson, 1979). The dependence of the solid-

state viscosity on the melt fraction is parameterized with the

help of simple exponential function:

�¼ �sexp �a�f
� �

[18]

where �s is the viscosity of melt-free rock and a� is a constant

that depends on the creep mechanism. Mei et al. (2002) gave

a�¼26 for diffusion creep and a�¼31 for dislocation creep.
9.04.5 Convection in the Magma Ocean

9.04.5.1 Convective Heat Flux

During the early stages of crystallization of the magma ocean,

the viscosity is small and convection is extremely turbulent.

The convective heat flux is usually calculated as
Fsoft ¼ 0:089
k Tm�Tsð Þ

L
Ra1=3 [19]

where

Ra¼ ag Tm�Tsð ÞL3
kn

[20]

is the Rayleigh number, Tm is the potential temperature of the

magma ocean, Ts is the surface temperature, k is the coefficient

of thermal conductivity, k¼k/rcp is the coefficient of thermal

diffusivity, and n¼�/r is the kinematic viscosity (Kraichnan,

1962; Siggia, 1994).

However, at very high Rayleigh numbers such as those in the

magma ocean, convection changes to a regime sometimes called

hard turbulence (Castaing et al., 1989; Grossmann and Lohse,

1992; Shraiman and Siggia, 1990; Siggia, 1994). By contrast, the

ordinary turbulence is called soft turbulence. One of the impor-

tant features of hard-turbulent convection is the existence of a

large-scale circulation. This coherent motion within the highly

turbulent fluid is an example of self-organization in complex

systems (e.g., Nicolis and Prigogine, 1977), that is, systems that

have many degrees of freedom interacting with each other.

Turbulence is caused by numerous plumes originating from

the upper and lower boundaries of the convective layer. The

coherent circulation of the fluid emerges from random actions

of these plumes. In the magma ocean, this mainly includes cold

plumes originating from the surface but may also include hot

plumes originating from the core–mantle boundary.

Several scaling laws have been proposed for the hard tur-

bulence regime (Kadanoff, 2001; Siggia, 1994). Shraiman and

Siggia (1990) obtained the following equation:

Fhard ¼ 0:22
k Tm�Tsð Þ

L
Ra2=7Pr�1=7l�3=7 [21]

where Pr¼n/k is the Prandtl number and l is the aspect ratio

for the mean flow.

Another effect to consider is the rotation of the Earth.

Although the rotation of the Earth does not affect subsolidus

mantle dynamics (Coriolis forces are negligible compared to

viscous forces), the dynamics of low-viscosity magma ocean

may be affected by rotation. How large is the effect of rotation

on the heat flux? At low Rayleigh numbers (soft turbulence),

the heat flux depends on the rotation as follows:

F� k Tm�Tsð Þ
L

Ra3Ta�2 [22]

where

Ta¼ 4O2L4

n2
[23]

is the Taylor number (Boubnov and Golitsyn, 1986, 1990;

Canuto and Dubovikov, 1998).

At high Rayleigh numbers, the effect of rotation becomes

negligible and the heat flux is the same as in the absence of

rotation. The critical Rayleigh number for the transition to the

no-rotation regime is approximately the one at which the two

scaling laws (with and without rotation) give the same heat

flux. In the soft turbulence regime, the requirement that the

heat flux [19] is the same as [22] gives the Rayleigh number

above which rotation does not affect the heat flux (see also

Canuto and Dubovikov, 1998):
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Figure 4 (a) The surface heat flux and (b) the surface temperature are
shown as functions of the potential temperature calculated using
scaling laws for soft turbulence convection (solid line) and hard
turbulence convection (dashed line). The viscosity is �l¼0.1 Pa s. The
uncertainties associated with the viscosity are smaller than those
associated with the scaling law.
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Ra* � Ta3=4 [24]

For the magma ocean, Ta�1025. This gives Ra*�1019,

which is much smaller than the typical values Ra�1028–

1029. Although these estimates are for soft turbulence, the

difference between soft turbulence and hard turbulence is rel-

atively small. Thus, it is reasonable to assume that rotation

does not have any significant effect on the heat flux in the

hard turbulence regime.

Application of the hard turbulence regime to magma

oceans requires substantial extrapolation: Laboratory experi-

ments have only been performed on helium (Pr�1) to about

Ra�1017, while in the magma ocean, Ra�1028–1029 and

Pr�102–103. At very high Rayleigh numbers, convection was

expected to enter a new regime of turbulent convection

(Kraichnan, 1962; Siggia, 1994). So far, experiments did not

show any evidence of such an ‘ultrahard’ regime (Glazier,

1999; Niemela et al., 2000). Thus, hard turbulence is probably

applicable to the extreme conditions of magma oceans.

The spherical geometry of the magma ocean is different

from the geometries in laboratory experiments. However, like

in other convection problems, the changes in the scaling laws

due to spherical geometry are expected to be minor. A major

uncertainty associated with spherical geometry is probably the

aspect ratio l of themean flow. The simplest assumption is that

l�1, that is, the horizontal scale of the mean flow is of the

order of the depth of the magma ocean. This parameter can be

effected by rotation.

Temperature-dependent viscosity does not seem to play a

significant role in controlling the heat flux. When the potential

temperature is close to liquidus, the temperature contrast in the

thermal boundary layer is 200–600 K depending on the scaling

law. According to Liebske et al. (2005b), the corresponding

viscosity contrast is at most one order of magnitude. This is too

small to have a significant effect on the heat transport

(Solomatov, 1995a).

Does radiative heat transport play a role in the thermal

boundary layer near the surface? The thickness d¼k(Tm�Ts)/

F of the thermal boundary layer is of the order of 1 cm. The free

path of infrared photons in silicates is smaller, of the order of

1 mm (Clark, 1957; Shankland et al., 1979). This means that

the thermal boundary layer is not thin enough to be transpar-

ent to infrared radiation. Also, the thermal conductivity of

magma does not seem to be significantly affected by the radi-

ative heat transport. The data collected by Murase and

McBirney (1973) suggest that for solid lherzolite, the thermal

conductivity is not very different from that at low tempera-

tures: k�4Wm�1K�1 around 1500 �C.
The heat flux depends on the surface temperature. Since the

heat flux from the magma ocean is much higher than the

incoming solar radiation, the surface temperature is estab-

lished not by the radiative equilibrium between the incoming

radiation and outgoing radiation but by the equilibrium

between the heat flux transported by convection in the

magma ocean to the surface and the heat flux radiated from

the surface of the magma ocean. The latter depends on the type

of the atmosphere covering themagma ocean (Abe andMatsui,

1986; Hayashi et al., 1979; Matsui and Abe, 1986; Nakazawa

et al., 1985; Zahnle et al., 1988). In the early stages of

crystallization, the surface temperature is very high, more
than 2000 K. In this case, the atmosphere is a ‘silicate’ one

(Hayashi et al., 1979; Nakazawa et al., 1985; Thompson and

Stevenson, 1988). The heat flux can be written as

F¼ sSBT4
e [25]

where Te is the effective temperature (the temperature that

corresponds to a blackbody emitting the heat flux F) and

sSB¼5.67�10�8 Jm�2K�4 is the Stefan–Boltzmann constant.

The magnitude of Te depends on the mass of the silicate

atmosphere. It can be smaller than the surface temperature Ts
by several hundred kelvins (Thompson and Stevenson, 1988).

Fortunately, the dependence on the mass of the atmosphere is

weak. The simplest assumption one can make without consid-

ering the heat transfer in the atmosphere is that Te�Ts, that is,

magma ocean radiates like a blackbody with temperature Ts.

With this assumption, the surface heat flux can be overesti-

mated by a factor of (Ts/Te)
4. For a moderately opaque atmo-

sphere with Te�1500K and Ts�2000K, (Ts/Te)
4�3.

Figure 4 shows the heat flux and the surface temperature as

functions of the potential temperature of the magma ocean

during the initial period of crystallization. The scaling law for
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hard-turbulent convection predicts that the heat flux is close to

106Wm�2. The formula for soft-turbulent convection gives

lower values of the heat flux, by a factor of �3. It might be

worth emphasizing that these are only rough estimates. Also, a

more realistic model would need to consider a coupled evolu-

tion of the atmosphere and magma ocean, which is a signifi-

cantly more complex problem (Abe, 1997; Elkins-Tanton,

2011; Marcq, 2012) especially given its highly stochastic nature

(Abe, 2011).
9.04.5.2 Convective Velocities

In the soft turbulence regime, the convective velocities can be

estimated in terms of the mixing length l as (Kraichnan, 1962;

Priestly, 1959)

u0 � 0:6
aglF
rcp

� �1=3

[26]

where F is the surface heat flux. The coefficient is constrained

by laboratory experiments (Deardorff, 1970; Willis and

Deardorff, 1974) and atmospheric measurements (Caughey

and Palmer, 1979). The simplest assumption is that the mixing

length is approximately equal to the depth of the magma ocean

l�L (if the magma ocean has partially crystallized beyond the

rheological transition, then l should be the thickness of the

remaining low-viscosity region). For F�106Wm�2 (Figure 4)

and other parameters from Table 1, eqn [26] gives u0�4 m s�1

(note that the velocity is slightly larger in two-phase regions

where a and cp need to be replaced by eqns [3] and [4]).

The ratio F/r is almost the same for the magma ocean and

the atmosphere. This explains why the previous estimate is very

similar to the observed velocities in the convective boundary

layer in the atmosphere (Caughey and Palmer, 1979).

The equations suggested by Shraiman and Siggia (1990)

can be rewritten in the form similar to eqn [26]:

u0 � au
aglF
rcp

� �1=3

[27]

where the coefficient au�0.086x* and x* is related to u0
through the following equation:

x*¼ 2:5ln
ru0l
�

1

x*

� �
+6 [28]

The solution to the earlier transcendental equations gives

au�5.9, which varies weakly with ru0l/�. In the hard turbu-

lence regime, the velocity increases by a factor of 10. This

brings the estimate of the convective velocity in the magma

ocean up to 40 ms�1. The effect of the Earth’s rotation can be

estimated in the same way as it was done for soft turbulence:

replacing the thickness of the convective layer by a reduced

length scale

l� u0
O

[29]

imposed by rotation explains rather well the experimentally

observed reduction in the convective velocity (Boubnov and

Golitsyn, 1986, 1990; Chen et al., 1989; Fernando et al., 1991;

Golitsyn, 1980, 1981; Hopfinger, 1989; Hopfinger et al., 1982;

Solomatov and Stevenson, 1993a).
Assuming that this length scale works for hard turbulence,

Solomatov (2000) obtained

u0 � 14
agF
rcpO

� �1=2

[30]

This gives velocities around 16 ms�1 with the uncertainty

of a factor of 3. The value of 10 ms�1 can be assumed for the

magma ocean (Table 1).
9.04.6 Fractional Versus Equilibrium Crystallization

9.04.6.1 How Are Crystals Suspended by Convection?

Early studies of convective suspensions used several

approaches. Some looked at the trajectories of particles in

steady flows and assumed that the particles whose trajectories

are closed can be suspended indefinitely (Marsh and Maxey,

1985; Rudman, 1992; Weinstein et al., 1988). This approach

cannot work for turbulent flows where closed trajectories do

not exist.

Others used a phenomenological description of the balance

between the downward flux of particles due to settling and the

upward flux due to convection (Bartlett, 1969; Huppert and

Sparks, 1980). This approach predicted that crystals stay in

suspension if the settling velocity is smaller than the convective

velocity.

However, this approach did not consider the fact that the

convective velocities decrease near the bottom. The first sys-

tematic laboratory experiments on convective suspensions by

Martin and Nokes (1988, 1989) showed that even when the

settling velocity is much smaller than the convective velocity,

the particles eventually settle down and they do so nearly as

fast as in the absence of convection. They argued that because

the convective velocity at the lower boundary vanishes, the

particles cannot be reentrained and remain at the boundary.

Yet, in one experiment, the amount of suspended particles

remained constant after some partial initial sedimentation.

Tonks and Melosh (1990) addressed the problem of sus-

pension in convective systems using the analogy with the

entrainment of particles in shear flows. They argued that tur-

bulence is the key factor for suspension for both shear flows

and convection. According to their arguments, turbulence was

not strong enough in Martin and Nokes’ (1988, 1989) exper-

iments. In particular, they argued that sedimentation in con-

vective systems does not occur if the settling velocity is smaller

than the effective friction velocity associated with turbulent

fluctuations. However, Solomatov and Stevenson (1993a)

pointed out that the Reynolds number in the only experiment

where Martin and Nokes reported suspension was about 0.03,

which is below the critical value for the transition to turbulence

by two orders of magnitude. Thus, it remained unclear how

particles are reentrained from the bottom.

Solomatov et al. (1993) investigated the mechanisms of

entrainment experimentally using polystyrene spheres in an

aqueous CaCl2 solution. They showed that for either laminar

or turbulent convection, the particles are moved at the bottom

by the stresses generated by thermal plumes. These stresses are

much larger than the stresses generated by turbulence. They

also showed that the particles are not reentrained right away
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but they are piled together in ‘dunes.’ If the flow is strong

enough, it picks up the particles at the crests of the dunes and

reentrains them back into the interior region of the convective

layer. The critical condition for reentrainment is

tT
Drgd

� 0:1 [31]

where

tT ¼ �lagF
cp

� �1=2

[32]

is the convection stress scale and d is the diameter of the

particles.

Application of these criteria to magma oceans is still not

straightforward because the conditions in magma oceans are

quite different from the laboratory experiments. Although

the stress [32] dominates at low Rayleigh numbers, at high

Rayleigh numbers, the situation can reverse. In fact, in the hard

turbulence regime, the stresses associated with turbulence are

larger than [32] (Shraiman and Siggia, 1990). The former are

t*¼ ru*2 [33]

where u*¼u0/x* (eqn [28]). With typical values of x*�60 and

u0�10 ms�1, one gets t*�50Pa. Assuming that eqn [31] can

be applied to the hard turbulence regime, that is,

t*
Drgd

� 0:1 [34]

one can get that crystals up to several centimeters in diameter

can be suspended in magma oceans. The criterion [31] gives

much smaller critical crystal size, by almost two orders of

magnitude.

Perhaps a more important factor is that unlike non-

interacting particles in the laboratory experiments, crystals

can form solid bonds as observed in experiments on magmas

(e.g., Lejeune and Richet, 1995). Formation and growth of

solid bonds are a well-studied phenomenon in metallurgy,

which plays a key role in liquid phase sintering (e.g.,

German, 1985). The bonds between crystals and the underly-

ing bed can easily prevent reentrainment.
9.04.6.2 Energetics of Convective Suspensions

Even though reentrainment of crystals from the bottom of the

convective layer is the key process that keeps particles sus-

pended in laboratory experiments, this is not the most impor-

tant factor that controls sedimentation in magma oceans. The

crucial factor for magma oceans is that the presence of crystals

can suppress convection as a result of viscous heating and

density stratification associated with crystal settling

(Solomatov and Stevenson, 1993a).

The total amount of energy released per unit time due to

crystal settling is

F¼ usgfDrV [35]

where us is the settling velocity and V is the volume of the

magma ocean. Thus, convection has to do work to suspend

crystals.
The total amount of energy per unit time, which is available

for mechanical work, is

W� agL
cp

FA� FA [36]

where A is the surface area of the Earth and agL/cp�1. Most of

this work is spent to overcome viscous friction associated with

convection, that is, just to keep convection going.

Experiments show that only a small fraction e�0.1–1% of

W is available for reentrainment (Solomatov et al., 1993) If

reentrainment is possible, the equilibrium volume fraction of

crystals is determined by the condition that

F¼ eW [37]

When F> eW, the sedimentation rate exceeds the re-

entrainment rate and vice versa.

When viscous dissipation due to sedimentation exceeds the

available mechanical power, that is,

F>W [38]

convection is suppressed and suspension ceases to exist

(Solomatov and Stevenson, 1993a). Although this theoretical

prediction has not been tested experimentally, Solomatov and

Stevenson (1993a) showed that this condition approximately

coincides with the condition that the turbulence collapses due

to density stratification caused by crystal settling (Solomatov

and Stevenson, 1993a). The latter problem is analogous to the

problem of turbulence in stratified fluids and has been well

studied in laboratory experiments (Hopfinger, 1987).

When viscous dissipation exceeds the total heat loss rate

from the magma ocean, that is,

F> FA [39]

then cooling can continue only after fractionation of some

amount of crystals reduces F to the level where F<FA.
9.04.6.3 Conditions for Fractional Crystallization

Fractional crystallization is expected to happen when the

condition [39] is satisfied (cooling is impossible without sed-

imentation) and even when a less severe condition [38] is

satisfied (convection is suppressed) although for deep magma

oceans, these two conditions almost coincide. In either case,

crystal–melt segregation occurs independently of whether or

not there is any reentrainment of crystals at the bottom of the

magma ocean.

To estimate the crystal size at which this happens, we need

the equation for the settling velocity

us ¼ ff
Drgd2

18�l
[40]

where ff is a hindered settling function such that ff¼1 at

f¼0 (Davis and Acrivos, 1985). If the crystal fraction in the

magma ocean varies from 0 to the maximum packing fraction

fm¼0.6, then the average crystal fraction is about f�30% at

which ff�0.15 (Davis and Acrivos, 1985).

The critical crystal size above which fractional crystalliza-

tion occurs is then found from eqn [38]:
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df ¼ 18a�lFAL
ffgcpDr2fV

� �1=2

[41]

or

df � 10�3 �l
0:1Pa s

� 	1=2 F

106Wm�2

� �1=2

m [42]

9.04.6.4 Conditions for Equilibrium Crystallization

A simple condition for the magma ocean to crystallize without

any substantial chemical differentiation is one that requires

that the sedimentation time is much smaller than the crystal-

lization time (Solomatov, 2000).

The crystallization time is

tc �
DHf+ cpDT
� �

M

FA
� 400years [43]

where DT�1000K is the average temperature drop upon crys-

tallization of the magma ocean up to the crystal fraction

f�60% and M is the mass of the magma ocean.

The sedimentation time even in the presence of turbulent

convection is (Martin and Nokes, 1988)

ts � L

us
[44]

Crystallization is faster than sedimentation, that is, tc< ts,

provided the crystal size is smaller than

de ¼ 18L�l
ffgDrtc

� �1=2

[45]

or

de � 10�3 �l
0:1Pa s

� 	1=2 F

106Wm�2

� �1=2

m [46]

The difference between df and de is negligible compared

to the uncertainties in the crystal size. Therefore, the critical

crystal size that separates equilibrium and fractional crystalli-

zation is

dcrit � 10�3 �l
0:1Pa s

� 	1=2 F

106Wm�2

� �1=2

m [47]

The fact that these two estimates are very close to each other

is not surprising – their ratio scales approximately as

de
df

� Dr=rcp
aTDS

� �1=2

[48]

where we used M�rAL and DHf+ cpDT�DHf�TDSf.
The entropy change upon melting DS is of the order of

several kB per atom (Stishov, 1988), while cp¼3kB per atom.

Therefore, DS� cp. Also, Dr/r�aT�0.1. Thus, de/df�1.
Figure 5 Magma ocean in the early stages of crystallization. Nucleation
occurs in the downgoing convective flow when it enters the two-phase
region. Crystals continue to grow because of Ostwald ripening – larger
crystals grow at the expense of smaller ones. The crystals that have
resided longer in the two-phase region are schematically shown bigger.
9.04.7 Crystal Size in the Magma Ocean

The estimate of the critical crystal size �1 mm separating equi-

librium and fractional crystallization is significantly smaller

than the early estimates, which predicted that the critical crystal

size is of the order of tens of meters (Miller et al., 1991a,b;

Tonks andMelosh, 1990). If the critical crystal size were indeed

this big, no physical mechanism could allow the crystals to
reach this size during the lifetime of the magma ocean. The

new estimate is in the range of typical crystal sizes observed in

magmas (e.g., Cashman and Marsh, 1988), thus bringing up

the question of whether the crystal size in the magma ocean

was larger or smaller than �1 mm.

9.04.7.1 What Processes Control the Crystal Size
in the Magma Ocean?

In thermodynamic equilibrium, the crystal diameter d is

related to the crystal fraction f and the number of crystals N

per unit volume as (assuming spherical shape)

d¼ 6f
pN

� �1=3

[49]

The number of crystals is controlled by nucleation in the

descending flow. When crystal-free magma reaches the pres-

sure where the temperature of the convecting magma ocean

(adiabat) drops below the liquidus, crystals nucleate and grow

until the equilibrium crystal fraction is reached.

If the number of crystals does not change with time, then the

crystals grow simply because the equilibrium crystal fraction f
changes with depth along the adiabat – increases on the way

down and decreases on the way up. However, dissolution of

smaller crystals and growth of larger crystals decrease the num-

ber of crystals per unit volume and, thus, increase the average

crystal size according to eqn [49]. This process is called Ostwald

ripening.

9.04.7.2 Nucleation

When the temperature in the downwelling convective flow

drops below the liquidus, crystals form via nucleation and

growth mechanism (Figures 5 and 6). During nucleation,

tiny crystals (tens of atoms in diameter, depending on the

supercooling) precipitate from the supercooled melt. The
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Figure 6 Evolution of a fluid parcel (large circle) in the downwelling
flow. When the temperature of a fluid parcel drops below the liquidus, the
temperature of the parcel initially follows a metastable one-phase
adiabat (solid line) rather than the two-phase adiabat (dashed line),
without any crystallization (stage A – pure liquid). When the supercooling
reaches the nucleation barrier, an avalanche-like nucleation produces
tiny crystals (stage B – liquid with nuclei). The subsequent crystal growth
brings the temperature of the fluid up to the equilibrium two-phase
adiabat (stage C – nearly equilibrium liquid–crystal mixture).
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nucleation rate (the number of nuclei produced per unit vol-

ume per unit time) is an extremely sensitive function of the

supercooling DT¼Tliq�T – the difference between the equi-

librium value of the liquidus and the actual temperature of the

fluid. It can approximately be described as

J DTð Þ¼ a exp � B

DT2

� �
[50]

B¼ 16ps3appT
2
0

3kBTr2DH2
[51]

where a is a constant, T0 is the melting temperature of the

crystallizing phase, and sapp is the apparent surface energy.

Once a crystal has nucleated, it grows at a rate that can be

controlled by either interface kinetics or diffusion. In the for-

mer case, the bottleneck in crystal growth is the attachment of

atoms to the crystal (e.g., in some cases, the atom needs to find

an imperfection on the crystal surface to be able to attach to it),

while in the latter case, the attachment is relatively easy and the

bottleneck is the long-range transport of atoms in the melt

surrounding the growing crystal.

Although nucleation and crystal growth in the magma

ocean might seem to be very difficult to constrain, fortunately,

this process is mathematically very similar to bulk crystalliza-

tion of continuously cooling liquids in laboratory conditions

(Cashman, 1993; Flemings et al., 1976; Grove, 1990; Grove

and Walker, 1977; Ichikawa et al., 1985; Lofgren et al., 1974;

Smith et al., 1991; Walker et al., 1978). In both cases, the

controlling parameter is the cooling rate _T. The only difference

is that the effective cooling rate of an adiabatically descending

fluid parcel is the rate of change of the difference between the

liquidus temperature Tliq and the adiabatic temperature Tad:

_T¼ u0
dTliq
dz

�dTad
dz

� �
[52]

where dTliq/dz is the liquidus gradient and dTad/dz is the

adiabatic gradient.
Solomatov and Stevenson (1993c) solved the problem of

nucleation in continuously cooling multicomponent liquids

for interface kinetics controlled growth. Their solution is some-

what similar to the one obtained by Raizer (1960) (see also

Zel’dovich and Raizer, 2002) for condensation in an adiabat-

ically expanding cloud of vapor except that it uses a more

general mathematical method developed by Buyevich and

Mansurov (1991). Solomatov (1995b) solved this problem

for the case when crystal growth is controlled by diffusion

rather than interface kinetics and showed that this solution is

more consistent with various experimental data on silicates

and alloys.

According to Solomatov (1995b), nucleation in continu-

ously cooling liquids operates during a very short period of

time (an avalanche-like event). The abrupt start of nucleation

is due to the fact that the liquid needs to reach a critical

supersaturation (the nucleation barrier). The short duration

and abrupt cessation of the nucleation are due to the fact that

the precipitated crystals quickly change the composition of the

fluid, which reduces the supersaturation below the nucleation

barrier. Although the duration of nucleation is short, this is the

key process that determines the number of crystals nucleated

per unit volume, and thus, the size of these crystals after the

system reaches an equilibrium.

The number of nuclei produced per unit volume during the

nucleation period is calculated as follows:

N¼ 0:2
z3=2 _T

3=2
y3=2

B dTliq=df


 

D3=2

[53]

where D is the diffusion coefficient and z¼DT/DC determines

the relationship between the supercooling DT and the super-

saturation DC. It is of the order of the difference between

liquidus and solidus temperatures, z�Tliq�Tsol.

The parameter y in eqn [53] is nearly constant (�30). It can

be found from the transcendental equation

y¼ ln
6:05 dTliq=df



 

aB3=2D3=2

z3=2 _T
5=2

y3

" #
[54]

From eqns [49] and [53] with f�60%, we estimate

dnucl � 10�3 sapp
0:02Jm�2

� �
D

10�9m2s�1

� �1=2 u0
10ms�1

� 	�1=2

m

[55]

This relationship can be interpreted as follows. The velocity

controls the cooling rate of fluid parcels: the faster the cooling

rate, the further the system is driven into the metastable state,

the higher the nucleation rate and the more crystals are nucle-

ated. This corresponds to the well-known fact that faster cool-

ing produces smaller crystals. The diffusion coefficient controls

the crystal size somewhat indirectly: during the nucleation and

growth stage, the thermodynamic equilibrium is achieved via

both the nucleation of new crystals and the growth of already

nucleated crystals. The larger the diffusion coefficient, the more

this balance is shifted toward growth and the fewer crystals are

nucleated. The surface energy controls nucleation: the larger

the surface energy, the more difficult it is to nucleate crystals

and the fewer crystals are produced.

Note that the apparent cooling rates _T in the magma ocean

are not that much different from those in the laboratory
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conditions (Figure 7). This means that there is no extrapola-

tion in this parameter. The parameter that can significantly

affect the estimate of the crystal size is the apparent surface

energy, sapp. It was argued that it is not the normal surface

energy but rather an apparent one for nucleation (Dowty,

1980; Solomatov, 1995b). The value of 0.02 Jm�2 (Table 1)

is based on the analogy with other cases that suggest that it is

almost one order of magnitude smaller compared to the usual

one. Higher values of sapp in the magma ocean cannot be

excluded. This means that it can increase the crystal size by as

much as one order of magnitude.

It is also worth noting that because of a large value of the

logarithm in eqn [54], the value of y and thus, the crystal size,

is insensitive to the uncertainties in the parameters under the

logarithm. In particular, the most uncertain parameter is the

prefactor a (the uncertainties can be as large as 10 orders of

magnitude). However, this uncertainty effects the results only

by a factor of 2 or so.
9.04.7.3 Ostwald Ripening

For diffusion-controlled Ostwald ripening, crystal size is calcu-

lated as follows (Lifshitz and Slyozov, 1961; Voorhees, 1992):

d3ost�d3nucl ¼
32

9
bfa0Dtost [56]

where dnucl is the initial crystal size after nucleation,

a0¼2sc1vm/RT, s is the surface energy, c1 is the equilibrium

concentration of the crystallizing mineral in the melt, vm is the

molar volume of the crystallizing mineral, tost is the time

available for Ostwald ripening, and bf is a function of f such

that bf¼1 in the limit f	1. The time available for Ostwald

ripening is roughly the characteristic residence time in the
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Figure 7 Crystal size versus cooling rate for five crystallizing phases
(from Solomatov, 1995b): Sn (Sn–Pb system, solid boxes), Al (Al–Cu,
pluses), Si (Al–Si, diamonds), diopside (diopside–plagioclase, solid
triangles), and plagioclase (diopside–plagioclase, open boxes). The data
are from Lofgren et al. (1974), Flemings et al. (1976), Grove and
Walker (1977), Walker et al. (1978), Ichikawa et al. (1985), Grove (1990),
Smith et al. (1991), and Cashman (1993). The data approximately
follow the theoretical 1/2 slope. The location of the magma ocean is
shown.
two-phase region, that is, tost�H/u0. Neglecting the initial

crystal size dnucl, we obtain that

dost � 10�3 D

10�9m2 s�1

� �1=3 u0
10ms�1

� 	�1=3

m [57]

This is similar to estimate [55]. Thus, Ostwald ripening does

not increase the crystal size substantially.

The previous estimates show that the crystal size during the

early crystallization of the magma ocean is very close to the

critical crystal size separating fractional and equilibrium crys-

tallization of the magma ocean (Figure 8), which is about

1 mm. This means that both equilibrium and fractional crys-

tallization (up to 60% crystal fraction) are equally acceptable

within the uncertainties of the physical parameters.
9.04.8 Crystallization Beyond the Rheological
Transition

As was mentioned earlier, at the crystal fraction around

fm�60%, crystal–melt mixture undergoes a rheological tran-

sition to a solid-like behavior, and the deformation is con-

trolled by the solid-state creep of crystals. Solomatov and

Stevenson (1993b) and Solomatov (2000) showed that rapid

cooling and crystallization may continue even at f>fm.

This can be explained as follows. When the viscosity of

magma abruptly increases from liquid-like viscosity to the

solid-like viscosity around f�fm, convection stops at the

bottom of the magma ocean or somewhere near it – the hot

core may keep the base of the mantle molten even after crys-

tallization of the magma ocean. A nonconvecting layer with

the crystal fraction f�fm starts growing from the bottom of

the magma ocean (Figure 9). If solid-state convection does not

start, then in about 400 years, eqn [43], the temperature in the

entire magma ocean would approximately follow the curve

f�fm¼const. However, the temperature gradient of the

magma ocean, which is partially crystallized to f�fm, is
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Figure 8 The crystal size during the early stages of crystallization of the
magma ocean (assuming that it is controlled by nucleation in the
downwelling flow) and the critical crystal size for suspension are shown
as functions of the heat flux. The width of the curves (gray bands)
represents the uncertainty range of one order of magnitude.
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Figure 9 Crystallization of the magma ocean: (a) The lower part of the
magma ocean is below liquidus (dotted line), convection is controlled
by melt viscosity, and the temperature (heavy solid line) is adiabatic;
(b) high-viscosity, gravitationally unstable region with the maximum
packing crystal fraction forms near the bottom of the magma ocean
(f¼fm curve is shown with a dashed line); (c) cooling beyond f¼fm

proceeds via solid-state convection, which is still fast at this stage. The
temperature in the high-viscosity region below solidus (solid line) can be
superadiabatic; (d) f>fm everywhere and the rate of cooling and
crystallization of the remaining melt are controlled by solid-state
convection and melt percolation. The gray and black crystals
schematically illustrate different mineral phases.
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roughly parallel to solidus and thus is steeper than the adiabat.

Since the adiabat is the temperature profile of a neutrally stable

fluid, a superadiabatic temperature profile would make the

mantle gravitationally unstable.

The instability is so fast that one can ignore thermal diffu-

sion and treat it like a Rayleigh–Taylor instability. The driving

effective density contrast is of the order of

DrRT �
1

2
arL

dTsol
dz

�dTad
dz

� �
� 100kgm�3 [58]

for the whole mantle (L�3�106m).
The timescale for the overturn can then be estimated as

(Turcotte and Schubert, 2002)

tRT � 26
�s

DrRTgL
[59]

where �s is the viscosity of the solid mantle and g is the gravity.

The viscosity �s of the lower mantle is poorly constrained.

The present-day lower mantle viscosity is around 1022Pa s

(e.g., King, 1995). The temperature of the mantle is much

below solidus, by �1000–1500 K at the base of the mantle

(Boehler, 1996, 2000; Zerr et al., 1998). Thus, the viscosity

near the solidus must be substantially lower than 1022Pa s.

Based on experimental and theoretical constraints on the

lower mantle viscosity (Béjina et al., 2003; Ita and Cohen,

1998; Karato and Li, 1992; Li et al., 1996; Wright and Price,

1993; Yamazaki and Karato, 2001; Yamazaki et al., 2000), we

can assume that the viscosity near the solidus is about 1018Pa s

for the grain size of 10�3m.

The presence of melt reduces the viscosity further.

Equation [18] suggests that the viscosity is �104–105 times

smaller at f�fm and one order of magnitude smaller when

only 10% melt remains in the mantle. These estimates are very

approximate because eqn [18] is a phenomenological equation

whose underlying physical mechanisms are poorly understood

and thus the errors due to extrapolation to the magma ocean

conditions are unknown. Nevertheless, eqns [18] and [59] pre-

dict that for a near-solidusmantle, the overturn is of the order of

100 years, and for f�fm, it can be as short as a few days.

Thus, the instability starts developing soon after the maxi-

mum packing fraction is reached at the bottom of the magma

ocean and takes the form of solid-state convection, which is the

primary mechanism of cooling and crystallization in the range

fm<f<1. A complete solidification front would follow the

rheological front toward the surface (Figure 9). When the

adiabatic temperature in the solidified regions becomes so

low that the viscosity exceeds about 1019 Pa s, then Rayleigh–

Taylor will be unable to catch up with the solidification front.

It is likely that the temperatures in the high-viscosity regions

will be superadiabatic. In this case, a substantial superadiabatic

temperature gradient can be created upon crystallization of the

magma ocean. The instability would continue after crystalliza-

tion of the magma ocean. It may take a form of overturn as

suggested for Mars by Elkins-Tanton et al. (2005), which

would create a subadiabatic and gravitationally stable mantle.

It should be emphasized that this remains one of the most

difficult and uncertain aspects of magma ocean crystallization.
9.04.9 The Last Stages of Crystallization

9.04.9.1 Cessation of Suspension

The first important transition occurs when the molten layer

disappears, that is, the potential temperature drops below

liquidus everywhere. The crystal size increases because the

sequence ‘nucleation–growth–dissolution’ changes to just

‘growth.’ During the nucleation–growth–dissolution cycle,

the time available for Ostwald ripening is controlled by the

residence time of crystals in the partially molten region, which

is of the order of tost�3H/u0�106 s or roughly 1 week. When

the completely molten layer disappears, crystals never exit the
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two-phase region and the characteristic time for crystal growth

is much larger. It can approximately be estimated as the time it

takes for the potential temperature to drop from the liquidus

temperature to the critical temperature for the rheological tran-

sition (i.e., while liquid-state convection still occurs). Since the

difference between liquidus Tliq and solidus Tsol is about 600 K

near the surface (Figure 1) and f�60% is reached approxi-

mately in the middle between liquidus and solidus (Figure 2),

then t0ost�3�109s (100 years) according to eqn [43]. The

crystal size increases by (t0ost=tostÞ1=3 � 14 times, that is,

d0ost�10�2m. If crystal–melt segregation did not start earlier,

at this stage, it is impossible to avoid (Figure 8).

In addition, the surface temperature would eventually drop

below 1500 K (Figure 4). If substantial amounts of water were

present at that time, the atmosphere would change from sili-

cate to steam one. The blanketing effect of the steam atmo-

sphere can reduce the heat flux to 102–103W m�2 (Abe and

Matsui, 1986; Kasting, 1988; Zahnle et al., 1988). This would

increase the crystal size even further and at the same time

substantially reduce the ability of convection to suspend crys-

tals (Figure 8).

The pressure at the bottom of the partially molten layer (the

complete crystallization front) at the time when the completely

molten layer disappears can be estimated from an adiabat,

which starts at the liquidus temperature at the surface. The

bottom of the partially molten layer is the pressure where this

adiabat intersects with the solidus. It depends strongly on the

details of the thermodynamics of the partially molten layer.

Calculations by Miller et al. (1991a,b), Solomatov and

Stevenson (1993b), Abe (1997), and Solomatov (2000)

(Figures 1 and 3) suggest that the bottom of the partially

molten layer is around 30–40 GPa.

When crystal–melt segregation begins, convection can

become quite complex. This regime is poorly understood. It

may develop layers and instabilities as experiments on convec-

tive suspension show (e.g., Koyaguchi et al., 1993; Sparks et al.,

1993). Although convection is suppressed by sedimentation, it

may not necessarily cease. Crystal fraction near the surface is

below 60%, and thus, the viscosity in a thin region below the

surface is still small. This might be sufficient to maintain con-

vection at least in this layer. Note that convection is driven by

the instabilities of the 1 cm thick surface thermal boundary layer

and the heat flux does not depend much on the processes at

large depth, such as crystal–melt segregation. This means that as

long as a low-viscosity layer exists below the surface, one might

expect that this layer would continue to convect vigorously

generating the high heat flux predicted by eqns [19] and [21].
9.04.9.2 Formation of Thin Crust Within the Thermal
Boundary Layer

Even though a low-viscosity regionmay exist below the surface,

a stable crust can form within the thin thermal boundary layer,

which would reduce the heat flux. Indeed, when the potential

temperature drops below the liquidus, the surface temperature

can reach the critical one where the crystal fraction is about

60% and can even reach the solidus (Figures 1, 2, and 4). First,

it seems that it is unlikely that a solid or partially solid crust can

form on the timescale of d2/4k�30s – this is too short for

crystals to nucleate or grow. Second, if a rigid crust does form
on top of the thermal boundary layer, its effect on the heat flux

is not as big as one might expect. This can be estimated as

follows. The viscosity decreases within the thermal boundary

layer due to both temperature and crystal fraction. As a result,

while the whole boundary layer cannot participate in convec-

tion because of the rigid crust, the bottom part which has the

lowest viscosity can. This convection regime is called stagnant

lid convection.

The heat flux in the stagnant lid convection regime can

approximately be described by eqns [19] and [21], provided

the temperature difference Tm�Ts is replaced by the rheological

temperature scale (Davaille and Jaupart, 1993a,b; Fowler, 1985;

Morris and Canright, 1984; Solomatov, 1995a; Solomatov and

Moresi, 2000). For magma, it is calculated as follows (Davaille

and Jaupart, 1993b; Reese and Solomatov, 2006):

DTrh � 2
d ln�

dT











�1

T¼Tm

¼ 2
@ ln�

@T
+
@ ln�

@f
df
dT











�1

T¼Tm

[60]

Assuming an Arrhenius-dependence of melt viscosity on

temperature, �l�exp(El/RT ), where the activation energy

El¼190kJmol�1 (Liebske et al., 2005b) and using eqn [17]

and Figure 2, we obtain that near liquidus DTrh�100K. This

scale is mostly determined by the variation in the crystal frac-

tion within the boundary layer.

Thus, the driving temperature difference for convection can

be reduced by a factor of 2–6 compared to the temperature

difference without solid crust (Figure 4) and the heat flux can

drop by one order of magnitude (eqns [19] and [21]).
9.04.9.3 Cessation of Liquid-State Convection

When the crystal fraction increases to 60% all the way to the

surface, the effective viscosity of magma is controlled by solid-

state deformation of crystals. Convection becomesmuch slower,

the heat flux drops, and a thick crust forms at the surface. The

location of the bottom of the remaining partially molten layer

can be obtained from an adiabat starting at the critical temper-

ature for the rheological transition. Figure 1 suggests that such

an adiabat intersects the solidus around 10 GPa or 300 km. This

estimate is rather uncertain since even a 100 K error in the

estimate of the rheological transition increases this pressure by

a factor of 2. A similar factor can be caused by variations in the

solidus and in the thermodynamics of partial melt. Also, this

gives only a lower limit because the temperatures can be some-

what superadiabatic due to the strong variation of the viscosity

with depth and because of the compositional stratification at

shallow depth. After solid-state convection replaces liquid-state

convection, percolation of melt through the solid matrix

becomes an important process.
9.04.9.4 Percolation

Melt extraction from the remaining partially molten layer can

be controlled by either the percolation of melt through the

solid matrix or the compaction of the solid matrix (Bercovici

et al., 2001; McKenzie, 1984). The compaction length is of the

order of meters, which is much smaller than the depth L0 of the
remaining partially molten layer. This implies that compaction

does not effect melt extraction and the rate-limiting process is
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melt percolation. Although the melt fraction and the viscosities

of solid and liquid vary in the partially molten region, an

order-of-magnitude melt percolation time is

tdiff � L0

uperc
[61]

where

uperc ¼ gDrd2f2
l

150�l 1�flð Þ [62]

is the percolation velocity (Dullien, 1979; Soo, 1967), which is

related to Darcy velocity, uD�fluperc, and fl¼1�f is the melt

fraction. Melt is likely to migrate very quickly at the initial

stages of percolation (near the rheological transition), when

the melt fraction is large and the melt viscosity is low, and

significantly slow down near the solidus when only a few

percent melt is left. For fl�2%, d�1mm and �l�100Pas

(the value of the viscosity of a low-pressure, high silica, poly-

merized magma just above the solidus, Kushiro, 1980, 1986),

tdiff � 108
fl

0:02

2� �
d

10�3m

� �2 �l
100Pas

� 	
years [63]

9.04.9.5 Crystal–Melt Density Inversions

Crystal–melt density inversions in the magma ocean (Agee,

1998) might result in the formation of more than one molten

layer. This is very important because it determines the direction

of melt migration and chemical differentiation in the magma

ocean. It is now realized that stable molten layers could have

been formed not only near the surface but also in the deep

mantle, in the upper mantle, and at the core–mantle boundary

(Agee, 2008; Akins et al., 2004; de Koker et al., 2013;

Matsukage et al., 2005; Murakami and Bass, 2011; Nomura

et al., 2011; Ohtani, 2009; Ohtani and Maeda, 2001; Stixrude

and Karki, 2005). Constraining these density inversions is

quite challenging and the results from different groups some-

times differ (e.g., Andrault et al., 2012). Besides the experimen-

tal difficulties, there are intrinsic difficulties in determining

density inversions because of their high sensitivity to compo-

sition and, in particular, to poorly constrained iron and water

contents in the melt.

Formation and evolution of a dense magmatic layer at the

base of the mantle early in the Earth’s history would have

important consequences for the Earth’s evolution (Labrosse

et al., 2007). This layer can produce a hidden geochemical

reservoir, which can be a host to various incompatible ele-

ments. For example, it can explain the apparent deficit of 40K

and the low degassing rates of 40Ar and the difference in
142Nd/144Nd ratios between chondrites and the Earth’s mantle.

It can also explain He and Ne signatures of ocean island basalts

(Coltice et al., 2011).
9.04.9.6 Remelting due to Melt Extraction

The extraction of melt is accompanied by gravitational energy

release, which is converted to heat via viscous dissipation

associated with melt migration. Assuming that most of the
energy goes to melting, Solomatov and Stevenson (1993b)

showed that the additional amount of melt generated is pro-

portional to

Rm ¼DrgL0

rDH
[64]

The value of Rm is only about 0.1 for 50 km deep magma

chambers but close to unity for a layer of L0 �500 km depth.

Thus, the total degree of melting can roughly be twice as much

as the initial degree of melting before melt extraction.
9.04.9.7 Solid-State Convection

The timescale for complete crystallization of themantle depends

on the style of convection in the remaining partially molten

layers. When the deformation is controlled by solid-state

creep, the heat flux is determined by the equations, which are

similar to those describing plate tectonics. In its simplest form, it

can be written as (Davies, 1990; Turcotte and Schubert, 2002)

F¼ 0:3k Tm�Tsð Þ4=3 arg
k�s

� �1=3

[65]

For the viscosity �s�1018Pas, and the temperature differ-

ence across the surface thermal boundary layer Tm�Ts�1500 K

(i.e., the surface temperature is around 300 K), the earlier equa-

tion gives F�1 Wm�2. The thickness of the thermal boundary

layer is about 1 km. The crystallization of a partially molten

upper layer of thickness L0 �500 km takes

tconv �DH 1�fmð ÞrL0
F

� 10Myr [66]

If one assumes that the surface layer is rigid and convection

occurs in the stagnant lid regime, then the driving temperature

Tm�Ts�1500 K in eqn [65] needs to be replaced by the rhe-

ological temperature scale eqn [60]. Equations [60] and [18]

give DTrh�100K, where we assumed df/dT�5�10�4K�1

near the rheological transition (the melt fraction is about

40%; Figure 2) and E�240 kJ mol�1, which is the activation

energy for diffusion creep in water-saturated olivine (Karato

and Wu, 1993). The heat flux can drop by a factor of�40, thus

increasing the crystallization time to�400 Myr. If the viscosity

�s and/or df/dT is larger (the latter depends on the details of

the phase diagram), the crystallization time can increase fur-

ther, perhaps, to 2 billion years or so.

It is also possible that density stratification due to chemical

differentiation completely suppresses convection. In the stag-

nant lid convection regime, where the driving temperature

differences are small, this does not take much (Zaranek and

Parmentier, 2004). If this happens, cooling and crystallization

would be controlled by thermal diffusion whose timescale

�L02/4k is about 2 billion years. These order-of-magnitude

estimates show the crystallization time can be comparable

with the age of the Earth. This means that it is possible that

the Earth never had a chance to crystallize completely.

The early studies inevitably considered a simple, one-

dimensional model of magma ocean crystallization in which

any chemical heterogeneities would form laterally homoge-

neous layers. However, the mantle may acquire lateral heteroge-

neities as well, for example, because of an asymmetrical pattern
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of impact-induced melting and incomplete mixing. Smaller, yet

still sufficiently large impacts capable of melting a part of the

mantle may produce localized magma oceans, which form lat-

eral heterogeneities (Reese et al., 2007b). These heterogeneities

are likely to be not only chemical but also rheological andwould

be difficult to mix by mantle convection later in the Earth’s

history (Solomatov and Reese, 2008). A growing number of

isotopic evidence do indeed suggest that early differentiation of

the Earth was heterogeneous and these heterogeneities may have

never fully mixed by mantle convection (Bennett et al., 2008;

Caro, 2011; Touboul et al., 2012).
9.04.10 Magma Oceans on Other Planets

Themagma ocean hypothesis is becoming an important building

block in the narrative of the formation and evolution of not only

the Earth but also other planets (Albarède andBlichert-Toft, 2007;

Brown and Elkins-Tanton, 2009; Elkins-Tanton, 2012; Elkins-

Tanton et al., 2005; Reese and Solomatov, 2006; Reese et al.,

2007a; Sleep, 2000; Stevenson, 2008; Zahnle et al., 2007).

Venus is similar in size to Earth and is likely to have under-

gone some form of widespread melting. The extent of melting

and the evolution of the Venusian magmasphere can be very

different from the Earth because of the stochastic nature of the

formation process. The Venusian magmasphere may have

lasted longer and could have even expanded during the Venu-

sian history due to radioactive heating and inefficient cooling

in the absence of plate tectonics (Reese et al., 2007a). This may

explain the extensive volcanism in the past billion years or so

and the existence of recent (within a few million years) volca-

nism (Smrekar et al., 2010).

Mars is roughly half the size of the Earth and seems to have

differentiated fast. The estimates range from around a few tens

of millions of years (Foley et al., 2005; Kleine et al., 2002) to a

few millions of years (Dauphas and Pourmand, 2011). The

small size of Mars and the isotopic data suggest more localized

magma oceans leading to a more heterogeneous planet (Reese

and Solomatov, 2006; Reese et al., 2007b). This type of magma

oceans is in contrast to a global, more or less uniform magma

ocean usually assumed for the Earth.

Mercury has a peculiar structure characterized by an

extremely thin mantle. A giant impact has been proposed as

one of the possible causes (Benz et al., 1988). More recently,

the magma ocean hypothesis has been invoked to explain the

observed low-iron content of the crust by a postcrystallization

mantle overturn (Brown and Elkins-Tanton, 2009).

Although Io, Jupiter’s satellite, has been known for its

extraordinary level of volcanism caused by tidal heating, the

possibility that Io may have a global magma ocean has been

suggested only recently (Khurana et al., 2011). A partially mol-

ten layer with thickness of about 50 km and 20%melt seems to

explain best the magnetic data returned by the Galileo mission.

Isotopic data suggest that even small bodies underwent

melting and differentiation early during planetary formation.

High-precision Hf–W data for iron meteorites suggest that this

happened in about 1–1.5 million years (Kruijer et al., 2012;

Qin et al., 2008; Scherstén et al., 2006). It is important to note

that the estimates of differentiation times assume equilibrium

melting. Impact-induced metal/silicate segregation may have
occurred under nonequilibrium conditions (Tomkins et al.,

2013). If so, this implies that the time might be longer than

the equilibriummodel suggest and that melting may have been

caused by impacts rather than by 26Al.

The growing list of planets outside of the solar system now

includes planets that are currently likely to be at least partially

molten. For example, CoRoT-7b, about 500 light years away from

Earth and about 1.7 times the size of Earth, is estimated to be

melted due to tidal heating and its proximity to the star, which

keeps its surface temperature around 1800–2600 K (Léger et al.,

2009). A more recently discovered Kepler-10b, which is 560 light

years away from Earth and is closer in size to Earth (about 1.4

times larger), also has a very hot surface, around 1800 K.
9.04.11 Summary

Crystallization of the molten Earth was undoubtedly very com-

plex. A variety of physical and chemical processes determined

the final product of crystallization during the first 108 years,

before the long-term solid-state convection took over. This

includes convection in liquid, solid, and partially molten

states, crystal settling during the early stages of crystallization,

and extraction of residual melt from the partially molten man-

tle during the later stages.

A scenario that seems to agree with the geochemical con-

straints and is physically feasible is as follows. The latest and

the largest impact melts a significant part of the Earth. Gravi-

tational instabilities quickly redistribute the material so that

denser materials (due to temperature and composition) accu-

mulate at the bottom and lighter ones accumulate at the top.

A small fraction of the mantle that survived the impact and

remained solid sink to the bottom of the magma ocean.

In the beginning, the viscosity of the magma ocean is very

low (�0.1 Pa s), the magma ocean is vigorously convecting,

and the heat flux �106W m�2. The temperature profile is

approximately adiabatic. Since the melting curve is likely to

be steeper than the adiabat, crystallization proceeds from the

bottom up. It takes about �103 years to crystallize the lower

part of the mantle. Highly turbulent convection helps to cool

and crystallize the magma ocean to about 60% crystal fraction

(the rheological transition from a low-viscosity suspension to a

high-viscosity partially molten solid).

Whether or not fractional crystallization is prevented dur-

ing the early stages of crystallization depends on the crystal

size. It is controlled by nucleation in the downgoing convective

flow and by Ostwald ripening. The crystal diameter established

by these processes can be sufficiently small (�1 mm) to allow

equilibrium crystallization. The lower part of the mantle

underwent only a small degree of crystal–melt segregation,

which can be reconciled with the geochemical constrained on

the fractionation of minor and trace elements.

Crystallization beyond the crystal fraction of 60% is accom-

plished by solid-state creep convection. Although the viscosity

of solids is very high (�1018Pa s at the solidus and �1014Pa s

near 60% crystal fraction), convection remains sufficiently fast

and is able to help crystallize the lower mantle completely.

Several important changes happen during the last stages of

crystallization of the magma ocean. The purely molten region

disappears, and the crystals undergo continuous growth rather
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than cycle between nucleation, growth, and dissolution. The

early silicate atmosphere changes to a steam atmosphere whose

blanketing effect can reduce the heat flux by several orders of

magnitude. Convection becomes weaker, while the crystals

grow larger and cannot be suspended by convection. Crystal

settling or flotation (depending on pressure) creates a compo-

sitional and density stratification, which tends to suppress

convection although vigorous convection and cooling are

likely to continue near the surface. When the crystal fraction

reaches the maximum packing fraction of about �60% all the

way to the surface, the heat flux drops to �1 Wm�2 because of

the viscosity jump from liquid-like to solid-like viscosity (the

rheological transition). Formation of the solid crust can reduce

the heat flux further by one order of magnitude. All these

changes contribute to the onset of crystal–melt segregation in

the magma ocean. The depth of the differentiated region is

from a few hundred kilometers to 1000 km, with the melt

fraction varying from zero at the bottom to �60% at the top.

Crystallization of this remaining partially molten layer takes

107–109 years, depending on the regime of mantle convection

(surface recycling or stagnant lid convection). This is comparable

with the time it takes the melt to escape via percolation. Radio-

genic heating and subsolidus convection become the main fac-

tors determining the subsequent evolution of the planet.

The two very different timescales, 103 years for crystalliza-

tion of the lower mantle and 107–109 years for crystallization

of the upper mantle, suggest that whenever the Earth was

melted by a giant impact, the lower mantle healed very

quickly, while the upper mantle never had enough time to

crystallize completely. If so, then iron delivered by impacts

accumulated at the base of the upper mantle before it sank

into the Earth’s core. Thus, chemical equilibrium between iron

and silicates was established at high pressures near the bottom

of the partially molten upper mantle in agreement with models

of abundances of siderophile elements.

Although the model of equilibrium crystallization provides

a simple conceptual framework that can help to reconcile

various geochemical constraints, some form of fractional crys-

tallization cannot be excluded within the uncertainties of phys-

ical parameters. Also, fractional crystallization is inevitable at

some stage of crystallization even within this model. The

dynamics of fractional crystallization is undoubtedly very com-

plex and involves a variety of dynamic processes including

crystal settling/flotation, convective mixing in the melt and in

the partially molten solid, melt percolation, gravitational insta-

bilities due to unstable density stratification, and composi-

tional and convective layering. This is an important problem

that needs to be addressed in the future. Finally, future studies

will need to consider primordial differentiation of the Earth’s

mantle in combination with planetary accretion, core

formation, and atmospheric evolution.
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