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Abstract

The oxygen fugacities of nine mantle-derived komatiitic and picritic systems ranging in age from 3.55 Ga to modern day
were determined using the redox-sensitive partitioning of V between liquidus olivine and komatiitic/picritic melt. The com-
bined set of the oxygen fugacity data for seven systems from this study and the six komatiite systems studied by Nicklas
et al. (2018), all of which likely represent large regions of the mantle, defines a well-constrained trend indicating an increase
in oxygen fugacity of the lavas of �1.3 DFMQ log units from 3.48 to 1.87 Ga, and a nearly constant oxygen fugacity from
1.87 Ga to the present. The oxygen fugacity data for the 3.55 Ga Schapenburg komatiite system, the mantle source region of
which was previously argued to have been isolated from mantle convection within the first 30 Ma of the Solar System history,
plot well above the trend and were not included in the regression. These komatiite’s anomalously high oxygen fugacity data
likely reflect preservation of early-formed magma ocean redox heterogeneities until at least the Paleoarchean.

The observed increase in the oxygen fugacity of the studied komatiite and picrite systems of �1.3 DFMQ log units is shown
to be a feature of their mantle source regions and is interpreted to indicate secular oxidation of the mantle between 3.48 and
1.87 Ga. Three mechanisms are considered to account for the observed change in the redox state of the mantle: (1) recycling of
altered oceanic crust, (2) venting of oxygen from the core due to inner core crystallization, and (3) convection-driven homog-
enization of an initially redox-heterogeneous primordial mantle. It is demonstrated that none of the three mechanisms alone
can fully explain the observed trend, although mechanism (3) is best supported by the available geochemical data. These new
data provide further evidence for mantle involvement in the dramatic increase in the oxygen concentration of the atmosphere
leading up to the Great Oxidation Event at �2.4 Ga.
� 2019 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

The oxidation state of the mantle is an important inten-
sive thermodynamic parameter that controls the geochemi-
cal behavior of redox-sensitive elements in igneous systems
(Herd, 2008), and that may be intimately linked to the oxi-
dation state of the atmosphere (Holland, 2002).

Due to its large variation in natural systems, and to min-
imize the relative effects of temperature and pressure, the
oxidation state of the mantle is quantified in terms of log
units (Dlog fO2) relative to various mineral assemblage buf-
fers, such as the nickel-nickel oxide (NNO) and the fayalite-
magnetite-quartz (FMQ) buffers. There are several methods
that are currently used to determine fO2 of igneous rocks
and their mantle sources, including using experimentally
calibrated equilibria (Sack et al., 1980; Ballhaus et al.,
1991) in pristine mantle- and mantle-derived igneous rocks,
utilizing measurements of Fe3+/RFe in spinels (Canil et al.,
1994) or fresh volcanic glasses, respectively (Cottrell et al.,
2009). For most samples in the geological record, however,
this approach cannot be used, as the Fe2+/RFe ratio of min-
erals and glasses can be readily reset during alteration and
metamorphism, although volcanic glass can be preserved as
olivine-hosted melt inclusions in rocks as old as 2.69 Ga
(e.g., Berry et al., 2008). Additionally, the Fe3+/RFe of vol-
canic glasses can be affected by syn-eruptive processes, such
as sulfur degassing (Moussallam et al., 2014, 2016).

Because of the inapplicability of the Fe2+/RFe oxy-
barometer to altered samples, alternative methodology
has been used, including determination of the stable Fe iso-
topic composition in rocks and minerals (Williams et al.,
2005, 2009; Dauphas, 2009), quantification of ratios of
redox-sensitive to redox-insensitive elements (Li and Lee,
2004; Aulbach and Viljoen, 2015; Aulbach and Stagno,
2016), or modeling partitioning behavior of redox-
sensitive elements, such as V or Cr, during magmatic differ-
entiation (Canil, 1997; Canil and Fedortchouk, 2001;
Delano, 2001; Mallmann and O’Neill, 2009, 2013; Nicklas
et al., 2016, 2018).

Most studies have concluded that mantle fO2 has
remained constant since at least the early Archean (Canil,
1997; Canil and Fedortchouk, 2001; Delano, 2001; Li and
Lee, 2004; Berry et al., 2008; Trail et al., 2011; Hibbert
et al., 2012). Recently, however, some researchers have
argued for an increase in fO2 of the upper mantle since
the early Archean by as much as �0.9 log units (e.g.,
Aulbach and Viljoen, 2015; Aulbach and Stagno, 2016;
Shu et al., 2016; Aulbach et al., 2017a), while others have
reported data that suggest the possibility of an increase in
fO2 of the mantle during the Archean (Nicklas et al.,
2018). Because even small changes in mantle redox condi-
tions can have large effects on the chemical evolution of
major terrestrial reservoirs, such as the atmosphere, further
constraints on mantle redox evolution are necessary.

Nicklas et al. (2016, 2018) determined the fO2 of six
Archean komatiite systems ranging in age from 3.48 to
2.41 Ga and showed that their entire range of oxygen fugac-
ities was within the uncertainties of that for modern MORB
at the 2-sigma uncertainty level. However, the data defined
a distinct trend indicative of an increase in mantle fO2 with
time at the 1-sigma uncertainty level. In this study, we
determined the fO2 of nine additional komatiite and picrite
systems. With the exception of the 3.55 Ga Schapenburg
komatiite system, all the new systems are post-Archean in
age.

Our use of ultramafic lavas to ascertain mantle fO2

deserves justification because the vast majority of mantle-
derived post-Archean volcanism is basaltic in nature. We
argue that komatiites and picrites provide unique insights
into mantle fO2 for several reasons. First, it has been shown
that island arc basalts can be up to �6.0 log fO2 units more
oxidized than MORB or OIB (Carmichael, 1991) and this
high fO2 is likely a result of subduction-related metasoma-
tism in their mantle wedge source region (Kelley and
Cottrell, 2012; Brounce et al., 2014). We, therefore, avoided
the potential complicating factor of including subduction-
related lavas and, instead, opted for rocks that have been
argued to be derived from anhydrous melting in hot mantle
upwellings, or plumes. Second, work on two separate mod-
ern OIB systems demonstrated a strong correlation between
measured Fe3+/RFe and sulfur content of volcanic glasses,
with degassing of SO2 having a reducing effect on the melt
(Kelley and Cottrell, 2012; Moussallam et al., 2014, 2016).
Based on the results of previous studies that demonstrated
incompatible behavior of Pd and Pt in sulfur-
undersaturated systems (i.e. Brügmann et al., 1987;
Puchtel et al., 2016a), the level of saturation of sulfur spe-
cies, if any, can be detected and corrected for in all the sys-
tems studied. In contrast, MORB lavas have been shown to
be, to various degrees, sulfide- and vapor-saturated upon
emplacement (e.g., Mathez, 1976; Bottinga and Javoy,
1990; Le Voyer et al., 2015), and their oxygen fugacities
were likely affected by sulfur degassing. The komatiite
and picrite systems we selected for this study were mostly
produced by large degrees of partial melting of the mantle
and, therefore, the compositions of the studied lavas are
chemically similar to those of their mantle sources.
Although the mantle source regions sampled by spreading
ridges are not necessarily directly analogous to the mantle
source regions tapped by anomalously hot plumes, compar-
ing oxidation states of plume lavas serves as a valid proxy
for the evolving oxidation state of the mantle. Even if there
are differences in redox state between plume source mantle
and ridge source mantle, there is no a priori reason why the
relative difference between those two sources should change
with time. This allows for the comparison of plume lavas to
one another in order to constrain the redox evolution of the
bulk mantle.

The method we applied in this study relies on the redox-
sensitive nature of V partitioning between liquidus olivine
and komatiitic and picritic magmas. The method was devel-
oped by Nicklas et al. (2016, 2018) and utilizes experimental
data from Canil (1997) and Canil and Fedortchouk (2001).
It was previously applied to six Archean komatiite systems
by Nicklas et al. (2016, 2018), and the results of those stud-
ies will be considered in concert with the new results in
order to constrain the redox evolution of the mantle since
the early Archean.
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2. GEOLOGICAL BACKGROUND OF RESEARCH

TARGETS

In this study, whole-rock samples and near-liquidus oli-
vine from nine komatiite and picrite systems have been ana-
lyzed for trace metal abundances. These include the 3.55 Ga
Schapenburg komatiites from the Barberton Greenstone
Belt (BGB) in the Kaapvaal Craton, South Africa, the
2.06 Ga Lapland komatiites and the 1.98 Ga Onega Plateau
picrites in the Fennoscandian Shield, the 1.87 Ga Win-
nipegosis komatiites of the Superior Craton, Canada, the
0.251 Ga Song Da komatiites, Vietnam, the 0.089 Ga
komatiites of Gorgona Island, Colombia, the 0.062 Ga
picrites of Padloping Island, Canada, and modern picrites
from the Kilauea Iki lava lake in Hawaii and the Western
Rift Zone of Iceland.

2.1. The 3.55 Ga Schapenburg komatiite system, Barberton

Greenstone Belt, South Africa

The Schapenburg Greenstone Remnant (SGR) is a
12 � 2.5 km sequence of alternating volcanic and marine
sedimentary rocks in the Kaapvaal Craton, South Africa
(Anhaeusser and Robb, 1980). The sequence is correlated
with the lowermost formations of the Onverwacht Group
of the Barberton BGB (Viljoen and Viljoen, 1969). The
Onverwacht Group contains, among others, the 3.48 Ga
Komati and 3.26 Ga Weltevreden Formations, which were
previously studied for their fO2 by Nicklas et al. (2018). The
volcano-sedimentary sequence of the SGR is cyclic in nat-
ure, consisting of komatiites, komatiitic basalts, and
banded iron formations (Anhaeusser and Robb, 1980).

The SGR komatiites are typical Al-depleted komatiites
(Al2O3/TiO2 = 10.0 ± 0.8, Gd/YbN = 1.57 ± 0.03) and are
also slightly depleted in LREE (La/SmN = 0.93 ± 0.04).
Using the Re-Os system, the SGR samples have been
directly dated at 3550 ± 87 Ma (Puchtel et al., 2016a).
The petrology and geochemistry of the Schapenburg
komatiites have been studied using both outcrop samples
(Lecuyer et al., 1994; Blichert-Toft et al., 2004; Puchtel
et al., 2009) and in drill core samples (Puchtel et al.,
2016a). The sample powders analyzed in this study are
those prepared by Puchtel et al. (2016a); all samples came
from a single differentiated komatiite lava flow.

The SGR komatiites are of particular interest as they
display negative 182W and 142Nd anomalies
(l182W = �8.4 ± 4.5, l142Nd = �4.9 ± 2.8), due to their
derivation from an early-formed (within the first 30 Ma of
the Solar System history) mantle source that experienced
fractionation of lower mantle phases, such as Ca-
perovskite and bridgmanite (Puchtel et al., 2016a). The
long-lived 147Sm-143Nd and 176Lu-176Hf systems (initial
e143Nd = +2.4 ± 0.1, initial e176Hf = +5.7 ± 0.3) are
decoupled, plotting off the terrestrial mantle array at
3.55 Ga, also likely due to early lower-mantle magma ocean
processes (Puchtel et al., 2016a). The SGR mantle source
has been calculated to contain 29 ± 5% of the total HSE
abundances estimated for the modern BSE, indicating that
the SGR source region did not receive the full complement
of chondritic late accretion component (Puchtel et al.,
2016a). Finally, the initial c187Os value of +3.7 ± 0.2
indicates derivation from a source with a long-term
supra-chondritic Re/Os established early in Earth’s history.
Additional information on the SGR komatiites can be
found in Anhaeusser (1983, 1991), Anhaeusser and Robb
(1980), Lecuyer et al. (1994), Blichert-Toft et al. (2004),
and Puchtel et al. (2009, 2016a).

2.2. The 2.06 Ga Lapland komatiite system, Fennoscandian

Shield

The geology of Finnish Lapland is dominated by the
Paleoproterozoic Central Lapland Greenstone Belt
(CLGB), consisting of a thick succession of metamor-
phosed supracrustal rocks ranging in age from ca. 2.5 to
1.9 Ga (Hanski and Huhma, 2005). The Savukoski Group,
in the upper section of the CLGB, consists of fine-grained
sedimentary rocks overlain by Ti-rich komatiites and
picrites, which have been associated with mantle plume
activity (Hanski et al., 2001). The komatiites of this group
have been directly dated at 2056 ± 25 Ma using the Sm-
Nd method on primary clinopyroxenes (Hanski et al.,
2001). This age is consistent with the U-Pb zircon age of
2058 ± 4 Ma obtained for the Kevitsa mafic-ultramafic
intrusion cutting phyllites of the Savukoski Group
(Mutanen and Huhma, 2001). The Kevitsa intrusion is
cut by ultramafic dikes, termed ‘‘Kevitsa dikes”, which have
very similar chemical and isotopic compositions to those of
komatiitic lavas of the Savukoski Group, including unique
hump-shaped chondrite-normalized REE patterns (Hanski
et al., 2001), and it was argued, based on several lines of evi-
dence, that the dikes served as feeding magma conduits to
the komatiites (Huhma et al., 2018). The CLGB komatiites
have yet to show preservation of igneous olivine, and were,
thus, unsuitable for this study. However, unlike the CLGB
komatiites, the Kevitsa dikes display excellent preservation
of igneous minerals (Fig. 1a). The studied dike is ~5 m in
thickness and is characterized by internal differentiation
related to fractionation of olivine, with a coarse-grained
olivine-enriched central part and finer-grained chilled zones
near contacts with the host rocks. The chilled margins of
the dike consist of glassy, olivine phenocryst-poor komati-
ite. Additional information on the CLGB komatiites and
Kevitsa dikes can be found in Hanski et al. (2001) and
Huhma et al. (2018).

2.3. The 1.98 Ga Onega Plateau picrite system,

Fennoscandian Shield

The Onega Plateau is a large (�35,000 km2) continental
flood basalt province within the central Karelian Province
of the Fennoscandian Shield (Puchtel et al., 1998a). The
flood basalts are divided into two sequences, the lower Jat-
ulian sequence, �700 m in thickness, and the upper Ludiko-
vian sequence, which is further subdivided into the lower
�1800-m-thick Zaonega suite and the upper �700-m-
thick Suisaarian suite (Puchtel et al., 1998a). It has been
proposed by those authors that the Onega Plateau was
emplaced rapidly onto submerged continental crust in a sin-
gle starting mantle plume environment, with the plume



Fig. 1. (A) Photomicrograph of thin section sample KD08 from
the Lapland komatiite system. A large olivine phenocryst is shown
with two 100 lm LA-ICP-MS pits in its core. (B) Photomicrograph
of thin section sample RP1A-8 from the Winnipegosis komatiite
system. Olivine phenocrysts are shown with 80 lm LA-ICP-MS
pits. Both images were taken with cross-polarized light using
120 lm thick slides, and have a field of view of 3.0 � 2.5 mm.
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head being �2000 km in diameter. The samples chosen for
this study come from the Konchozero sill, which served as a
feeding magma conduit to the Suisaarian suite picrites. The
sill ranges in thickness from a few tens of meters at its
periphery to over 200 m in its central zone. The sill has a
4- to 6-m-thick glassy chilled margin close to its contact
with the country rocks, and displays significant variation
in the abundance of olivine within the sill, demonstrating
internal differentiation after emplacement (Puchtel et al.,
1998b). Both the Konchozero sill and the Suisaarian suite
picrites have elevated (Nb/Th)N of 1.4–2.4 and (Nb/La)N
of 1.1–1.3, and a positive initial eNd value of +3.2 ± 0.1,
indicating that they did not experience any significant crus-
tal contamination (Puchtel et al., 1998a). The Konchozero
sill has been dated at 1969 ± 18 Ma by the Re-Os isochron
method on whole-rock samples and primary minerals,
which is consistent with the Sm-Nd and Pb-Pb isochron
ages of 1988 ± 34 Ma and 1985 ± 57 Ma, respectively,
determined for the same samples (Puchtel et al., 1998b).
Although the Suisaarian suite picrites do not preserve
igneous olivine due to seafloor alteration and prehnite-
pumpellyite facies metamorphism, a number of Ol-Cpx
cumulate samples from the Konchozero sill that show good
preservation of olivine have recently been identified. These
samples were the ones selected for our study, and new sam-
ple powders and thin sections were prepared. Additional
information on both the Onega Plateau picrites and the
Konchozero sill rocks can be found in Puchtel et al.
(1998a,b).

2.4. The 1.87 Ga Winnipegosis komatiite system, Canadian

Shield

The Winnipegosis Komatiite Belt (WKB) is located on
the western edge of the Archean Superior Craton, Mani-
toba, Canada, and is spatially associated with the Thomp-
son Nickel Belt, with both belts comprising parts of the
larger Paleoproterozoic Circum-Superior Belt (Hulbert
et al., 1994). The latter belt consists of a 3000-km-long band
of bimodal felsic-mafic volcanism along the western and
northern edges of the Superior Craton (Baragar and
Scoates, 1981), and has been interpreted as a tectonically
emplaced large igneous province (LIP) (Ernst and
Bleeker, 2010). The �150 � 30-km-sized WKB is covered
by a 120-to-500-m-thick sequence of Paleozoic sedimentary
rocks and is dominated by komatiitic basalts and komati-
ites, with minor carbonate and shale sediments
(McGregor, 2011). Due to the lack of surface exposure of
the WKB, all samples of the belt were collected from drill
core. The komatiites are remarkably well preserved, having
only experienced sub-greenschist facies metamorphism and
minimal aqueous alteration (Waterton et al., 2017) and
retain large equant olivine phenocrysts (Fig. 1b). The
komatiites belong to the Al-undepleted type (Al2O3/
TiO2 = 17.2 ± 1.1, Gd/YbN = 1.13 ± 0.04) and are domi-
nated by massive olivine-porphyritic flows (Waterton
et al., 2017). U-Pb zircon dating of basaltic flows within
the WKB yielded a weighted average 207Pb/206Pb age of
1870 ± 7 Ma (Waterton et al., 2017). For this study, we
used samples representing several massive Ol-porphyritic
komatiite lava flows. Additional information on the WKB
komatiites can be found in Hulbert et al. (1994),
McGregor (2011), and Waterton et al. (2017).

2.5. The 251 Ma Song Da komatiite system, Vietnam

The Song Da Zone (SDZ) is a Permian supracrustal belt
�20 � 250 km in size in northwestern Vietnam running
parallel to the Red River Fault (Polyakov et al., 1991;
Hanski et al., 2004). The SDZ is closely associated with
the Emeishan LIP in SW China, and likely formed in the
SW part of the Emeishan LIP before being displaced
�600 km southeast by the Red River Fault (Chung et al.,
1997, 1998). The Emeishan LIP has been Ar-Ar dated at
251.2–252.8 Ma (Lo et al., 2002). The SDZ consists of car-
bonate and siliciclastic sediments surrounding a central
band of mafic-ultramafic volcanic rocks (Polyakov et al.,
1991). Flows of MgO-rich lavas within this central band
have been termed either komatiites (Hanski et al., 2004)
or picrites (Wang et al., 2007; Anh et al., 2011). In this
study, following Hanski et al. (2004), we refer to them as
komatiites, consistent with the presence of clinopyroxene
spinifex textures in these lavas. Komatiites in the SDZ
experienced greenschist facies metamorphism and relatively
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minor aqueous alteration, with �75% of their olivine phe-
nocrysts preserved (Hanski et al., 2004). A Re-Os isochron
obtained on whole-rock komatiite samples yielded an age of
270 ± 21 Ma and a chondritic initial c187Os value of +0.02
± 0.40 (Hanski et al., 2004). The initial e143Nd values of the
komatiites range from +3 to +8 reflecting varying, but
small (2–3%), degrees of contamination with Proterozoic
silicic basement material, as indicated by their moderate
depletion in the highly incompatible lithophile trace ele-
ments (La/SmN = 0.58 ± 0.34). The Song Da komatiites
are typical Al-undepleted komatiites, with Al2O3/
TiO2 = 20 ± 5 and Gd/YbN = 0.97 ± 0.23 (Hanski et al.,
2004). Komatiite whole-rock samples from the Na Muoi
River region were analyzed in this study. More information
on komatiites from the SDZ can be found in Polyakov et al.
(1991), Hanski et al. (2004), Wang et al. (2007), and Anh
et al. (2011).

2.6. The 89 Ma Gorgona komatiite system, Colombia

Gorgona is a �2 � 8 km island off the Pacific coast of
Colombia (Echeverria, 1980). High-MgO lavas found on
Gorgona were first recognized to be Phanerozoic equiva-
lents of Archean komatiites by Gansser et al. (1979) and
Echeverria (1980), making them one of the rare examples
of true Phanerozoic komatiites, and the youngest komati-
ites yet discovered. They are transitional between the Al-
undepleted and Al-depleted types of komatiites (Al2O3/
TiO2 = 18.5 ± 0.9, Gd/YbN = 1.24 ± 0.04) and have cou-
pled radiogenic e143Nd and e176Hf systematics (Thompson
et al., 2003) and, thus, plot on the terrestrial array for these
two isotopic systems. They have initial e186Os and c187Os
ranging from 0 to +0.7 and from 0 to +12, respectively
(Walker et al., 1999; Brandon et al., 2003), implying a sub-
stantial long-term heterogeneity in Re/Os and Pt/Os in the
source of these lavas. Lead isotope data have shown resolv-
able differences between komatiites exposed on the east
coast of the island and those exposed on the west coast
(Dupre and Echeverria, 1984). Isotopic and trace element
data imply that at least three, and possibly four, separate
end member compositions were present in the mantle
source region of the Gorgona lavas to explain the large
diversity of geochemical signatures found on the island
(Kerr, 2005).

Ar-Ar dating of Gorgona basalts has yielded a weighted
mean age of 88.9 ± 1.2 Ma (Sinton et al., 1998), while a Re-
Os isochron on the Gorgona basalts yielded an age of 89.2
± 5.2 Ma (Walker et al., 1999). Due to the significant Os
and Pb isotopic heterogeneity recognized within Gorgona
komatiites, we have selected two komatiite groups from
Gorgona Island for analysis, one on the eastern and
another on the western side, and have determined the oxy-
gen fugacity of each of the two groups. We analyzed sam-
ples collected by Revillon et al. (2000) (western group)
and Echeverria (1980) (eastern group). All the samples
studied were obtained as rock slabs from the Smithsonian
National Museum of Natural History. They are character-
ized by superb state of preservation of primary minerals,
and presence of abundant olivine phenocrysts. Additional
geochemical information on the Gorgona komatiites is
available in Echeverria (1980), Dupre and Echeverria
(1984), Kerr et al. (1996), Walker et al. (1999), Revillon
et al. (2000, 2002), Serrano et al. (2011) and Kerr (2005).

2.7. The 62 Ma Padloping Island picrites

Padloping Island is a �6 � 2 km island located off the
coast of southeastern Baffin Island, Nunavut, Canada
(Clarke and Upton, 1971). The picrite lavas located on
Padloping Island are genetically closely associated with
those on Disko Island off the west coast of Greenland,
as well as those from the Faroe Islands and the British
Tertiary Volcanic Province, indicating a common plume
origin for these lavas, which likely formed during the first
interaction of the present-day Iceland plume with the
lithosphere (White and McKenzie, 1989; Robillard
et al., 1992). The total thickness of the exposed lava
sequence does not exceed 750 m (Francis, 1985), and
the lowermost 350 m of the sequence consist of subaque-
ously erupted lavas (Robillard et al., 1992). The Padlop-
ing picrites have not experienced any significant alteration
due to their very young age (Clarke and Upton, 1971).
The lavas have not been directly dated, but their mag-
netic polarization belongs to Chron27n (Deutsch et al.,
1971), making it possible to correlate them with the Ana-
anaa member in west Greenland dated at 61.7–62.0 Ma
(Pedersen et al., 2002). Samples from Padloping Island
have been found to be among the lavas having the high-
est 3He/4He ratios on Earth, indicating that they sampled
a primordial, undegassed reservoir (Stuart et al., 2003;
Starkey et al., 2009). The lavas also possess very primi-
tive Pb isotope compositions (Jackson et al., 2010),
although it has been suggested that this was the result
of crustal contamination with Archean gneisses (Dale,
2016). It has been recently recognized that the Padloping
Island lavas have a large positive l182W anomaly, provid-
ing further evidence that the picrites sampled a mantle
domain that was isolated from the convecting mantle
within the first �50 Ma of Earth’s history (Rizo et al.,
2016). However, the 146Sm-142Nd isotope system shows
no anomaly in the Padloping Island picrites, indicating
a decoupling of these short-lived isotopic systems in the
mantle source of the lavas (De Leeuw et al., 2017). The
average initial 187Os/188Os = 0.1272 ± 0.0007 determined
for the lavas is chondritic, which indicates that the
picrites had a negligible amount of ancient recycled crust
in their source region (Dale et al., 2009), as would be
expected for lavas sampling a very primitive source.
Although samples from Padloping Island have not previ-
ously been the subject of oxygen fugacity measurements,
the correlated Anaanaa unit in west Greenland has been
determined to have an fO2 close to DFMQ = +0.28,
based on the oxidation state of Fe in volcanic glasses
(Larsen and Pedersen, 2000). We analyzed sample pow-
ders and thin sections previously studied by Kent et al.
(2004), Dale et al. (2009) and Jackson et al. (2010). These
samples were taken from subaqueously erupted pillow-
textured picritic lava flows exposed on the northeastern
shore of Padloping Island, in the lowermost 350 m of
the volcanic sequence. Additional information on the
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Padloping Island picrites can be found in Clarke and
Upton (1971), Francis (1985), Kent et al. (2004), Dale
et al. (2009) and Starkey et al. (2009).

2.8. The 1959 Kilauea Iki lava lake, Hawaii

The Kilauea Iki lava lake erupted over a four-week
interval in 1959 (Richter and Moore, 1966), and has subse-
quently cooled and internally differentiated as a closed sys-
tem. It has been extensively utilized as an excellent natural
laboratory for studying igneous differentiation; the lava
lake was drilled and sampled by the USGS throughout
the 1960s, as it cooled and crystallized. The lava lake is
picritic in composition, with the emplaced parental magma
containing �15 wt.% MgO (Wright, 1973). The lavas are
strongly LREE-enriched, with La/SmN = 1.7 ± 0.1 and
they show steeply sloping chondrite-normalized REE pat-
terns, with La/YbN = 5.6 ± 0.5 (Helz, 2012), a feature com-
mon to many ocean island basalts. We utilized a set of
surface outcrop samples that we collected in 2015 from
across the upper chilled margin of the lava lake. The oxygen
fugacity of the lava lake, corrected for sulfur degassing, has
been previously estimated to be �DNNO = 0 (Moussallam
et al., 2016), using the Fe3+/RFe ratio of melt inclusions,
and this estimate will be further used to inter-calibrate
our fO2 data with the fO2 data determined using the
Fe3+/RFe method. Background geochemical data on the
Kilauea-Iki lava lake can be found in Pitcher et al. (2009)
and Helz (2012).

2.9. Western Rift Zone picrites, Iceland

Iceland represents an important modern-day example of
mantle plume-induced magmatic activity. The majority of
Icelandic igneous rocks, including picrites, show isotopic
evidence for recycled oceanic crust in their mantle source
region (Hemond et al., 1993). There is also a primordial,
undegassed component in many Icelandic lavas, as evi-
denced by their elevated 3He/4He ratios relative to MORB
(Kurz et al., 1985). We selected Icelandic picrites for our
study as another modern analogue to compare with
Archean plume lavas. This study utilized thin sections
and sample powders from Maelifell and Dagmalafell volca-
noes, two spatially associated volcanoes in the Western Rift
Zone (WRZ) of SW Iceland previously studied by Brandon
et al. (2007). These samples have been shown to have mod-
erately elevated 3He/4He (11.5–17.2) relative to MORB,
and slightly elevated initial 187Os/188Os ratios (0.13305–
0.13335), indicating that both a primordial and a recycled
component are present in their mantle source region
(Brandon et al., 2007). More information on the Western
Rift Zone samples used in this study can be found in
Brandon et al. (2007).

3. ANALYTICAL TECHNIQUES

The protocols we used to determine the oxygen fugacity
of the studied komatiite and picrite systems closely follow
those used by Nicklas et al. (2016, 2018), and are briefly
summarized in the sections below.

3.1. Sample selection, crushing procedure, and major and

minor element abundances

In this study, we either used the sample powders already
available from previous studies, or prepared new powders.
In the case of the Onega Plateau picrites, the Lapland, Song
Da and Gorgona komatiites, and the Kilauea Iki lava lake,
new sample powders were prepared. The protocol for
preparation of these samples followed that described by
Puchtel et al. (2016b). Hand specimens, between 200 and
500 g in size, were cut into slabs, abraded on the cut sur-
faces using SiC sandpaper to remove saw marks, crushed
in an alumina jaw crusher, and finely ground using an alu-
mina shatterbox and alumina disk mill.

The major- and minor element analyses for the whole-
rock samples were carried out at Franklin & Marshall Col-
lege, Lancaster, Pennsylvania, USA on fused glass discs
using a Phillips 2404 XRF spectrometer, following the pro-
cedure of Mertzman (2000). Typical precision of the analy-
ses was �2% relative (2SD) for major elements with
concentrations >0.5% and �5% relative for the rest of the
major elements and for minor elements, as indicated by
the analysis of the USGS Geologic Reference Materials
BIR-1 and BCR-1 as unknowns (Puchtel et al., 2016b).

3.2. Analysis of trace element abundances in the whole-rock

samples

The abundances of the trace metals in the whole-rock
samples were determined using the standard addition solu-
tion inductively-coupled plasma mass-spectrometry tech-
nique (SA ICP-MS), and following the protocols detailed
in Nicklas et al. (2016) and Nicklas et al. (2018). The sample
solutions were analyzed on a ThermoFinnigan Element2 sec-
tor field ICP-MS at the Plasma Laboratory (PL), Depart-
ment of Geology, University of Maryland in medium
resolution (MR) mode. The external precision (i.e., 2SD)
of the procedure was previously found to be 5% or better
for all the elements of interest (Nicklas et al., 2016, 2018),
and this value was used as the uncertainty on V concentra-
tions for all error propagation calculations. For additional
details on the development of the high-precision trace metal
analysis in komatiites, the reader is referred to Nicklas et al.
(2016, 2018).

3.3. Electron probe microanalysis of liquidus olivine

Major element analyses of olivines were performed on
polished thin sections using the JEOL JXA 8900 R electron
probe microanalyzer at the Advanced Imaging and

Microscopy Laboratory (AIMLab), University of Mary-
land. Special attention was paid to select and analyze only
early-crystallized, equant grains. Operating conditions were
15 keV accelerating potential, 20 nA beam current, and
10 lm spot size. These electron probe data were then used
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for data normalization purposes for the laser ablation anal-
ysis, and to calculate the emplaced lava composition of
each system, as described in Section 3.4.

3.4. Determination of the composition of the emplaced

komatiite lavas

All the whole-rock samples studied, except for the upper
chilled margin samples, have likely fractionated olivine
post-emplacement and, therefore, the MgO contents of
these whole-rock samples do not reflect that of the
emplaced lava from which the olivine phenocrysts formed,
due to addition or subtraction of cumulate olivine. Calcula-
tion of the emplaced lava MgO content for each komatiite
and picrite system allows us to estimate the abundances of
incompatible elements, most importantly V, in the
emplaced lavas. The approach we used to calculate the
emplaced lava MgO content was developed by Arndt
(1986a) and Barnes et al. (1988) and has been widely used
in follow-up studies of komatiites. This approach is based
on the well-established Fe-Mg relationship between the
composition of olivine and that of the liquid from which
it crystallized (Roeder and Emslie, 1970; Beattie et al.,
1991). The highest MgO and lowest FeO contents of the
cores of equant olivine grains, as determined via EPMA
(see Section 3.3), and the compositions of the komatiite liq-
uids in equilibrium with these olivine compositions, were
estimated using the partition coefficient DOl-Liq

Mg-Fe = 0.30 from
Beattie et al. (1991). The whole-rock FeO contents of
chilled margin samples from each komatiite system were
used as a proxy for emplaced lava FeO content. For addi-
tional details on this protocol, the reader is referred to the
publications by Puchtel et al. (2004, 2009, 2013, 2016b) and
Nicklas et al. (2016, 2018).

3.5. Laser ablation ICP-MS analysis of liquidus olivine

Olivine grains were studied in polished thin sections in
all komatiite and picrite systems except for the Western
Gorgona and Schapenburg komatiites, and Kilauea Iki
and Padloping Island picrites, for which polished rock chips
mounted in epoxy were used.

The olivine grains were analyzed using an UP213 New

Wave laser-ablation system coupled to the ThermoFinnigan

Element2 ICP-MS at the PL. The quintupled Nd-YAG
laser operated at 7 Hz with fluence controlled between 2
and 4 J/cm2 (�60% laser power). The analyses were con-
ducted in low resolution (LR) mode, as this has been found
to provide adequate resolution for V analyses in olivine
(Aulbach et al., 2017b). Before each analysis, the surface
was ablated briefly to remove surface contamination, and
the signal was allowed to drop to the baseline level before
the analysis was begun. The spot size of each analysis varied
between 55 and 100 lm depending on the size and homo-
geneity of the grains analyzed. Only equant olivine grains
containing no visible inclusions were selected for analysis.
Typically, the small size of the olivine grains permitted only
one laser spot per each grain. Photomicrographs of the
olivines from the Lapland komatiitic dike (a) and a massive
komatiite sample from Winnipegosis (b) of the type that
were selected for analysis are shown in Fig. 1. Replicate
analyses of the USGS Microanalytical Reference Materials
BHVO-2G and BCR-2G were performed with each set of
12–16 spots analyzed. The raw data were reduced using
the LAMTRACE software and the lowest FeO abundances
for the olivine in each komatiite and picrite system, deter-
mined by EPMA analysis, were used as normalizing values.
The 2SD of the mean was used as a measure of the uncer-
tainty on the calculated average concentrations of trace
metals in olivine for the individual samples.

4. RESULTS

4.1. Trace metal abundances in the liquidus olivine

Average concentrations of V, Sc, Ga, Y, and Cu in oli-
vine from the nine studied systems are listed in Table 1; the
full sets of the LA-ICP-MS analysis data are presented in
the online Supplementary Tables S1–S9. Vanadium concen-
trations in olivine are low relative to those in the emplaced
komatiite and picrite lavas and vary in a narrow range,
between 3.43 and 10.7 ppm, indicating incompatible behav-
ior of V in olivine. Vanadium abundances in olivine within
individual komatiite systems show differences in variability,
from �0.93% (2SD) in the Schapenburg system, up to
�24% in the Icelandic picrite system (Table 1). The average
Sc abundances in olivine are slightly more variable, from
�6.8% (2SD) in the Winnipegosis system, up to �42% in
the Schapenburg system. The V/Sc ratios in the olivines
vary from 0.69 ± 0.09 (2SD) in the Song Da system, up
to 1.6 ± 0.4 in the Onega Plateau lavas. The Ga and Y con-
centrations in olivine are very consistent within a single sys-
tem, but Cu concentrations are highly variable both within
individual samples and between samples within the same
komatiite/picrite system, possibly reflecting the presence
of Cu-rich inclusions in olivine that are heterogeneously
distributed within the flow, and/or remobilization of Cu
during metamorphic alteration (Waterton et al., 2017). This
conclusion is further supported by the instability of the Cu
signal during LA-ICP-MS analyses compared to that of the
other trace elements.

4.2. Trace metal abundances in the whole-rock samples

The abundances of V, Sc, Ga, Cu, Y, and Zr in the
whole-rock samples from the nine komatiite and picrite sys-
tems are listed in Tables 2–4; the V abundances are also
plotted as a function of MgO contents in Figs. 2–4.

Vanadium abundances (and also Ga and Sc – not
shown) are strongly inversely correlated with MgO con-
tents, thus exhibiting incompatible behavior over the entire
range of compositions present in the studied lavas. These
regression lines pass through the measured olivine compo-
sitions for each individual system, indicating that these
regression lines represent olivine control lines. The Y abun-
dances (not shown) display similarly incompatible well-
constrained behavior in all but the Iceland picrites, where
the Y data are more scattered (MSWD = 10). Cu and Zr
plot with considerably more scatter, and show deviations
from linear behavior in the Onega Plateau and



Table 1
Average trace metal abundances (in ppm) in olivine from the studied systems.

System Sample N Sc V Cu Ga Y

Schapenburg SCH1.10-1 34 3.69 ± 1.05 3.30 ± 1.04 1.93 ± 2.09 0.06 ± 0.05 0.15 ± 0.27
SCH1.10-2 23 2.74 ± 0.83 3.32 ± 0.82 2.23 ± 1.90 0.06 ± 0.04 0.14 ± 0.25

Lapland KD-05 50 4.70 ± 1.77 5.53 ± 1.88 3.76 ± 1.74 0.21 ± 0.09 0.08 ± 0.04
KD-06 31 3.72 ± 0.65 5.76 ± 1.45 3.57 ± 1.16 0.20 ± 0.11 0.09 ± 0.03
KD-08 36 3.87 ± 0.97 5.37 ± 1.83 2.83 ± 3.53 0.21 ± 0.10 0.08 ± 0.05
KD-09 26 3.92 ± 1.30 5.49 ± 1.30 2.76 ± 3.22 0.23 ± 0.09 0.07 ± 0.04
KD-10 15 3.67 ± 1.00 5.31 ± 0.81 2.52 ± 2.72 0.19 ± 0.07 0.07 ± 0.04

Onega Plateau 689-4 32 5.84 ± 1.85 10.0 ± 4.8 6.95 ± 5.06 0.30 ± 0.17 0.63 ± 0.51
689-5 32 6.87 ± 1.51 10.6 ± 5.7 4.58 ± 6.05 0.31 ± 0.20 0.68 ± 0.46

Winnipegosis RP1A-01 30 4.12 ± 0.57 4.71 ± 0.86 3.02 ± 3.25 0.25 ± 0.17 0.08 ± 0.03
RP1A-02 32 4.27 ± 0.75 4.85 ± 0.87 1.85 ± 1.71 0.24 ± 0.12 0.08 ± 0.03
RP1A-08 48 3.93 ± 0.69 4.84 ± 0.83 2.96 ± 2.48 0.18 ± 0.12 0.07 ± 0.03
RP1A-11 48 4.05 ± 0.57 4.95 ± 0.89 3.11 ± 1.83 0.19 ± 0.12 0.07 ± 0.03

Song Da VS 6-1-1 47 8.79 ± 2.46 5.67 ± 2.19 10.8 ± 6.5 0.31 ± 0.17 0.13 ± 0.08
VS 6-1-2 32 7.73 ± 2.24 5.55 ± 2.50 12.6 ± 4.9 0.32 ± 0.23 0.12 ± 0.06
VS 6-1-3 47 8.24 ± 2.35 5.83 ± 2.06 10.9 ± 5.5 0.28 ± 0.14 0.13 ± 0.10

Eastern Gorgona GOR153-1 32 4.82 ± 0.86 6.98 ± 1.01 4.42 ± 0.57 0.35 ± 0.21 0.10 ± 0.04
GOR153-2 46 5.66 ± 1.03 7.07 ± 0.93 4.49 ± 0.93 0.44 ± 0.29 0.12 ± 0.06

Western Gorgona GOR538-1 47 6.69 ± 1.19 7.16 ± 1.12 4.54 ± 0.87 0.25 ± 0.10 0.13 ± 0.04
GOR538-2 47 5.98 ± 0.91 7.07 ± 1.14 4.64 ± 1.51 0.23 ± 0.15 0.13 ± 0.04
GOR538-3 47 6.38 ± 1.30 7.18 ± 1.17 4.56 ± 1.64 0.25 ± 0.09 0.13 ± 0.03

Padloping AK-6 22 7.09 ± 1.03 10.1 ± 1.8 8.67 ± 1.65 0.23 ± 0.06 0.13 ± 0.04
DB-9 31 6.58 ± 0.90 8.50 ± 2.25 6.93 ± 1.16 0.21 ± 0.09 0.12 ± 0.05
PI-20 32 7.24 ± 1.63 9.18 ± 2.37 4.54 ± 1.59 0.21 ± 0.22 0.13 ± 0.12

Kilauea Iki 15H-1 30 5.73 ± 0.55 5.43 ± 0.73 3.86 ± 0.48 0.20 ± 0.08 0.13 ± 0.03
15H-2 13 4.95 ± 0.72 5.57 ± 0.44 4.21 ± 1.67 0.25 ± 0.10 0.15 ± 0.05
15H-3 31 6.09 ± 1.39 5.59 ± 0.82 3.82 ± 0.49 0.20 ± 0.06 0.11 ± 0.02
15H-4 32 4.88 ± 1.06 5.64 ± 0.63 3.78 ± 0.29 0.17 ± 0.03 0.12 ± 0.03

Iceland ICE4A 56 7.78 ± 2.34 5.06 ± 1.70 4.05 ± 1.45 0.16 ± 0.08 0.07 ± 0.03
ICE4B 8 7.20 ± 0.70 5.35 ± 1.35 4.14 ± 0.30 0.19 ± 0.07 0.08 ± 0.02
ICE5 16 6.14 ± 1.22 5.65 ± 1.35 4.30 ± 0.88 0.17 ± 0.05 0.06 ± 0.01

Note.N – number of olivine grains analyzed in each given sample. The uncertainties are 2SD. Data for the individual LA-ICP-MS analyses for
each of the komatiite and picrite systems are provided in the online Supplementary Tables S1–S9.
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Schapenburg systems for Cu, and the Padloping Island,
Onega Plateau and Schapenburg systems for Zr. These
deviations from olivine control lines for Y, Zr and Cu are
most likely due to seafloor alteration and metamorphism,
or fractionation of another significant phase hosting these
elements in the systems, or both. These observations attest
to the immobile behavior of V, Sc and Ga, the most petro-
genetically important elements in this study, on the whole-
rock scale (and also Y, Cu, and Zr in most cases) since crys-
tallization of the studied systems and provide evidence for
olivine being the only major fractionating phase that con-
trolled variations in the abundances of these elements in
the studied komatiite and picrite systems.

4.3. Estimation of the V and Sc abundances in the emplaced

komatiite lavas

The FeO content, as well as the calculated MgO content,
of each of the emplaced lavas are listed in Table 5, and
errors on the emplaced MgO content of each system are
propagated in quadrature to calculations of concentrations
of incompatible elements in the emplaced lavas. The aver-
age maximum MgO and average minimum FeO contents
in the liquidus olivine used to calculate the emplaced lava
MgO content in each of the nine systems are listed in
Table 6 and in the online Supplementary Tables S1–S9.
The calculated MgO contents in the emplaced lavas vary
between 21.1 ± 2.5 and 28.6 ± 2.8 wt.% in the Precambrian
komatiite systems, then decrease to 7.95 ± 0.28 – 19.3 ± 1.6
wt.% in the picrite and Phanerozoic komatiite systems.

Using the calculated MgO contents in the emplaced
lavas for each system and regressing the trace element
abundance data obtained in this study for the whole-rock
samples and olivine against the MgO contents using ISO-
PLOT (Ludwig, 2003), Sc and V abundances in the
emplaced komatiite lavas for each individual komatiite sys-
tem have been calculated; these abundances, with their
respective propagated 2SD uncertainties, are also presented
in Table 5. The calculated V and Sc abundances vary from
115 ± 18 to 278 ± 12 and 17.8 ± 2.3 to 40.3 ± 2.6 ppm,



Table 2
Trace metal abundances in whole-rock samples from the Schapenburg, Lapland, and Onega Plateau systems.

System Sample MgO LOI Sc V Cu Ga Y Zr Lithology

Schapenburg SCH1.1 26.5 4.15 19.2 138 319 5.47 6.91 10.3 Ol spx
Replicate 19.4 139 313 5.44 6.99
SCH1.2 27.9 5.12 17.8 117 35.8 5.03 6.28 11.0 Ol spx
Replicate 17.5 115 34.8 5.02 6.16
SCH1.3 26.7 3.52 19.2 126 94.8 5.20 7.12 14.0 Ol spx
Replicate 19.2 126 94.8 5.16 7.07
SCH1.4 26.9 3.39 20.2 125 26.9 5.30 7.08 10.7 Ol spx
Replicate 20.2 125 26.9 5.26 7.07
SCH1.5 25.9 2.80 19.3 130 152 5.41 7.27 11.4 Ol spx
Replicate 19.3 130 151 5.36 7.12
SCH1.6 24.8 2.48 20.6 151 301 5.54 7.90 15.0 Ol spx
SCH1.8 28.7 4.13 18.5 120 2.14 4.42 6.76 7.64 CM
Replicate 18.2 123 2.17 4.33 6.74
SCH1.9 32.3 7.09 14.8 91.7 0.598 3.65 5.12 9.86 Ol cum
Replicate 14.9 90.9 0.811 3.73 5.30
Replicate 14.9 91.6 0.718 3.63 5.10
SCH.10 36.0 8.27 12.6 78.4 0.593 3.18 4.03 8.04 Ol cum
Replicate 12.6 78.0 0.867 3.16 4.04
Replicate 12.7 78.7 0.850 3.22 4.07

Lapland KD-05 22.6 0.63 30.4 238 114 11.8 10.9 31.9 KD
KD-06 22.3 0.55 29.3 228 111 11.5 10.7 30.0 KD
KD-08 25.2 1.40 26.6 210 104 10.5 9.36 27.3 KD
KD-09 28.3 1.47 24.9 172 86.0 8.52 7.50 19.3 KD
KD-10 28.3 2.15 25.3 180 7.26 8.50 7.41 21.0 KD
KD-11 24.2 1.25 28.4 223 108 11.1 10.0 29.3 KD
KD-12 21.2 1.01 31.2 255 119 12.6 11.9 35.2 KD
KD-13 20.2 1.22 31.7 258 123 12.9 11.9 36.5 KD

Onega Plateau 689-1 21.7 6.11 24.5 250 60.5 13.6 12.9 83.6 Pic
689-3 30.6 8.19 19.4 160 104 7.56 7.83 46.8 Pic
689-4 31.2 7.74 18.4 143 90.8 7.38 8.38 50.5 Pic
689-5 31.7 7.61 19.1 147 68.9 6.85 7.22 39.9 Pic
689-6 29.5 7.70 23.0 162 147 7.69 7.72 44.0 Pic
9702 13.6 5.30 28.3 340 114 17.1 19.7 124 Pic
9704 29.3 7.30 20.8 164 232 7.52 7.41 43.2 Pic
9705 30.3 7.95 22.4 170 243 7.81 7.88 44.7 Pic

Note. Here and in Tables 3 and 4, the abundances of both MgO (wt.%) and trace metals (ppm) are re-calculated on an anhydrous basis using measured LOI (wt.%) values. CM – chilled margin, Ol
spx – olivine spinifex, Ol cum – olivine cumulate, Pic – picrite, KD – komatiitic dike. The rest of the major element data are provided in the online Supplementary Tables S1–S9.
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Table 3
Trace metal abundances in whole-rock samples from the Winnipegosis, Song Da and Gorgona Island komatiite systems.

System Sample MgO LOI Sc V Cu Ga Y Zr Lithology

Winnipegosis RP1A-01 24.2 2.93 27.1 n.d. 73.3 9.06 9.67 25.0 MK
RP1A-04 20.3 3.73 29.2 211 83.7 10.5 10.9 29.3 MK
RP1A-05 23.0 3.24 28.6 193 80.2 9.56 10.2 26.6 MK
RP1A-08 25.3 3.05 26.2 177 72.6 8.72 9.19 24.1 MK
RP1A-09 22.0 2.70 29.5 197 82.2 9.87 10.5 27.6 MK
RP1A-11 24.0 2.36 26.2 183 75.2 9.09 9.40 25.1 MK
RP1A-12 22.8 2.54 27.5 196 83.1 9.56 10.0 26.3 MK
RP1A-14 21.4 4.31 30.5 205 n.d. 10.0 10.9 28.2 MK
RP1A-17 20.6 4.12 30.3 204 92.6 10.1 11.0 29.5 MK

Song Da P 9/86 26.8 5.25 27.2 180 81.7 8.77 10.2 17.7 MK
Replicate 27.0 177 82.7 8.87 10.0 17.5 MK
P 11/86 32.6 8.55 23.1 140 61.5 7.27 8.30 17.1 MK
Replicate 21.9 139 59.1 7.09 8.04 16.3 MK
B6887 33.5 6.33 21.6 122 59.9 6.22 7.83 14.3 Ol cum
Replicate 22.0 122 56.8 6.18 7.83 13.4 Ol cum
VS 5-1 21.4 3.96 34.8 227 114 12.0 14.4 24.4 MK
Replicate 31.8 237 121 12.0 14.7 24.1 MK
VS 6-1 22.6 2.23 33.0 207 100 11.0 13.6 22.8 Ol cum
Replicate 31.7 214 112 11.4 13.8 22.7 Ol cum
VS 6-2 14.3 4.55 43.2 261 45.7 14.5 15.8 27.0 MK
Replicate 40.3 251 47.4 13.9 15.0 25.5 MK

Eastern Gorgona GOR152 15.3 2.80 37.7 307 146 14.6 15.3 33.1 CM
GOR153 23.8 3.29 29.3 227 107 10.9 11.4 24.8 Ol cum
GOR155 15.4 5.97 38.9 314 155 14.4 15.6 31.9 Ol spx
GOR156 17.7 3.09 35.0 284 134 13.6 14.3 30.9 Ol spx
GOR157 12.1 3.15 42.0 346 158 16.3 17.3 36.5 Ol spx
GOR159 18.7 2.69 34.2 276 133 13.4 13.8 29.2 Ol spx
GOR160 17.8 5.07 35.7 289 132 14.0 14.4 30.9 Ol spx

Western Gorgona GOR537 17.2 1.83 35.2 293 137 13.8 14.5 29.9 Ol spx
GOR538 25.7 2.88 27.3 221 99.5 10.1 10.4 21.8 Ol cum
GOR539 18.3 4.21 33.3 266 135 13.0 13.4 28.2 Ol spx
GOR540 18.0 4.64 36.6 298 123 13.2 13.2 26.4 Ol spx

Note. CM – chilled margin, Ol spx – olivine spinifex, Ol cum – olivine cumulate, MK – massive komatiite. Additional major element data are provided in the online Supplementary Tables S1–S9.
n.d. – no data.
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respectively, in the komatiite systems, and 238 ± 12 to 404
± 19 and 27.5 ± 0.7 to 40.5 ± 2.2 ppm, respectively, in the
picrite systems.

4.4. Evaluation of the redox state of the komatiite and picrite

systems

4.4.1. Vanadium and Sc partitioning between olivine and

emplaced lavas

The average V and Sc concentrations in the liquidus oli-
vine, with their respective propagated 2SD uncertainties,
are presented in Table 6. Using these values and the esti-
mated V and Sc abundances in the emplaced komatiite
lavas (Table 5), partition coefficients for V and Sc between
liquidus olivine and emplaced lavas for the studied komati-
ite and picrite systems were obtained; these data are listed
in Table 6 and presented in the MgO vs. V variation dia-
grams (Figs. 2–4). Uncertainties on the komatiite lava
and average olivine compositions were propagated in
quadrature to determine the uncertainties on the DV

Ol-Liq

for the individual systems.
The calculated DV

Ol-Liq values do not show any correla-
tion with the petrologic types of the lavas studied (e.g.,
komatiite or picrite). However, the D values do exhibit a
trend with age of the systems, decreasing from
0.0284 ± 0.0034 in the 2.06 Ga Lapland komatiite system
to 0.0207 ± 0.0021 and 0.0199 ± 0.0007 in the 251 Ma Song
Da and modern Kilauea Iki systems, respectively. The
DSc

Ol-Liq values range between 0.135 ± 0.015 and
0.205 ± 0.030 and do not appear to exhibit any secular
trend, possibly varying as a result of temperature or melt
composition effects.

Having determined the V partition coefficients between
the liquidus olivine and the emplaced lavas for the nine sys-
tems, we used the combined experimental calibrations of
Canil (1997) and Canil and Fedortchouk (2001) to evaluate
the oxidation states of these komatiite and picrite systems.
Regressions of experimental data compiled by Nicklas et al.
(2018) from the above two publications yielded the follow-
ing equation:

log DOl�Liq
v

� � ¼ �0:250� 0:023ð Þ � DNNO

� 1:501� 0:064ð Þ ðr2 ¼ 0:94Þ ð1Þ
Uncertainties on the slopes and intercepts of Eq. (1)

were derived from the 95% confidence interval of the regres-
sion of the experimental data and experimental uncertain-
ties using ISOPLOT 3.00 (Ludwig, 2003). The
uncertainties shown in Eq. (1) were propagated in quadra-
ture through the determination of fO2 from DV

Ol-Liq. More
information on the experimental regression shown in Eq.
(1) can be found in Nicklas et al. (2018).

Although V partitioning oxybarometers that take into
account abundances of other major elements, mostly alka-
lis, in the crystallizing melt do exist (e.g., Mallmann and
O’Neill, 2009, 2013), those oxybarometers are not applica-
ble to samples that experienced seafloor alteration and/or
metamorphism, for which the primary abundances of
fluid-mobile major elements (such as the alkalis) are diffi-
cult to constrain. Although the abundances of fluid-
mobile elements are well constrained in some of the



Fig. 2. Vanadium (ppm) abundances in whole-rock samples and olivine from the 3.55 Ga Schapenburg komatiite, 2.06 Ga Lapland
komatiite, 1.97 Onega Plateau picrite, and 1.87 Ga Winnipegosis komatiite systems plotted against MgO contents (wt.%). A1 – upper chilled
margin, A2-3 – spinifex zone, B2-4 – cumulate zone, WR – whole rock, and Ol – olivine. The composition of the upper chilled margin zone
approximates that of the emplaced lava. The details of the protocol for calculating the DV

Ol-Liq values for each system here and in Figs. 3 and 4
are given in the text. The uncertainties here and in Figs. 3 and 4 are propagated 2SD uncertainties.
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younger systems, there exists a systematic offset between the
fO2 values calculated using different oxybarometers
(Mallmann and O’Neill, 2013) and as such, we have chosen
to use only partitioning data from a single suite of exper-
iments. As the experiments of Canil (1997) and Canil and
Fedortchouk (2001) used bulk compositions close to that
of the lavas studied here we have elected to use those
experimental data. The composition-independent oxy-
barometer in Eq. (1) is derived from those data, and is
used to facilitate comparison between the Archean and
modern lavas. For ease of comparison to previously pub-
lished data for mantle-derived rocks, all of the oxygen
fugacity values have been converted from DNNO log
units to the more commonly used DFMQ log units using
the standard thermodynamic values for each mineral buf-
fer assemblage listed in Wood (1991). The fO2 values cal-
culated from the V partitioning data are listed in Table 6
and plotted as a function of the age of the studied sys-
tems in Fig. 5a.

The early Archean Schapenburg komatiite system is
characterized by an elevated calculated fO2 value of
+0.88 ± 0.38 DFMQ log units, significantly higher than
the spatially and temporally associated 3.48 Ga Komati
system at �0.11 ± 0.30 DFMQ log units (Nicklas et al.,
2018). The Schapenburg system has been found to retain
short lived 182W and 142Nd isotope anomalies (Puchtel
et al., 2016a), while no such anomalies have been detected
in the Komati system (Touboul et al., 2012). The
Schapenburg system, therefore, likely sampled a region of
the mantle that was anomalous with respect to both fO2

and short-lived isotope systems, and, thus, does not repre-
sent the bulk of the mantle at 3.55 Ga. The lavas from
the Padloping Island picrite system show the lowest mea-
sured fO2 value at +0.60 ± 0.41 DFMQ, which is within
uncertainty of that estimated in the related Anaanaa unit
of West Greenland at �+0.28 DFMQ (Larsen and
Pedersen, 2000). The Padloping lavas have also been shown
to have large short-lived isotopic anomalies (Rizo et al.,
2016) and were, therefore, also not used to characterize
the mantle at 62 Ma. The significance of the obtained fO2

values for these two systems is further addressed in
Section 5.4.

The fO2 values of the remaining komatiite and picrite
systems vary between +0.90 ± 0.33 DFMQ in the Lapland
system, to +1.52 ± 0.27 DFMQ in the Kilauea Iki system,
and show a broad correlation with age. Data from this
study, combined with the Archean komatiite data from
Nicklas et al. (2018), define a secular trend in oxygen fugac-
ity from 3.48 Ga to the present day, with an overall change
in oxidation state of �1.6 log units. The change is most
marked from 3.48 to 1.87 Ga, with all systems postdating
the Winnipegosis system having fO2 values that are identi-
cal within errors. A linear least-squares ISOPLOT regres-
sion (MSWD = 2.4) of the fO2 data from 3.48 to 1.87 Ga
yields a slope of 0.80 ± 0.20 log units DFMQ /Ga. This lin-
ear regression is plotted in Fig. 5a. The difference in oxygen



Fig. 3. Vanadium (ppm) abundances in komatiite whole-rock
samples and olivine from the 251 Ma Song Da komatiite system
and from two flows of the 89 Ga Gorgona komatiite system plotted
against MgO contents (wt.%). A1 – upper chilled margin, A2-3 –
spinifex zone, B2-4 – cumulate zone, MK – massive komatiites, and
Ol – olivine.

Fig. 4. Vanadium (ppm) abundances in whole-rock samples and
olivine from the 62 Ma Padloping Island picrites, as well as picrites
from the 1959 eruption of Kilauea Iki and the Western Rift Zone
(WRZ) of Iceland plotted against MgO contents (wt.%). WR –
whole rock, Ol – olivine.
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fugacity between the Komati and Winnipegosis systems,
which anchor the ends of the linear regression line, is
1.33 ± 0.43 log units.

Also plotted in Fig. 5a is an estimate of the redox state
for modern East Pacific Rise MORB obtained using V
abundance data of the olivine-glass pairs from Kelley and
Cottrell (2012) and Mallmann and O’Neill (2013) and Eq.
(1) above at +0.60 ± 0.15 DFMQ log units (2SD). It has
been shown that the redox data obtained using oxybarom-
eters relying on the partitioning behavior of V are system-
atically offset by up to 1 log unit from the oxygen
fugacity data obtained using the Fe3+/RFe equilibria (e.g.,
Mallmann and O’Neill, 2013), so only MORB data deter-
mined using the same method as for the samples studied
here are used for comparison. As most modern MORB
are erupted at or close to sulfide saturation (Bottinga and
Javoy, 1990; Le Voyer et al., 2015), and sulfur degassing
can affect the redox state of a lava (Moussallam et al.,
2014), the calculated MORB average likely represents a
minimum fO2 estimate. It is, thus, not surprising that the
MORB average plots below most of the Phanerozoic sys-
tems studied. For more information on the calculations of
the MORB average plotted in Fig. 5a the reader is referred
to Nicklas et al. (2018).



Table 5
The measured FeO and calculated MgO abundances (wt.%), along with calculated V, and Sc abundances (ppm) and V/Sc ratios in emplaced
lavas from the studied komatiite and picrite systems.

FeO MgO V (ppm) Sc (ppm) V/Sc

Schapenburg 11.7 28.6 ± 2.8 115 ± 18 17.8 ± 2.3 6.47 ± 1.34
Lapland 11.3 27.4 ± 2.4 193 ± 19 25.4 ± 2.4 7.60 ± 1.04
Onega Plateau 9.00 7.95 ± 0.28 411 ± 23 38.9 ± 8.7 10.6 ± 2.4
Winnipegosis 11.4 21.1 ± 2.5 205 ± 18 29.6 ± 2.4 6.91 ± 0.82
Song Da 11.4 14.3 ± 1.0 274 ± 25 40.3 ± 2.6 6.80 ± 0.75
Eastern Gorgona 11.4 18.8 ± 1.1 278 ± 12 34.5 ± 1.7 8.04 ± 0.53
Western Gorgona 11.4 19.3 ± 1.6 273 ± 17 33.4 ± 2.2 8.17 ± 0.73
Padloping 10.4 15.5 ± 1.4 274 ± 15 37.5 ± 2.4 7.31 ± 0.62
Kilauea Iki 11.4 15.0 ± 0.6 280 ± 5 27.5 ± 0.7 10.2 ± 0.3
Iceland 11.4 17.9 ± 1.3 238 ± 12 40.5 ± 2.2 5.88 ± 0.44

Note. The background data and the calculation details are provided in the text and in the online Supplementary Tables S1–S9. The V and Sc
abundances in the emplaced komatiite lavas and the uncertainties on the V and Sc abundances were derived from ISOPLOT regression
calculations and are propagated 2SD uncertainties.
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4.4.2. Variations in V/Sc in the emplaced komatiite and

picrite lavas

Variations in V/Sc ratios in Archean basalts as a func-
tion of age have been used to study the evolution of the oxi-
dation state of the Archean upper mantle (e.g., Li and Lee,
2004). Because V becomes more incompatible with an
increase in fO2 of the system, and Sc partitioning is inde-
pendent of fO2, the higher the fO2 of the system during
melting, the higher the V/Sc ratio should be in the melt.
Li and Lee (2004) estimated the V/Sc in the global compi-
lation of MORB lavas to be 6.7 ± 1.1 (2SE), which is equiv-
alent to �0.3 ± 1.0 DFMQ log units for the modern upper
mantle. They also estimated that Archean basalts have an
average V/Sc = 6.3 ± 1.2 (2SE) and concluded that the
fO2 of the modern upper mantle and that of the sources
of Archean basalts were identical within the cited
uncertainties.

We applied the V/Sc oxybarometer of Li and Lee (2004)
to the komatiite and picrite systems from this study, by cal-
culating the V/Sc ratios in the emplaced lavas of each sys-
tem. The V/Sc ratios vary from 5.88 ± 0.44 in the
Icelandic picrites to 10.2 ± 0.3 in Kilauea Iki lava lake.
These V/Sc ratios, along with those determined for Archean
komatiites in Nicklas et al. (2018), as well as the MORB
range from Li and Lee (2004), are plotted against age in
Fig. 5b. No significant trend is observed, and all but the
Kilauea Iki and Onega Plateau lavas plot within the range
of modern MORB. The data obtained using the V/Sc oxy-
barometer, thus, provide no evidence for secular oxidation
within our sampled systems. Similar oxybarometers utiliz-
ing the V/Ga and V/Y ratios (Mallmann and O’Neill,
2013; Laubier et al., 2014) also show no variation in the cal-
culated fO2 with time. The reasons for this and the implicit
assumptions behind these oxybarometers are discussed
below.

Firstly, it is important to note that since komatiites and
picrites are high melt-fraction lavas, they are expected to
show less variation in V/Sc as a function of oxygen fugacity
than basalts, with their V/Sc ratios being closer to those of
their mantle source regions. Another complicating factor is
the difference in melting histories of different komatiite and
picrite systems, as the use of V/Sc as an oxybarometer relies
on the assumption that the V/Sc in the source region of all
the studied rocks was identical. However, previous melt
depletion events at high oxygen fugacity would lower the
V/Sc ratio of a mantle source region, leading to subsequent
melts extracted from that source to give erroneously
reduced values using this oxybarometer. Finally, V3+ and
Sc3+ behave similarly during melting in the spinel stability
field, but may have significantly different partition coeffi-
cients between solid and melt in the garnet stability field.
Petrologic modeling has shown that melting in the garnet
stability field will indeed impart a higher V/Sc ratio at con-
stant fO2 when compared to melting in the spinel stability
field (Lee et al 2005; Aulbach and Stagno, 2016). Notably,
the Kilauea Iki and Onega Plateau systems have much
higher V/Sc ratios, at 10.2 ± 0.3 and 10.0 ± 1.7, respec-
tively, than any of the other systems. It has been previously
determined that both systems are primarily the result of
melting in the garnet stability field (Puchtel et al., 1998a;
Norman and Garcia, 1999), illustrating the possible effect
of residual garnet on the V/Sc ratio of the melt. Due to
these limitations, we did not consider any further the V/
Sc systematics of the studied komatiite and picrite systems
for the purpose of constraining their redox state.

5. DISCUSSION

5.1. The effects of alteration, mineral-melt re-equilibration,

and crustal contamination on the redox state of the studied

komatiite systems

5.1.1. Secondary alteration

The effect of secondary alteration on the determination
of fO2 of Archean komatiites has been previously addressed
by Nicklas et al. (2016, 2018). Additionally, the effect of
surface alteration on the chemistry of the Schapenburg
komatiite flows has been previously addressed in Puchtel
et al. (2016a). The Phanerozoic and Proterozoic samples
studied here are mineralogically very well preserved, and
metamorphic grade was uniformly sub-greenschist
facies. Igneous textures are preserved in all of the studied
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Phanerozoic samples, and igneous minerals are very well
preserved in the Song Da, Kilauea Iki, Gorgona, Iceland
and Padloping lavas. The Schapenburg komatiite system
and the Onega Plateau picrites are remarkably well pre-
served given their age, and the Lapland and Winnipegosis
komatiite systems retain almost exclusively igneous miner-
als with little evidence for any secondary phases, indicating
an excellent degree of preservation (Fig. 1).

Secondary alteration may result in re-distribution of pet-
rogenetically important elements, including V, which, in
turn, may have affected the estimates for V (and other trace
metals) abundances in the emplaced lavas. This post-
magmatic re-distribution on a whole-rock scale, however,
can be easily recognized in the trace metal vs. MgO varia-
tion diagrams (Figs. 2–4). Element mobility will result in
the data for the affected element plotting off the olivine con-
trol lines, which is not observed. Vanadium and Sc exhibit
strong inverse correlations with MgO, with MSWD < 3.0
for all systems along with MgO intercepts close to the com-
position of liquidus olivine phenocrysts, and it is, thus, con-
cluded that all komatiite and picrite systems retain primary,
igneous distributions of these elements.

5.1.2. Late-stage re-equilibration of the liquidus olivine with

host lava

The method we used to determine the redox state of the
komatiite and picrite systems assumes that olivine was in
chemical equilibrium with the emplaced lava. Although oli-
vine phenocrysts found in chilled margins of komatiite lava
flows most likely preserved their original V partitioning sig-
nature due to the almost instantaneous solidification after
emplacement (Huppert et al., 1984; Huppert and Sparks,
1985; Arndt, 1986b), olivine from cumulate zones, which
take much longer to crystallize, may have experienced re-
equilibration with the residual liquid. In their study of the
�100-m-deep Victoria’s lava lake, Nicklas et al. (2016)
demonstrated that V contents of olivine from the cumulate
zone and the upper chilled margin of the komatiitic lava
lake were indistinguishable, which was taken as evidence
that V re-equilibration between olivine and the residual liq-
uid played a negligible role during the evolution of the lava
lake. All samples, except for those from the Lapland,
Onega Plateau, Kilauea Iki and Iceland systems, are from
sub-aqueously erupted flows significantly thinner than the
100-m-deep lava lake, and thus re-equilibration was likely
also negligible. The Lapland samples are sub-volcanic in
nature, but still likely cooled relatively quickly, as the width
of the Kevitsa dike from which they were collected was
�40 m. Similarly, the Onega Plateau samples analyzed
come from the sub-volcanic Konchozero sill, which shows
evidence for rapid solidification and cooling (Puchtel
et al., 1998b). The samples from the Kilauea Iki and Iceland
systems are sub-aerially erupted lavas that cooled quickly,
albeit likely not as quickly as sub-aqueously erupted lavas,
and thus also had little time for re-equilibration. In order to
minimize the effect of re-equilibration, Kilauea Iki samples
were taken from the upper chilled margin of the lava lake,
which must have solidified rapidly. It is therefore likely that
the olivine grains analyzed in this study retain their liquidus
V and Sc concentrations in all the studied systems.



Fig. 5. (A) The calculated oxygen fugacity (fO2) relative to the FMQ buffer for the studied komatiite and picrite systems plotted as a function
of their ages. The uncertainties shown are determined by the propagated 2SD uncertainties on the calculated DV

Ol-Liq and the 95% confidence
interval error of Eq. (1) in the text. The fO2 estimates for modern MORB were calculated using the V partitioning of four olivine/glass pairs
from Kelley and Cottrell (2012) and Mallmann and O’Neill (2013). The MORB value of +0.60 ± 0.30 DFMQ log units is the average of the
four estimates with the uncertainty reflecting the 2SD of those estimates propagated to account for the uncertainty in experimental
calibrations in Eq. (1). The dotted red line is an ISOPLOT least-squares regression of all data from 3.48 to 1.87 Ga (MSWD = 2.4). See text
for further details. (B) The V/Sc ratios of the studied komatiite and picrite systems plotted as a function of their ages. Data for modern MORB
are from Li and Lee (2004). See text for additional details. (For interpretation of the references to color coding in this figure legend, the reader
is referred to the web version of this article.)
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5.1.3. Crustal contamination

Crustal contamination can have an effect on the fO2 of
mantle-derived lavas due to assimilation of oxidized species
in continental crust that was generated in an oxidized arc
environment. The Gorgona, Kilauea Iki and Iceland lavas
are all known to have erupted in an oceanic environment
and are thus not contaminated by continental crust. Of
the komatiitic and picritic systems studied here that erupted
onto continental crust, previous studies have found mini-
mal crustal contamination, ranging from <1% in the Pad-
loping Island picrites (Day, 2016), to 1–2% in the Song
Da system (Hanski et al., 2004) to <3% in the Winnipegosis
system (Waterton et al., 2017). The upper Onega Plateau
picrites show no evidence for contamination with continen-
tal crust (Puchtel et al., 1998b). The degree of crustal con-
tamination of the Lapland samples is also likely very low,
as shown by their eNd values ranging from +3 to +4 and
their strong depletion in LREE (Huhma et al., 2018). Based
on their trace element and Nd isotopic systematics, it is also
unlikely that the Schapenburg komatiites experienced any
crustal contamination (Puchtel et al., 2009). In addition,
the study of Grocke et al. (2016) observed no effect on
fO2 in continental arc lavas that had been variably contam-
inated by up to >30% continental crust, and, thus, it is unli-
kely that the low degree of contamination found in all of
the studied systems had a measurable effect on the calcu-
lated fO2 values.

5.2. The significance of the calculated fO2 of the studied

komatiite systems
5.2.1. The effect of temperature on V partitioning in

ultramafic systems

The experimental studies of Mallmann and O’Neill
(2013) and Laubier et al. (2014) showed a dependence of DV-
ol/melt on the temperature of olivine crystallization. As the
younger suites analyzed have, on average, lower liquidus
temperatures, it is important to evaluate the effect of tem-
perature on the partitioning of V in the komatiitic and
picritic lavas studied. A decrease in temperature of ca.
100 �C would result in a change of �0.1 log unit in the
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calculated oxygen fugacity using the Mallmann and O’Neill
(2013) oxybarometer, which takes temperature into
account. Although our suites show a large range in the
emplaced lava MgO contents (7.95–28.6 wt.% MgO), this
spread likely corresponds to a maximum of 400 �C differ-
ence in the liquidus temperatures. A 0.4 log unit oxidation
is significantly smaller than the observed range of �1.6 log
units. Furthermore, the MgO content of the lavas, a proxy
for liquidus temperature, does not show a correlation with
the calculated oxygen fugacity, as the lowest MgO samples
from the Onega Plateau, at 7.95 wt.% MgO, have an fO2

within uncertainty of those of the Lapland and Winnipego-
sis komatiites, which contained 27.4 and 21.1 wt.% MgO in
their emplaced lavas, respectively, encompassing almost the
entire spectrum of the MgO contents of the sample set, with
minimal changes in fO2.

5.2.2. The effect of mantle secular cooling on fO2

It is generally accepted that the mantle has experienced
secular cooling (Herzberg et al., 2010; Ganne and Feng,
2017; Aulbach and Arndt, 2019); as such, the older komati-
ite systems likely formed from a hotter mantle than their
younger counterparts. In order to evaluate the significance
of the calculated fO2 of the studied komatiite systems, it is
important to constrain the effects of secular cooling of the
mantle (e.g., Nisbet et al., 1993; Herzberg et al., 2010) on
the calculated oxygen fugacities. Decrease in mantle tem-
peratures will result in increased Fe3+ activity in mantle spi-
nel, and, thus, higher mantle oxygen fugacity in the spinel
peridotite stability field due to the temperature dependence
of mantle mineral redox equilibria (Ballhaus et al., 1991).
The extent to which the mantle cooled over the past
�3.5 Ga is not well established, but was likely less than
150 �C (Ganne and Feng, 2017, Aulbach and Arndt,
2019). Using the experimental oxybarometer of Ballhaus
et al. (1991), we estimated the change in oxygen fugacity
that would be caused by decrease in the mantle potential
temperature by 150 �C, from 1800 �C to 1650 �C, assuming
a constant pressure of 2.0 GPa, and constant Xspinel

Fe+3 of 0.05,
Xspinel

Fe+2 of 0.55, Xspinel
Al of 0.4, and Xolivine

Fe of 0.1. Our calcu-
lations indicate that this decrease in temperature would be
equal to an increase of 0.02 DFMQ log units in oxygen
fugacity, which is smaller than the uncertainty on the fO2

estimates for all the magmatic systems in this study. We
conclude, therefore, that secular change in the mantle
potential temperature had no measurable effect on the cal-
culated oxygen fugacities for the studied systems, and that
the trend observed in Fig. 5a is not the result of mantle
cooling, nor was the trend significantly dispersed by it.

5.2.3. The effects of depth of mantle melting and upwelling on

fO2

Another issue to address is the difference in the depth of
melt segregation for the studied systems and its effect on the
calculated fO2. It has been argued that the oxygen fugacity
of the mantle decreases with increasing depth due to pres-
sure dependence of the garnet-fayalite-ferrosilite-O2 equi-
librium (Woodland and Koch, 2003). However, this
calibration is only relevant until the depth of metal satura-
tion, beyond which fO2 shows comparatively little pressure
dependence (Frost et al., 2008). Although melting in the
studied plume lavas took place at depths that are not well
constrained, there is no evidence that melts segregated at
greater depths in older samples than in their younger coun-
terparts. The Kilauea Iki lavas yielded fO2 that is among
the highest of the measured values, but were derived from
melting well into the garnet stability field (Norman and
Garcia, 1999), opposite to the predicted trend of
Woodland and Koch (2003). In addition, the relationship
between the depth of melting initiation and fO2 is not
straightforward due to the fact that the melts likely
remained in equilibrium with the mantle residue well past
the depth of melt initiation. The Al2O3/TiO2 ratio has been
shown to vary with depth of segregation of a komatiitic
melt from its mantle residue (Nesbitt and Sun, 1976; Sossi
et al., 2016), but there is no correlation between fO2 and
average Al2O3/TiO2 ratio evident in our data.

The FMQ redox buffer follows the redox evolution of a
decompressing melt within �0.17 log units/GPa (Kress and
Carmichael, 1991), so that oxygen fugacity values expressed
in DFMQ terms largely retain their validity through decom-
pression melting (Kelley and Cottrell, 2012). This difference
is small enough that it is within uncertainty of most of the
fO2 determinations. This is one of the reasons that fO2 of
volcanic rocks relative to the FMQ buffer has been previ-
ously used as a reference point for determining upper man-
tle oxygen fugacity (e.g., Kelley and Cottrell, 2012). Finally,
the obtained redox data for the studied systems were com-
pared to the fO2 of modern-day MORB and plume lavas, as
opposed to modern peridotites, in an attempt to minimize
the differential effects of decompression on the calculated
oxygen fugacities. We, therefore, conclude that differences
in depth of melting are likely not the cause for the secular
trend in oxygen fugacity observed in Fig. 5a.

5.2.4. The effects of magma degassing and differentiation on

fO2

Two additional factors that have been shown to have an
effect on the oxygen fugacity of an evolving magma are
fractional crystallization and volatile degassing. Olivine
fractionation removes Fe2+ and, thus, changes the oxygen
fugacity of mafic magmas evolving as closed systems
(Cottrell and Kelley, 2011; Sossi et al., 2012). However, this
effect is relatively minor for the magmas studied here, which
experienced little differentiation prior to emplacement, as
their high MgO contents show that they are close to compo-
sition of primary mantle melts. Moreover, the Winnipegosis
and Song Da komatiite suites and the Onega Plateau
picrites all have fO2 values within error of each other but
range in their emplaced lava MgO content from 7.95
± 0.28 to 21.1 ± 2.5 wt.%. Theory predicts that lower-
MgO lavas should exhibit higher fO2, but the Padloping
Island lavas are the most reduced lavas measured in this
study, despite the fact that they are less MgO-rich than
most of the others (Tables 5 and 6). We, thus, conclude that
olivine fractionation had a negligible effect on the measured
fO2 values of the lavas.

Degassing of sulfur has been shown to have a strong
control on the fO2 of an evolving picritic (Moussallam
et al., 2016) or phonolitic (Moussallam et al., 2014) magma.
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Sulfur is largely present as S2- in mantle-derived magmas,
which can be degassed as SO2 according to the following
equation from Métrich et al. (2009):

S2� + 4Fe2O3 ! S6þO2 + 8FeO + 2O2� ð2Þ
Eq. (2) shows that for each mole of sulfur degassed as

SO2, 8 moles of Fe3+ are reduced to Fe2+. It has been
demonstrated for Kilauea Iki lava lake that sulfur degas-
sing had a resolvable reducing effect on the evolving
magma, and the un-degassed picritic magma was estimated
to have had an oxygen fugacity of �DNNO = 0
(Moussallam et al., 2016). Our value of DNNO = +0.80
± 0.27 for Kilauea Iki is higher than this estimate, and
may reflect rapid quenching of the uppermost section of
the lava lake prior to extensive degassing, or alternatively,
may reflect inter-calibration issues between the V partition-
ing and Fe3+/RFe ratio oxybarometers.

The highly siderophile element abundance data indicate
that the Schapenburg lavas were sulfide undersaturated
(Puchtel et al., 2016a), and, thus, likely degassed little sul-
fur. Chalcophile elements, such as Cu, Pd and Pt, behaved
incompatibly during differentiation of Gorgona komatiites
(Brügmann et al., 1987), and this suite was, therefore, also
sulfur-undersaturated. Although sulfide saturation depletes
an evolving melt in sulfur, high-degree melts that never
experienced sulfide saturation, like those studied here, did
not experience sulfide saturation because they contained
very low concentrations of sulfur. Sulfide undersaturation
therefore requires the lack of significant sulfur degassing
in the studied ultramafic rocks. Sulfur degassing in the Lap-
land and Onega Plateau systems was also likely relatively
minor due to their subvolcanic nature. It is also worth not-
ing that the Gorgona, Schapenburg and Winnipegosis
komatiites erupted sub-aqueously, which likely minimized
sulfur degassing. It is unknown what effect sulfur degassing
had on the measured fO2 of the Song Da komatiites and the
Iceland and Padloping Island picrites. Unless initial condi-
tions were extremely oxidizing, such as those found in arc
basalts, degassing of sulfur has only been shown to cause
reduction and not oxidation (Moussallam et al., 2014,
2016; Brounce et al., 2017), and, thus, the fO2 values for
these systems likely represent the minimum values. There
is no a priori reason why the older systems would have
degassed more sulfur than the younger systems, and, there-
fore, the observed trend of secular oxidation is likely not
caused by variable amounts of sulfur degassing. We, thus,
conclude that the secular oxidation trend observed in our
data likely represents oxidation of the mantle source
regions of these lavas with time.

5.3. Mechanisms for oxidation of the mantle

Our data indicate an increase of 1.33 ± 0.43 DFMQ log
units over 1.6 Ga of Earth history, which is within uncer-
tainties of the 0.93 ± 0.55 DFMQ log unit difference
between Archean and modern samples estimated by
Aulbach and Stagno (2016) using the V/Sc oxybarometer.
The conclusion that the Earth’s mantle has oxidized since
the Archean is also supported by the study of Aulbach
et al. (2017a), which used Fe3+/RFe ratios in eclogitic gar-
nets to determine that subducted Archean oceanic crust was
likely more reduced than the present-day oceanic crust.
Additionally, Foley (2011) suggested that the lack of car-
bonatites in the geologic record prior to 2.7 Ga was the
result of the mantle at that time being more reduced than
the present-day mantle. Compared to our data, the
Aulbach and Stagno (2016) dataset shows significantly
lower absolute oxygen fugacity values in both Archean
picrites and modern MORB. This is likely due to issues with
inter-calibration of different oxybarometers, as discussed by
Mallmann and O’Neill (2013), or due to differences in man-
tle melting processes between ridge and plume settings.
Despite this, the agreement between the magnitude of our
trend and the Aulbach and Stagno (2016) trend is remark-
able, and offers further support to the notion that the man-
tle has experienced significant secular oxidation. In the
following sections, we discuss the mechanisms that might
have been responsible for the observed change in the redox
state of the mantle.

An increase in the oxygen fugacity of the mantle of ca.
1.3 DFMQ log units is a significant change for a reservoir
as large as the mantle, which comprises �84% of the
Earth’s volume and �68% of the Earth’s mass. Changing
the mantle’s redox state by 1.3 DFMQ log units would
require the addition of a large and likely geochemically
detectable amount of oxidized material. Three possible sce-
narios are considered as potential mechanisms for oxidizing
the mantle: (1) recycling of oceanic crust, (2) venting of oxy-
gen from the core, and (3) homogenization of early formed
mantle heterogeneities. None of these mechanisms are
mutually exclusive, and all may have contributed to the
observed trend.

5.3.1. Recycling of oceanic crust

The most obvious explanation for an increase in the
oxygen fugacity of the mantle comes from evaluating the
effects of modern plate tectonic processes. Oceanic crust
returning into the mantle at subduction zones is more oxi-
dized than the crust emerging at spreading centers as a
result of interaction with O2 and H2O on the Earth’s sur-
face. Serpentinization reactions reduce seawater to generate
H2 gas, which may subsequently be lost to space. The low
molecular mass of the H2 gas makes it one of the few vola-
tile species to readily escape from the Earth’s atmosphere,
acting as a net oxidant to the entire Earth system (Catling
et al., 2001). However, H2 gas produced in an oxygenated
atmosphere rapidly reacts with O2 and, therefore, remains
in the Earth system (Zahnle et al., 2013). As a consequence
of serpentinization, Fe2+ in altered oceanic crust (AOC) is
oxidized to Fe3+ to form magnetite, enriching the AOC
package in Fe3+. For example, serpentinites have Fe3+/
RFe of �0.3 (Padron-Navarta et al., 2011), greatly in excess
of the mantle value of 0.02–0.05 (Cottrell and Kelley, 2011).
However, the amount of oxidized material that makes it
into the deep mantle remains largely unknown. Some of
that oxidized material is likely lost to generate the oxidized
mantle wedge and the comparatively oxidized arc lavas
(Parkinson and Arculus, 1999; Brounce et al., 2014).

Mass balance calculations indicate that subduction is a
net oxidant for the mantle even today, after accounting
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for the oxidants lost in arc lavas and gases and those
brought back up by MORB and OIB volcanism (Evans,
2012). The mass balance of various fluxes indicates that
Fe3+ is the main oxidant making it through subduction
zones to the deep mantle, while SO4

2- and CO3
2- are largely

returned to the surface in arc volcanoes (Evans, 2012).
The net oxidation flux for the modern Earth’s mantle is esti-
mated at 46 ± 12 � 1012 mol/yr (Evans, 2012), similar to
the earlier estimates (7.1 � 1012 moles of oxidant/year)
which only took into account Fe3+ flux and also relied on
an older understanding of serpentinization reactions
(Lécuyer and Ricard, 1999).

Using the mantle oxidation equations of Evans (2012),
and their estimated present-day subduction flux of oxi-
dants, we tested the hypothesis of whether crustal recycling
is a viable mechanism for mantle oxidation. Starting with
the oxidation state of the Komati system of �0.11 ± 0.30
DFMQ log units at 3.48 Ga, we allow the mantle to mix
in crust at present day rates up to 1.87 Ga, when the oxida-
tion trend flattened out. Our calculations show that the
mantle would have only been oxidized from �0.11 to
+0.38 DFMQ log units over the �1.6 Ga period, i.e., an
increase in the redox state of the mantle of �0.49 DFMQ
log units, which falls short of the oxygen fugacity of the
Winnipegosis komatiites by �0.71 DFMQ log units.

For the sake of the modeling, we varied the subduction
redox flux and the fraction of the mantle participating in
the mixing. Increasing the subduction redox flux by a factor
of �4 results in a mantle oxidation of +1.22 DFMQ log
units by 1.87 Ga, which is consistent with the oxidation
state of the Winnipegosis komatiites. Reducing the fraction
of the mantle participating in the mixing calculation to
�25% of the mantle’s total mass achieves the same effect.
One of the major weaknesses of this model is that there is
no a priori reason why oxidation of the mantle would cease
in the Paleoproterozoic, as oxidized slab material likely
continued to be recycled into the mantle well past
1.87 Ga. Another weakness of this model is that with little
agreement on the existence of modern-style plate tectonics
in the Archean, there are no strong constraints on the crus-
tal recycling rate during that period. The question of
whether modern-style mobile-lid plate tectonics operated
during the Archean has been the subject of much debate
(e.g., Sizova et al., 2010; Moore and Webb, 2013; Gerya,
2014), but some mode of crustal recycling must have existed
during the Archean, and any such tectonic process could
theoretically bring oxidized material back into the mantle.
The altered oceanic crust in the early Earth was also likely
less oxidized than the present day crust until �800 Ma
(Stolper and Keller, 2018). The results of our modeling rep-
resent an upper limit on the amount of oxidation resulting
from this mechanism, given the few constraints on the oxi-
dation state of Archean altered oceanic crust and the possi-
bly lower rates of crustal recycling in the Archean. It
appears unlikely that the subduction redox flux at any time
in Earth history was �4 times greater than that of the pre-
sent day and equally unlikely that �75% of the mantle did
not participate in convective mixing.

Based on all the arguments presented above, we con-
clude that the crustal recycling model is unlikely to account
for the change in the redox state of the mantle of �1.3
DFMQ log units required by the data. However, further
work to quantify Precambrian crustal recycling rates and
the oxidation state of deeply subducted slabs may affect this
conclusion.

5.3.2. Venting of oxygen from the core

The second possible mechanism of progressive oxidation
of the mantle involves venting of oxygen from the outer
core into the lower mantle. The Earth’s core contains sub-
stantial amounts of light elements, such as Si, S, and O
(e.g., Birch, 1964; Badro et al., 2015). Initially, Earth’s core
is thought to have been entirely molten and, as the Earth
cooled, the inner core began to crystallize and grew over
time. It has been shown experimentally (Badro et al.,
2007), through modeling (Badro et al., 2015), and via ab ini-
tio calculations (Alfè et al., 2002) that the solid metal of the
inner core would preferentially exclude O, but would incor-
porate significant amounts of Si and S. Crystallization of
the inner core, thus, enriches the outer core in dissolved
O and, if the outer core were to become supersaturated with
respect to O, some of this oxygen could have escaped into
the lower mantle. This model removes the problems associ-
ated with the large amounts of recycled material required to
oxidize the mantle, because the mass of the outer core is
similar in magnitude to the mass of the mantle. Using the
present-day size of the inner core and the O concentration
estimates of Alfè et al. (2002), the amount of oxygen added
to the outer core from inner core crystallization is calcu-
lated to be �1024 moles. This is �0.25 moles oxygen/kg
of the mantle mass, far more than is needed to oxidize
the relatively reduced mantle by �1.3 log units. However,
this upper limit of oxygen released into the mantle does
not take into account gradual inner core growth, and
assumes that all of the oxygen released as the result of inner
core crystallization is transferred to the mantle. Neither of
these are safe assumptions. The maximum amount of oxy-
gen that can be dissolved in the outer core is not experimen-
tally constrained and likely varies with outer core
temperature. It is also unknown whether a supersaturated
outer core would lose molecular O2 (a mantle oxidant) or
FeO (a mantle reductant). Existing constraints indicate that
FeO is the likely phase that would exsolve from an outer
core supersaturated in oxygen (Humayun et al., 2004),
making this mechanism invalid. However, additional
high-pressure experimental data are necessary. In addition,
the existence of chemical exchange between the core and
mantle is still debated, based mostly on the available iso-
topic data for plume-derived lavas (Brandon et al., 1999,
2003; Baker and Jensen, 2004; Brandon and Walker,
2005; Puchtel et al., 2005; Luguet et al., 2008; Ireland
et al., 2011).

Perhaps the most central issue with this model is the fact
that the timing of the onset of inner core crystallization is
poorly constrained (e.g., Buffett, 2003). The overall oxida-
tion trend revealed by the data from this study begins at
3.5 Ga and continues to 1.87 Ga, necessitating early inner
core formation for outer core O saturation to be the driving
mechanism behind the observed mantle oxidation trend.
Models of core-mantle interaction based on geochemical
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evidence of leakage of Os from the outer core into the lower
mantle require an early onset of inner core crystallization,
ranging from 3.0 to 4.2 Ga (Brandon et al., 2003; Puchtel
et al., 2005). In contrast, thermal history models favor a
younger age for the inner core, e.g., ca. 1.0 Ga�1.5

1.0+

(Labrosse et al., 2001). The presence of significant concen-
trations of radioactive elements in the core (e.g., K), or the
existence of a radioactive element-enriched ‘‘slab grave-
yard” at the core-mantle boundary could push the onset
of inner core crystallization back to 3.0 Ga. Overall, there
is little agreement among researchers on the timing of the
onset of inner core crystallization; as such, the mechanism
presented here remains largely speculative. Recent geo-
chemical evidence for relatively sluggish mixing of the man-
tle (e.g., Touboul et al., 2012; Rizo et al., 2016; Puchtel
et al., 2016a; Mundl et al., 2017) also contradicts this
model. Oxygen leaving the outer core would escape into
the lower mantle upward in all directions, and the upper
and lower mantle need to be efficiently mixed in order to
facilitate mantle oxidation.

As a further issue to account for in models of core-
mantle interaction, any large-scale chemical exchange
between the core and mantle would likely result in large
enrichments in the highly siderophile elements (HSE), cou-
pled enrichments in 186,187Os (Brandon et al., 1999, 2003;
Ireland et al., 2011), and strongly negative l182W isotopic
anomalies (Touboul et al., 2012) in plume-derived lavas
that originated at the core-mantle boundary. However,
large HSE enrichments have not been observed in the man-
tle sources of any of the magmatic systems studied here.

Tungsten isotopic anomalies have only been detected in
the Kilauea Iki, Padloping Island and Schapenburg systems
(Rizo et al., 2016; Mundl et al., 2017; Puchtel et al., 2016a).
Mundl et al. (2017) concluded, however, that the negative
l182W signal in the Kilauea Iki lave lake is unlikely to orig-
inate from the outer core. The source region of the
Schapenburg komatiite system with a negative l182W
anomaly is strongly depleted in the HSE relative to BSE
and, thus, likely experienced no core-mantle exchange
(Puchtel et al., 2016a), while the Padloping Island’s positive
l182W signal is opposite to what would be expected from
addition of outer core material. The Schapenburg and Pad-
loping Island systems were also excluded from the ISO-
PLOT regression calculations illustrated in Fig. 5a. There
is, thus, no strong evidence, isotopic or otherwise, for addi-
tion of core material to the mantle source regions of any of
the studied systems, although it is possible that a light ele-
ment, such as O, could vent to the mantle without entrain-
ing any other elements. Overall, better constraints on the
maximum O content of the outer core, the timing of the
onset of the inner core crystallization, and the mechanisms
of core-mantle interaction are necessary to further deter-
mine the viability of this model.

5.3.3. Mixing of primordial mantle redox heterogeneities

According to the commonly accepted scenario of early
Earth evolution, the silicate Earth melted and differentiated
early in its history due to the energetic impacts associated
with planetary accretion, and the release of heat associated
with core formation (Matsui and Abe, 1986; Tonks and
Melosh, 1993). This early differentiation facilitated the frac-
tionation of short-lived isotope systems, isotopic anomalies
of which are found in Precambrian and even in modern
rocks (Touboul et al., 2012; Willbold et al., 2015; Rizo
et al., 2016; Puchtel et al., 2016a, Mundl et al., 2017).

In order to segregate a core made of Fe-Ni alloy, the pri-
mordial mantle must have been reducing enough to be in
equilibrium with metallic Fe, i.e., its redox state must have
been close to the iron-wüstite (IW) buffer. The five orders of
magnitude higher oxidation state of the present-day mantle
than the IW buffer has been proposed to be the result of Fe
(II) disproportionation reactions in the deep mantle and
loss of Fe metal to the core in down-going metallic diapirs
(Wood et al., 2006; Frost and McCammon, 2008). In this
model, Fe2+ disproportionates to Fe3+ and Fe metal at high
pressures in the lower mantle, which enables Fe3+ to enter
the predominant bridgmanite crystal structure at these
depths. Some of this disproportionated Fe metal was subse-
quently lost to the core, leaving a more oxidized lower man-
tle that was no longer in redox equilibrium with the core.
The early terrestrial mantle would thus consist of a rela-
tively reduced upper mantle sitting atop a relatively oxi-
dized lower mantle. This model is supported by the
observation that the lunar mantle is highly reduced due to
the fact that the pressures at the bottom of the lunar
magma ocean were not high enough to stabilize bridgman-
ite (Frost et al., 2008).

The komatiite and picrite systems studied here may rep-
resent relatively deep mantle melts, but constraining the
depth at which the respective mantle plumes that gave rise
to these systems originated is difficult. Assuming all the sys-
tems were representative of the upper mantle in terms of
their redox state at the time of their formation, then the
upper mantle has presumably mixed with a more oxidized
lower mantle to produce oxidation with time. It is unclear
whether this process was continuous or episodic. As there
is no mantle oxidation observed after 1.87 Ga, it is possible
that the main homogenization event had already occurred
by 1.87 Ga, possibly due to the initiation of mobile-lid plate
tectonics at the Archean-Proterozoic boundary, which effi-
ciently mixed away much, but not all, of the early-formed
mantle isotopic heterogeneities (Debaill et al., 2013;
Mundl et al., 2017). Since the heterogeneities produced by
the 182Hf-182W isotope system persist to the present day,
it is, thus, not unreasonable to suggest that early redox
heterogeneities may have persisted well into the Paleopro-
terozoic. It is likely that the mantle has become more
homogenous with time due to convective stirring, which
makes progressive mixing between the upper and lower
mantle a viable mechanism for explaining upper mantle
oxidation.

A supporting argument for this mechanism is provided
by the high fO2 of the Schapenburg komatiite system rela-
tive to komatiite systems of similar age within the same cra-
ton, such as the 3.48 Komati and 3.26 Weltevreden systems
(Nicklas et al., 2018). Isotopic constraints from both short-
and long-lived isotope systems indicate that the mantle
source region of the Schapenburg komatiites fractionated
bridgmanite within the first �30 Ma of solar system forma-
tion (Puchtel et al., 2016a). No such short-lived anomalies
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have been found in the source region of the other Kaapvaal
Craton komatiites studied (Touboul et al., 2012; Puchtel
et al., 2013, 2014). Thus, the Schapenburg source region
was formed in the lower mantle close to the time of core
formation and was preserved until 3.55 Ga. The high oxida-
tion state of the Schapenburg system likely reflects the loss
of disproportionated Fe metal in its source region during an
early magma ocean stage. Mixing between a theoretical
‘‘Schapenburg-type” mantle with high fO2 and a
‘‘Komati-type”mantle with the low fO2 could have resulted
in the observed trend. Although the Schapenburg system is
not as oxidized as some of the Phanerozoic systems, the
‘‘Schapenburg-type” endmember may have extended to
higher fO2 than observed in the Schapenburg komatiites.
This mantle oxidation scenario has been previously advo-
cated by Nicklas and Puchtel (2016), Aulbach and Stagno
(2016) and Andrault et al. (2018). However, more investiga-
tion into the oxidation state of ultramafic rocks showing
short-lived isotope anomalies, and into the thermodynam-
ics of mixing mantle regions of different oxidation states,
are needed to further constrain this model.

5.4. The Schapenburg and Padloping Island Systems and

Early Earth Redox

As mentioned in the previous sections, both the
Schapenburg komatiite and Padloping Island picrite sys-
tems show resolved anomalies in the short-lived
182Hf-182W isotope system. In addition to a negative 182W
anomaly, the Schapenburg komatiite system has a negative
142Nd anomaly, as well as decoupled long-lived 176Lu–176Hf
and 147Sm–143Nd systems, indicating fractionation of the
lower mantle phases bridgmanite and Ca-perovskite very
early in its mantle source region’s history (Puchtel et al.,
2016a). The Padloping Island picrites have the largest
known terrestrial 182W anomaly (Rizo et al., 2016), but
do not show any resolvable anomaly in 142Nd (De Leeuw
et al., 2017). The lack of a 142Nd anomaly rules out
crystal-liquid silicate fractionation as a mechanism for gen-
erating the large 182W anomalies in the Padloping Island
picrites. Early metal-silicate fractionation could have pro-
duced large 182W anomalies with no effect on the lithophile
Sm-Nd isotope system, indicating that this is the likely
mechanism for generating the source region of the Padlop-
ing Island lavas (Rizo et al., 2016).

Although both the Padloping Island and Schapenburg
komatiite systems have short-lived isotope anomalies and
are excluded from the regression of the fO2 data in
Fig. 5a, the Schapenburg komatiites are characterized by
a higher oxidation state relative to systems of the same
age, while the Padloping Island lavas are within uncertain-
ties of most other plume-derived Phanerozoic lavas, and
also overlap with the range of modern MORB in terms of
their fO2. The Schapenburg source likely lost dispropor-
tionated Fe to the core early in its history, leading to the
high oxidation state of Schapenburg lavas. There is no evi-
dence for the Padloping source region being in the bridg-
manite stability field during core-forming events, and thus
it is not expected to show an elevated fO2 value. Indeed,
the equilibration of the Padloping Island source region with
metal (Rizo et al., 2016) likely greatly lowered its fO2, but
this signature was possibly later diluted by ambient mantle
to create a mantle region with large 182W anomalies but
only slightly lower fO2 than the source regions of other
plume lavas of the same age. These two magmatic systems
illustrate that relationships between oxidation state and
short-lived isotope anomalies in plume-derived lavas may
not be straightforward.

5.5. Relationship between mantle oxidation state and

atmospheric O2 content

The Great Oxidation Event (GOE) marked one of the
most dramatic changes in the Earth’s surficial environment.
Molecular oxygen rose from trace levels in the Archean
atmosphere (<10-6 atm) to become a small but significant
constituent of the atmosphere in the Proterozoic, eventually
rising to �0.2 atm in the Phanerozoic. The exact timing and
tempo of the GOE are complex, but it is denoted most
clearly in the geochemistry of sulfur isotopes (Farquhar
et al., 2000). Specifically, the disappearance of mass inde-
pendent sulfur isotope fractionation (D33S) in sedimentary
rocks, beginning between 2.461 and 2.308 Ga (Gumsley
et al., 2017), is best-explained by the accumulation of suffi-
cient atmospheric O2 to oxidize and homogenize isotopi-
cally fractionated atmospheric S reservoirs produced by
UV-driven photochemistry (Ono, 2017).

The exact causes of the GOE remain unclear. Oxidative
photosynthesis is the source of O2 to the atmosphere, but
also of organic carbon. In biological respiration, O2 reacts
with organic carbon, removing O2 from the atmosphere. In
fact, on an annual basis, O2-producing photosynthesis and
O2-consuming respiration are in almost perfect equilibrium
(Catling, 2014). Therefore, accumulation of O2 in the atmo-
sphere requires: (a) photosynthetic production of O2; (b)
burial of photosynthetically produced organic carbon for
geologically significant periods of time, leaving behind
unrespired O2 in the surface environment; (c) that this net
biogeochemical process produces O2 at rates sufficient to
overwhelm geological sinks of O2, such as the oxidation
of Fe2+ and other reductants in crustal rocks and
hydrothermal systems, and the oxidation of reduced gases
derived from the mantle.

It is likely that a decrease in the strength of geological
sinks was a critical contributor to the GOE. Two lines of
evidence are particularly important. First, although it is
tempting to conclude that the GOE was caused by the prox-
imal emergence of oxygenic photosynthesis (Fischer et al.,
2016), multiple lines of geochemical and genomic evidence
are consistent with biological O2 production originating
well before 2.4 Ga (e.g., Lyons et al., 2014), and arguably
as early as �3.0 Ga (Planavsky et al., 2014). Hence, it is
highly unlikely that the GOE is a direct and simple conse-
quence of biological evolution.

Second, the carbon isotope record in sedimentary rocks
can be used to place constraints on the extent of burial of
organic carbon through time (Schidlowski, 1988), and,
hence, on whether there could have been a change in net
biogeochemical production of O2. A recent statistical
re-examination of this record revealed that the fraction of
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carbon leaving the surface environment as organic carbon
(‘‘forg”) did, indeed, increase steadily through the Precam-
brian (Krissansen-Totton et al., 2015). However, the extent
of this increase does not appear to be sufficient to account
for the O2 accumulation represented by the GOE
(Krissansen-Totton et al., 2015).

Attention, therefore, turns to the extent of O2 consumed
by geological sinks. Reactions with volcanic gases, such as
CO, H2S and H2, are major sinks for atmospheric O2. The
reducing capacity of volcanic gases is controlled by their
fO2, which is, in turn, largely buffered by the fO2 of the
degassing lava during cooling (Gerlach, 1993; Kasting
et al., 1993), making igneous and, therefore, mantle fO2

an important factor in atmospheric evolution.
Although the relationship between mantle fO2 and vol-

canic gas fO2 is complicated by many factors, such as degas-
sing pressures (e.g., Gaillard et al., 2011), it has been shown
that an increase of �0.50 log units in the oxidation state of
the mantle sources of volcanoes between the Archean and
Proterozoic could have reduced the volcanic gas O2 sink
to explain the GOE (Holland, 2002). This hypothesized shift
is well within the range indicated by our data. Therefore, the
data presented here suggest that the oxidation state of the
atmosphere is most likely coupled to that of the deep Earth,
with important implications for the GOE.

The idea that the GOE was triggered by homogenization
of the mantle with an oxidized lower mantle component has
been previously advocated (Nicklas and Puchtel, 2016;
Aulbach and Stagno, 2016; Andrault et al., 2018), and this
scenario is consistent with our data. We do not necessarily
argue that the progressive mantle oxidation over time was
the sole trigger of the GOE, as other important factors that
affected geological O2 sinks may have played a role, includ-
ing the growth of felsic continents (Lee et al., 2016), the rise
of subaerial volcanism (Kump and Barley, 2007), or large
flood basalt events (Ciborowski and Kerr, 2016).

6. CONCLUSIONS

Oxygen fugacity has been studied in nine komatiite and
picrite systems ranging in age from 3.55 Ga to the present
day using V partitioning between liquidus olivine and host
lavas. These systems were considered together with the six
komatiite systems previously studied by Nicklas et al.
(2016; 2018). The systems dated from 3.48 Ga to 1.87 Ga
define a secular trend of increasing oxygen fugacity of the
mantle from �0.11 ± 0.30 to +1.22 ± 0.31 DFMQ log
units, a change of 1.33 ± 0.43 DFMQ log units over
1.61 Ga of Earth’s history. Several mechanisms for oxida-
tion of the mantle are considered, including recycling ocea-
nic crust, venting O from the outer core, and mixing in of
primordial mantle redox heterogeneities.

Our modeling indicates that subducted redox fluxes �4
times that of the present-day Earth are required to achieve
the change in oxidation state observed in our data. Alterna-
tively, having only <25% of the mantle participating in mix-
ing with subducted slabs achieves the same effect. Both of
these scenarios seem unlikely given the anoxic oceanic con-
ditions in the Archean and the likely lack of modern-style
plate tectonics during the same period.
Inner core crystallization is theoretically capable of
delivering orders of magnitude more oxygen than that
required to oxidize the mantle to the degree established in
this study, provided that the outer core became supersatu-
rated with respect to O and vented O into the lower mantle
without causing collateral entrainment of any other geo-
chemically detectable outer core material. The viability of
this mechanism is contingent upon the early onset of inner
core crystallization and the low solubility of O in the outer
core, both of which are presently poorly constrained.

The iron disproportionation model of primordial mantle
oxidation (Frost et al., 2008) requires that the lower mantle
(bridgmanite stability field) became more oxidized than the
upper mantle immediately following core formation. The
observation that the source region of 3.55 Ga Schapenburg
komatiites was in the bridgmanite stability field early in
Earth history and was isolated from the convecting mantle
until the time of komatiite formation, and the fact that the
system shows relatively high fO2 indicate that lower mantle-
derived primordial redox heterogeneities persisted well into
the Archean. Mixing in of ‘‘Schapenburg-type” mantle with
the accessible convecting mantle is a possible mantle oxida-
tion mechanism. Additional data on the oxidation state of
the early lower mantle and mantle mixing rates during the
Archean are needed to better constrain this model, but we
consider it the most plausible of the three mechanisms dis-
cussed here.

Due to difficulties with comparing the results of different
oxybarometers, additional work using the V-partitioning
oxybarometer is needed for well documented mantle-
derived rocks of all ages in order to further constrain the
redox evolution of the mantle. Most notably, only four
MORB samples have been studied using this method and
future work should focus on increasing the amount of avail-
able MORB data.

The temporal trend in mantle fO2 documented in this
study most likely points to the involvement of deep mantle
oxidation in the surficial oxidation seen during the GOE.
Although more modeling is necessary to clarify the relation-
ship between the change in the oxidation state of the mantle
and the GOE, it is evident that the mantle played an impor-
tant role in this fundamental change in Earth’s surficial
environment.
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